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Abstract

Deep atmospheric convection over the western equatorial Pacific occurs at the junction
of the rising limbs of the meridional Hadley cells and the Pacific Walker circulation,
making it one of the most atmospherically dynamic regions on Earth. Here, interactions
between the Australasian monsoon and atmospheric convection result in highly variable
regional precipitation patterns across different latitudes. The dynamics of the
Australasian monsoon over the past ~40,000 years are relatively well understood at its
northern limit (the East Asian Summer Monsoon), but less well known for its southern
limit (the Indo-Australian Summer Monsoon). In the equatorial region however, even
less is known about the past behaviour and dynamics of this major system.

Here we present a new, continuous, absolutely dated speleothem record from
southwest Sulawesi, Indonesia that spans the past 40,000 years. Isotopic ratios of
oxygen (3'°0) and carbon (8'°C) in the speleothem calcite were analysed at ~50-yr
resolution to reconstruct rainfall amount and vegetation productivity. The records show
that the strength of regional deep atmospheric convection is primarily controlled by sea
level via the exposure and inundation of the Sunda Shelf. This sea-level control results
in a relatively dry last glacial period that was terminated by the onset of deglaciation
and the inundation of the Sunda Shelf, which abruptly increased the intensity of deep
atmospheric convection.

The Sulawesi speleothem §'*0 record does not capture millennial-scale
variability in response to North Atlantic Heinrich events, in contrast to nearby
speleothem records from Borneo and Flores. To explore this observation, the climatic
impact of Heinrich events in the western equatorial Pacific region was simulated using
idealised North Atlantic freshwater hosing experiments performed with the HadCM3
and CSIRO MK3L general circulation models. Precessional forcing is shown to
influence the manifestation of Heinrich events, particularly across the Southern
Hemisphere via the varying response of the Intertropical Convergence Zone.
Additionally, high atmospheric carbon dioxide levels increase the duration of the
Heinrich climate anomaly, compared to pre-industrial levels.

Sulawesi speleothem §"°C is interpreted as a record of changing vegetation
productivity. Comparison of the speleothem carbon isotopes with ice core atmospheric

methane concentrations reveals a significant relationship during the glacial and early-
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deglacial intervals. It is hypothesised that changing vegetation productivity as recorded
by Sulawesi speleothems is indicative of broader tropical methane emissions, which are
thought dominate the glacial methane budget. This idea is explored using the Sheffield
Dynamic Global Vegetation Model to simulate global climate and methane emissions
over the past 40,000 years. The data-model comparisons confirm that temporal changes
in the Sulawesi 8"°C record are in good agreement with modelled methane emissions
over much of the tropics, lending weight to the likelihood that the tropics dominated
total methane emissions during the glacial period when boreal sites were perennially
frozen.

Together this work demonstrates the importance of the western equatorial
Pacific in influencing regional climate and global climate signals. It is vital therefore, to
continue to explore the past dynamics of this region as a potential driver of global

climate changes.
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INTRODUCTION

Background

Deep atmospheric convection over the western equatorial Pacific has been referred to as
the global “heat engine” (e.g., Webster 1994; Renno and Ingersoll 1996; Webster et al.
1998). Convection over the warm waters of the Indo-Pacific Warm Pool (IPWP; >28°C)
(Yan et al. 1992) forms the ascending branches of both a meridional Hadley cell, and
the Pacific Walker circulations (Webster et al. 1998). The associated Intertropical
Convergence Zone (ITCZ), identified by the convergence of surface trade winds, and
the accompanying maximum in precipitation, follows the seasonal migration of the
summer insolation maximum, bringing with it the monsoons of Australasia (Webster et
al. 1998; Schneider et al. 2014). Strong land-sea temperature gradients between east
Asia and Australia drive strong seasonal swings in the position of the ITCZ and the
Australasian monsoon (Wu et al. 2012), which, on average, moves between 20°N (in
boreal summer) and 8°S (in austral summer) (Schneider et al. 2014), making the
western equatorial Pacific the most atmospherically dynamic region on Earth.

The Australasian monsoon is of vital importance to the billions of people living
across the region who rely on monsoon rainfall for their livelihoods. While our
understanding of the East Asian Summer Monsoon (EASM; the northern component of
the Australasian monsoon) is relatively well developed, improving our knowledge of
the nature and sensitivity of the Indo-Australian Summer Monsoon (IASM; the southern
counterpart) is still an area of active investigation. Knowledge of the history of the
Australasian monsoon may help to inform our understanding of possible future changes

in rainfall across the region in the face of anthropogenic climate change. In this study,
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we use geochemical records in speleothems from Sulawesi, Indonesia (the core of the
Australasian monsoon system) and palaeoclimate modelling to explore the past

hydroclimate dynamics of this critically important climate system.

The Australasian monsoon domain

On glacial-interglacial timescales, the Australasian monsoon is known to respond to
both orbital and millennial-scale forcing, via changes in the mean position of the ITCZ,
and the strength of deep atmospheric convection (e.g., Wang et al. 2001; Muller et al.
2008; Cheng et al. 2009; Griffiths et al. 2009; Meckler et al. 2012; Ayliffe et al. 2013;
Carolin et al. 2013; Denniston et al. 2013b; Russell et al. 2014). Tropical monsoon
systems display a prominent ~23-kyr (thousand years) cyclicity, driven by the
precession of the earth’s axial tilt. The precession cycle, one of the three so-called
“Milankovitch cycles”, refers to the cyclical change in the season of perihelion (the time
when the distance between the earth and sun is smallest), which influences the
difference in the amplitudes of the seasonal cycles of insolation in the northern versus
southern hemispheres (Berger 1978; Berger 1988). The relative strength of local
summer insolation between the northern and southern mid-latitudes drives an anti-
phased monsoon response to precession forcing at the northern and southern ends of the
monsoon system (e.g., Wang et al. 2006). The precession cycle dominates the low-
frequency variability of the tropical monsoons, in contrast to the ~100-kyr cyclicity
(driven by eccentricity — changes in the shape of the earth’s orbit) which drives glacial-
interglacial cycles as observed in the northern high latitudes (Hays et al. 1976; Chiang
2009; Abe-Ouchi et al. 2013).

In addition to the precession-scale monsoon variability, abrupt climate events
lasting millennia, including Heinrich events, punctuate palacoclimate variability.
Heinrich events are caused by “armadas” of icebergs released from the land-based ice
sheets surrounding the North Atlantic, which melt and introduce buoyant freshwater
into the bottom-water formation region of the North Atlantic Ocean, temporarily
disrupting the Atlantic Meridional Overturning Circulation (AMOC; Heinrich 1988;
Bond et al. 1992; Broecker et al. 1992; Broecker 1994; Hemming 2004). Six Heinrich

events, as well as the Younger Dryas (also known as HO), occurred over the past ~60
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Figure 0.1: NGRIP ice core 5'®0 for the last 100 kyr, showing the occurrence of D-O
and Heinrich events. D-O events 1-22 are numbered in red. Heinrich events H1-H6

are indicated by blue shading. The Younger Dryas (also referred to as HO) is shown in

green.

kyr and have been identified from ice-rafted debris found in sediment cores across the
North Atlantic (Figure 0.1) (Heinrich 1988; Bond et al. 1992). Heinrich events influence
global heat transport and hydroclimate, particularly within the Atlantic basin (e.g.,
Broecker 1991; Broecker 1998; Kanner et al. 2012), but have far-reaching influences
via atmospheric and oceanic teleconnections (e.g., Wang et al. 2001; Shakun et al.
2007; Wu et al. 2008; Griffiths et al. 2009; Ayliffe et al. 2013; Denniston et al. 2013b).
The dynamics of the EASM are relatively well understood, with many studies of
speleothems (e.g., Wang et al. 2001; Dykoski et al. 2005; Cheng et al. 2006; Johnson et
al. 2006; Kelly et al. 2006; Zhou et al. 2008; Duan et al. 2014), loess profiles (e.g., Yu
et al. 2010; Lu et al. 2013) and marine sediment cores (e.g., Kienast et al. 2003; Jiang et
al. 2013) providing a coherent and long record of EASM variability (Figure 0.2).
Speleothem records, in particular, document the behaviour of the EASM from modern
times (e.g., Hou et al. 2003; Wang et al. 2005; Zhang et al. 2008; Kuo et al. 2011; Li et
al. 2011; Wan et al. 2011b), through the last four glacial terminations (e.g., Wang et al.
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2001; Yuan et al. 2004; Cheng et al. 2006; Kelly et al. 2006; Wang et al. 2008; Cheng et
al. 2009), building up an understanding of the EASM as a dynamic (e.g., Cosford et al.
2009; Wan et al. 2011a; Shi et al. 2012) and complex system (e.g., Cai et al. 2010;
Clemens et al. 2010) (Figure 0.2 and Figure 0.3).

In contrast, our understanding of the IASM is relatively sparse, with relatively
few palaeoclimate studies spanning the last glacial cycle in the large IASM domain
(Figure 0.2). Speleothem (Griffiths et al. 2009; Lewis et al. 2011; Ayliffe et al. 2013;
Denniston et al. 2013b; Denniston et al. 2013c; Griffiths et al. 2013), marine sediment
(e.g., Spooner et al. 2005; van der Kaars et al. 2006; Mohtadi et al. 2011; Muller et al.
2012; Shiau et al. 2012; Kuhnt et al. 2015) and terrestrial proxy records (e.g., Wyrwoll
and Miller 2001; Muller et al. 2008) record changes in IASM strength and position,
documenting a general anti-phase relationship with the EASM on orbital and millennial
time scales.

In the centre of the Australasian monsoon, speleothem, marine sediment and

terrestrial proxies document a system that does not clearly follow either EASM or

Figure 0.2: Locations of speleothem &'®0 records of the Australasian monsoon, as
archived at NOAA'’s National Climatic Data Centre. Records for the EASM region

outnumber those for the IASM and the core of the Australasian monsoon domain.



Introduction | §

Greenland | —35
-40 o
-10fChina 10
= —45
o _g
>
Z g
© o
>
5 £
a -Flores o
o ]
> Yo
O
o -5 W r -8
-6 g
\Mw a
4 >
Northern Australia 1-2 6
-45 99»0
e\i Antarctica
o -50
10
-55 : : :
0 10 20 30 40

Age (kyr BP)

Figure 0.3: Key speleothem &'%0 records for the Australasian monsoon region (Wang
et al. 2001; Dykoski et al. 2005; Partin et al. 2007; Griffiths et al. 2009; Lewis et al.
2011; Ayliffe et al. 2013; Carolin et al. 2013; Denniston et al. 2013a; Denniston et al.
2013b) plotted with ice core 5'®0 records for Greenland (NGRIP 2004) and Antarctica
(EPICA 2006).

IASM variability, and reveal the different climate responses across the Australasian
monsoon domain. Speleothem §'*O records from Malaysian Borneo have provided a
continuous and highly resolved hydroclimate history spanning the last 100 kyr (Partin et
al. 2007; Carolin et al. 2013) (Figure 0.3). These records show a high degree of
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sensitivity to Heinrich events, with reduced rainfall at these times, in phase with
speleothem 8'°0 records from China (e.g., Wang et al. 2001; Wang et al. 2008).
Meckler et al. (2012) extended the record for Borneo from 570 to 210 kyr BP,
demonstrating the dominant role of insolation forcing during interglacials and
sensitivity to high latitude climate change. Marine sediment and terrestrial proxy
records from the western equatorial Pacific record coherent large-scale glacial-
interglacial changes, but a more independent climate on millennial scales that does not
clearly follow EASM or IASM variability (e.g., De Deckker et al. 2002; Tierney et al.
2012; Russell et al. 2014; Costa et al. 2015; Wicaksono et al. 2015).

Key research questions

The climatology of the western equatorial Pacific and the Australasian monsoon
remains a key area of interest because of the interaction of large-scale atmospheric
circulation systems over this region, and its potential influence on global climate. This
region has also been identified as an important location for the development of early
human culture (e.g., Aubert et al. 2014), highlighting the need to understand past
environmental changes across Australasia. We identify three key research questions
critical for understanding the role of the western equatorial Pacific in global climate
change over the last glacial period:
1. What are the key drivers of western equatorial Pacific hydroclimate, and
how do they interact?
Despite the large number of palaco-studies examining Australasian monsoon
hydroclimate, the role and interaction of the drivers of hydroclimate within this
region — including deep atmospheric convection and the ITCZ — remains
unresolved. Answering this question requires exploration of the sensitivity of
western equatorial Pacific hydroclimate to local (e.g., sea level, temperature)
and remote (e.g., orbital forcing, high-latitude ice sheets, Heinrich events,
AMOC dynamics) climate forcings, as well as the ways in which these
competing factors interact.
We use 8'°0 records from speleothems in Sulawesi, Indonesia as a proxy
for monsoon rainfall amount to explore the competing drivers of Australasian

hydroclimate. This line of enquiry builds upon previous studies in the region to
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better understand the spatial and temporal hydroclimate changes that occurred
across Australasia over the past 40,000 years, and the ways in which the
different components of the monsoon system responded to the range of climate
drivers.

How did Heinrich events affect western equatorial Pacific hydroclimate?
Heinrich events are recorded in proxy records from the Australasian monsoon
domain, however their strength and duration are not always consistent among
events. While Heinrich events have been extensively explored within
palaeoclimate models, the influence of changing boundary conditions on their
global teleconnections and manifestation across the Australasian monsoon
domain have not been extensively investigated.

Here we specifically focus on the potential influence of climate forcings
from the North Atlantic, via rapid changes in the AMOC during Heinrich events,
using the CSIRO MKk3L general circulation model. This study allows us to
explore the strength and nature of teleconnections from the North Atlantic into
the western equatorial Pacific under changing boundary conditions, building on
previous studies that have explored the climatic impacts of Heinrich events in
speleothem 8'°0 records from this region.

What role does the tropics play in driving global climate change?
Here we will explore the role of tropical vegetation in driving the atmospheric
methane budget of the last glacial period using two key lines of enquiry:
a. How did Sulawesi vegetation respond to glacial-interglacial climate
change?

Exploration of the role of the tropics in driving the global atmospheric

methane concentration first requires the establishment of a proxy capable

of recording changes in tropical vegetation. While speleothem &'°C has
previously been interpreted as a record of vegetation productivity, it
remains a contentious proxy due to the wide-range of factors influencing
the 8'°C of speleothems.

We employ records of Sulawesi speleothem §'°C as a proxy for
tropical vegetation productivity, particularly during the last glacial
period. The use of available published data, as well as trace element

ratios within the speleothems themselves (Mg/Ca and Sr/Ca), allows us
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to develop a robust and well-supported interpretation for speleothem
8"C. The establishment of a speleothem-based palaco-vegetation proxy
allows us to better constrain the timing of vegetation changes for
comparison with well-resolved ice core records of atmospheric methane
concentration.

b. Did the tropics play a role in driving the glacial atmospheric
methane budget?
To date, studies of glacial atmospheric methane have relied on ice core
records and palaeoclimate modelling, which do not allow for definitive
attribution of the sources of atmospheric methane. Understanding the
sources of glacial methane allows us to better understand the possible
role of the tropics in driving global climate changes.

Here we combine vegetation proxy and palacoclimate modelling
methods to validate and upscale the results for Sulawesi to the wider
tropics, and explore the role of the tropics in driving the glacial methane
budget. The development of a tropical proxy for atmospheric methane
concentrations facilitates a more definitive discussion of the role of

different contributions to the global methane budget.

Proxy-model comparison studies

While palaeoclimate records provide vital reconstructions of palacoenvironmental
change, they are only able to provide information for locations where proxies have been
identified and studied, and are thus limited by their spatial distribution. Palaeoclimate
model simulations produce spatially complete palacoenvironmental information that
allows for exploration of spatial patterns and dynamics. However, climate models are
only as good as the information used to constrain their output, and cannot be used to
examine small-scale locations, because of limitations in model resolution (e.g., Butler
2003). Proxy-model comparison studies are therefore becoming more common,
whereby proxy records are interpreted within the global framework of a palaeoclimate
model, enabling the attribution of specific climate processes to the variability within
proxy records, and conversely, ensuring the model simulations represent a good

approximation of real palaeoclimates (e.g., Meissner 2007; Muller et al. 2008; Pausata
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et al. 2011; Tierney et al. 2011; DiNezio and Tierney 2013; Phipps et al. 2013; Liu et al.
2014).

Palaeoclimate models produce gridded information for a large number of
atmospheric (e.g., temperature, wind velocity, cloud height and cover, sea level pressure
and precipitation) and oceanic (e.g., sea surface temperature, salinity, density, ocean
currents and sea ice) climate variables, and when additional model components are
added, can also provide information on biological (e.g., vegetation dynamics, oceanic
productivity and soil processes) and chemical processes (e.g., nutrient cycling, methane
emissions and the carbon cycle). To date, palacoclimate models have been used to
complement studies based on ice cores (e.g., Jouzel et al. 2003; Meissner 2007), marine
sediment cores (e.g., Rohling et al. 2004; Oppo et al. 2007; Carlson 2009; LeGrande
and Schmidt 2011; Tierney et al. 2012), terrestrial sediments (e.g., Muller et al. 2008;
Uchikawa et al. 2010; Tierney et al. 2011; Sun et al. 2012), corals (e.g., An et al. 2004;
Tindall et al. 2009; LeGrande and Schmidt 2011), speleothems (e.g., Lewis et al. 2010;
Pausata et al. 2011; Tierney et al. 2012; Caley et al. 2014) as well as multiple proxies
(e.g., Otto-Bliesner et al. 2003; LeGrande and Schmidt 2009; DiNezio and Tierney
2013; He et al. 2013; Phipps et al. 2013).

Modern climate of Sulawesi

Sulawesi is located in the western equatorial Pacific, within the warm waters of the
IPWP. It straddles the equator, between ~2°N and ~6°S, extending ~850 km from top to
bottom. The climate of Sulawesi varies by latitude, from a strongly equatorial climate
with no clear rainfall seasonality in the north, to the monsoonal climate of the south.
The topography and peninsulas of Sulawesi result in markedly different mean annual
rainfall patterns across the island. Makassar, on the western flank of the south-western
peninsula, is strongly dominated by the IASM, which moves over the region from
November to March (Figure 0.4). The dominant westerly flow of the IASM brings up to
~80% of Makassar’s annual rainfall during this period (Baker et al. 1994). The dry
season (during the austral winter) is amplified by the presence of a mountain range,
which runs north/south down the southwest peninsula, blocking the easterly winter
monsoon and minimising winter rainfall at Makassar (Figure 0.4). Sulawesi is located

within a region of deep atmospheric convection, driven by evaporation over the [IPWP
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Figure 0.4: Bathymetry and topography of Sulawesi, Indonesia. Relief data are from
the NOAA ETOPO1 1 arc-minute dataset (Amante and Eakins 2009). Rainfall data for
each location are shown on the same y-axis (0-700 mm) (Baker et al. 1994). The

location of Gempa Bumi cave is marked with a purple circle.

and strong convergence associated with the ITCZ. This strong atmospheric convection
forms the rising limb of the meridional Hadley Cell, and the Pacific Walker circulation.
Sulawesi’s climate is influenced by the El Nifio Southern Oscillation (ENSO), a
natural periodic fluctuation of the strength of the Pacific Walker circulation and sea
surface temperatures (e.g., Walker 1923; Walker 1924; Berlage 1966; Rasmusson and
Carpenter 1982). During an El Nifio event, rainfall at Sulawesi falls below the annual
average, with rainfall above average during La Nifia events (Dai and Wigley 2000)

(Figure 0.5).
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Figure 0.5: Influence of ENSO and the ITCZ on Australasian monsoon rainfall. (A)
Correlation between NINO3.4 sea surface temperature (Kaplan et al. 1998) and CMAP
reanalysis precipitation (Xie and Arkin 1997). (B) Relationship between total annual
rainfall (July—June) at Makassar (IRI/LDEQ) and the Southern Oscillation Index (SOI)
(Australian Bureau of Meteorology). A strong positive relationship exists between
rainfall amount and the SOI (R=0.75, p=0). The mean annual rainfall for 1950-2002 is
shown by a dashed horizontal line. (C) Mean DJF ITCZ position and rainfall for the
period 1979-2004 (Janowiak and Xie 1999). (D) As in C, but for JJA. The location of

Gempa Bumi cave, Sulawesi is marked with a purple circle.

Geology and vegetation of Sulawesi

Geological setting of Sulawesi

Sulawesi is located in the Indonesian archipelago to the east of Borneo, separated by the
Makassar Strait. Tectonically, Sulawesi lies within the region of tectonic collision
between the Indo-Australian, Philippine-Pacific and Asian plates (Wilson and Moss
1999). The island of Sulawesi is made up of four peninsulas, which are geologically

diverse and broadly represent different lithotectonic units (Watkinson 2011), thought to
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have been gradually accreted onto Sundaland during the Cretaceous and Tertiary

(Wilson and Moss 1999) (Figure 0.6).

Figure 0.6: Summary of the geology of Sulawesi showing principal structures and
geographical features. Red arrow shows the location of the Tonasa Limestone

formation, and Gempa Bumi cave. Modified after figure 1 in Watkinson (2011).
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The sediments forming the Tonasa Limestone Formation in south-western
Sulawesi were originally deposited in a shallow marine environment during the mid-
Eocene to mid-Miocene (Wilson and Bosence 1996; Wilson 2000). Gempa Bumi cave
is located within the tower karst of the Tonasa formation at 5°S, 120°E and ~40 m
above sea level, near Makassar on the southwest peninsula (Figure 0.7). Speleothem

samples used for this study were collected from Gempa Bumi cave in 2009 and 2011.

Vegetation history of Sulawesi

Sulawesi has never been connected to a large land area (e.g., the Sunda Shelf), resulting

Figure 0.7: Tower karst of the Tonasa Limestone formation, southwest Sulawesi. Photo

credit: Garry K. Smith.
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in diverse flora and fauna often endemic to the island (Resosudarmo and Subiman 2003;
Cannon et al. 2005). However, the nature and distribution of vegetation across Sulawesi
is poorly understood, with few extensive vegetation surveys available (e.g.,
BAPPENAS 1991; Cannon et al. 2005). Sulawesi is largely covered by tropical
rainforest, however the complex topography of the island, which extends to ~3500 m
above sea level, means that the specific rainforest type varies from lowland through to
montane (Cannon et al. 2005). The narrow nature of Sulawesi’s peninsulas mean that no
location is more than 100 km from the coast, and coastal mangroves and wetlands
comprise 4% of the total land area of the island (Cannon et al. 2005).

Proxy records of the vegetation history of Sulawesi and Indonesia are based
largely on pollen found in marine sediment cores (e.g., van der Kaars and Dam 1995;
Sun et al. 2000; van der Kaars et al. 2001; Visser et al. 2004) and lake sediments (e.g.,
Hope 2001; Russell et al. 2014; Wicaksono et al. 2015). During the last glacial period,
sea level was ~120 m lower than at present, exposing the large continental shelves of
Indonesia between Sumatra and Borneo (Sunda Shelf) and between Papua New Guinea
and Australia (Sahul Shelf). It has been suggested that grassland colonised the exposed
Sunda Shelf, creating a “savannah corridor” across the sandy land-bridge connecting
mainland Asia and western Indonesia (Bird et al. 2005). Changes in the vegetation
distribution during the last glacial period are not well understood, and despite evidence
for an increase of grassland and dry forest taxa (e.g., Hope 2001; Bird et al. 2005;
Russell et al. 2014), some records point to the continued survival of tropical rainforest
during this time (e.g., Sun et al. 2000; Visser et al. 2004).

In the modern day, ~60% of global methane emissions are from wetlands, of
which ~60% are from tropical sources (Aselmann and Crutzen 1989; Cao et al. 1996;
Guo et al. 2012). During the last glacial period, when much of the boreal wetlands were
perennially frozen, tropical wetlands are believed to have become the dominant source
of atmospheric methane emissions (e.g., Chappellaz et al. 1997; Dillenbach et al. 2000;
Valdes et al. 2005; Kaplan et al. 2006; Fischer et al. 2008). It is therefore of interest to
reconstruct the changes and behaviour of tropical vegetation, which acted as an
important source for atmospheric trace gasses, including methane, and may have played

a role in driving deglaciation to completion (Rhodes et al. 2015).
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Thesis structure

This thesis aims to explore the dynamics of the Australasian monsoon and the western
equatorial Pacific over the last 40 kyr. We address the three key research questions
identified above using speleothems from Sulawesi, and supplement these records with
palaeoclimate modelling. This thesis is divided into four chapters, centred on
speleothem 3'°0 and §'"°C records. Two modelling chapters accompany these research
themes to test observations and hypotheses determined from the speleothem proxy

records.

Chapter 1: Spatio-temporal evolution of Australasian
monsoon hydroclimate over the last 40,000 years

This chapter presents the Sulawesi speleothem §'°O record and discusses its climatic
implications. Here we employ a novel new technique that synthesises previously
published Australasian monsoon speleothem &'°O records to produce a regional picture
of hydroclimate over the past 40 kyr. We use this regional synthesis to deconvolve the
relative roles of meridional movements of the ITCZ and changes in the strength of deep
atmospheric convection in driving Australasian monsoon hydroclimate. Modelling
results from HadCM3 supports our proxy synthesis through the exploration of the
seasonality of simulated Heinrich events at Sulawesi. This chapter forms the basis of a

manuscript currently in preparation for Nature Geoscience.

Chapter 2: Sensitivity of modelled tropical climate to
freshwater hosing of the North Atlantic

Chapter two employs the CSIRO Mk3L general circulation palaeoclimate model to
explore the nature of Heinrich events under changing boundary conditions. Three
experiments are performed to determine:

(1) the sensitivity of the CSIRO Mk3L to North Atlantic freshwater forcing of different
magnitudes and durations;

(2) the influence of changed orbital conditions (namely precession) on the model

climate response to a simulated Heinrich event; and
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(3) the influence of increased atmospheric CO; on the model climate response to a
simulated Heinrich event.

These experiments are highly idealised, but shed light on the dynamics driving
the model climate response to freshwater hosing of the North Atlantic and provide
insights into the observed differences in the manifestation of Heinrich events as

recorded in western equatorial Pacific speleothems.

Chapter 3: A 40,000-year speleothem 813C record of
environmental change in southwest Sulawesi

This chapter explores the §'"°C record for Sulawesi, produced concurrently with the 3'°0
record. We use trace element data (Mg/Ca and Sr/Ca) alongside published speleothem
and palynological records from the region to develop a robust interpretation of Sulawesi
speleothem 8'°C as a proxy for vegetation productivity. The Sulawesi §"°C record is
then used to explore the nature and dynamics of tropical vegetation over the past 40 kyr.
We demonstrate a close association between Sulawesi speleothem &'°C and ice core
methane records and propose that tropical vegetation, as recorded in Sulawesi

speleothems, is an important driver of the glacial atmospheric methane budget.

Chapter 4: Speleothem 813C, vegetation modelling and the
glacial methane budget

Chapter four explores the role of the tropics in the atmospheric methane budget using a
coupled general circulation climate model. Here we use the Sheffield Dynamic Global
Vegetation Model, coupled to HadCM3 to simulate the changing sources of methane
emissions to the atmosphere over the last 40 kyr. We test the hypothesis that Sulawesi
speleothem 8'°C records changes in vegetation productivity, and demonstrate that the
speleothem 8'°C record closely follows modelled Sulawesi, Indonesian and tropical
methane emissions. The use of a global model allows us to put the Sulawesi record into
a broader context and explore the role of the tropics as a whole in driving the

atmospheric methane budget since 40 kyr BP.
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All data have been produced and analysed by the author, except where due reference is

made.
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CHAPTER ONE

Spatio-temporal evolution of
Australasian monsoon
hydroclimate over the last
40,000 yea rs

1.1. Introduction

Deep atmospheric convection over the western equatorial Pacific is critical for the
redistribution of energy and moisture within Earth’s climate system (e.g., Webster
1994). This convection is driven by evaporation of the warm waters of the Indo-Pacific
Warm Pool (>28°C), and is vital for the global heat transport from the equator to the
poles (Schneider et al. 2014). Western equatorial Pacific convection drives zonal and
meridional climate modes, including the dynamic Australasian monsoon system (e.g.,
Chiang 2009). Latitudinal movements of the region of maximum convective rainfall
over the western equatorial Pacific form part of the global Intertropical Convergence
Zone (ITCZ), which acts as Earth’s meteorological equator. The seasonal migration of
the ITCZ, and associated seasonal reversals of the Australasian monsoon (incorporating

the East Asian summer monsoon (EASM) and Indo-Australian summer monsoon

" This chapter forms the basis of a manuscript currently submitted to Nature Communications.
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(IASM)) determine the distribution and timing of rainfall throughout the tropics and
subtropics of Australasia (Webster et al. 1998) (Figure 1.1). The combined effect of

Figure 1.1: Location map showing tropical Pacific hydroclimate. Mean January (a) and
July (b) rainfall for the period 1979-2014. Dashed yellow lines show the approximate
location of the ITCZ. Circles in a-b indicate the locations of speleothem records for
Hulu and Dongge caves, China (green) (Wang et al. 2001; Dykoski et al. 2005);
Gunung Buda, Borneo (orange) (Partin et al. 2007; Carolin et al. 2013); Liang Luar
Cave, Flores (dark blue) (Griffiths et al. 2009; Lewis et al. 2011; Ayliffe et al. 2013);
Botuvera Cave, Brazil (light blue) (Wang et al. 2007) and Gempa Bumi Cave, Sulawesi
(purple; this study). (¢) Topography of Sulawesi with the locations of Gempa Bumi
Cave (purple circle), the nearest major town (Makassar; maroon square), and monthly

mean rainfall (mm/month) recorded at Makassar (inset).
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deep atmospheric convection and the large latitudinal sweep of the ITCZ make the
Australasian monsoon domain the most atmospherically dynamic region on Earth.
Speleothem records from the northern and southern regions of the Australasian
monsoon document anti-phased rainfall responses to precessional forcing and
millennial-scale climate events, interpreted as latitudinal shifts in the mean location of
the ITCZ (Wang et al. 2001; Griffiths et al. 2009; Lewis et al. 2011; Ayliffe et al. 2013;
Denniston et al. 2013) (Figure 1.2). Records from the core of the western equatorial

Pacific, however, suggest that reduced rainfall coeval with Heinrich events may indicate
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Figure 1.2: Key published speleothem 5'0 records for the western equatorial Pacific
covering the last 40 kyr. Hulu and Dongge caves, China (green; Wang et al. 2001;
Dykoski et al. 2005), Gunung Buda, Borneo (orange; Partin et al. 2007; Carolin et al.
2013), Liang Luar Cave, Flores (blue; Griffiths et al. 2009; Lewis et al. 2011; Ayliffe et
al. 2013), and Ball Gown Cave, northern Australia (pink; Denniston et al. 2013).
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reduced convective activity over the western equatorial Pacific (Partin et al. 2007;
Carolin et al. 2013; Russell et al. 2014). Changes in the strength of deep atmospheric
convection have implications for total rainfall received, whereas shifts in the ITCZ
influence rainfall distribution; therefore, it is of critical importance to document the
interaction of these processes in the past to fully understand the role of the Australasian
monsoon in global climate.

The lack of continuous, highly resolved climate records from the IASM domain
prevents the development of a regional picture of the behaviour of this monsoon system.
Our understanding of the relationship between North Atlantic climate events and the
western equatorial Pacific, as well as the relative behaviour of the EASM and IASM,
will be explored in more detail using a well-dated climate record from Sulawesi,
Indonesia. The location of Gempa Bumi Cave at 5°S, 119°E in Sulawesi allows us to
study changes in IASM strength, ITCZ location and Indo-Pacific Warm Pool (IPWP)
dynamics. It is well placed geographically between published speleothem records from
Borneo and Flores (Figure 1.2) to further develop our understanding of the migration of

the monsoon and its response to North Atlantic climate forcings.

1.2. Oxygen isotopes in speleothems

Speleothems have been used as palaeoclimate proxies since the 1960s, when they were
recognised as a valuable source of palaeoclimate information (Broecker et al. 1960;
Hendy and Wilson 1968; Duplessy et al. 1970; Hendy 1971). The popularity of
speleothems as a palacoclimate archive has increased greatly now they can be precisely
dated using refined multi-collector inductively coupled mass spectrometer (MC-ICP-
MS) *°Th measurement techniques, which produce well-constrained and high quality
records (Hellstrom 2003; Cheng et al. 2013a). Recently, oxygen isotope ratios (‘*0/'°0)
in speleothems from the tropics have been used to reconstruct past changes in monsoon
rainfall and circulation (e.g., Partin et al. 2007; Griffiths et al. 2009; Lewis et al. 2011;
Kanner et al. 2012; Ayliffe et al. 2013; Carolin et al. 2013; Cheng et al. 2013b;
Denniston et al. 2013). However, the interpretation of speleothem 3'°O variability is not
universal, and must be interpreted within the understanding of local and regional

hydrology and climatology (e.g., Lachniet 2009; Fairchild and Baker 2012).
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1.2.1. Environmental controls on the 6180 of rainfall

Under equilibrium growth conditions, speleothem &'*0 is dependent on two factors: the
8'%0 of the drip water and the carbonate-water temperature-dependent fractionation of
8'%0 controlled by cave temperature (e.g., Hendy 1971; Lachniet 2009). Kim and
O’Neil (1997) experimentally determined the temperature dependent fractionation
relationship of synthetic calcite:

100010, calcite-water) = 18.03(10°T™") — 32.42
At ~29°C, the mean annual temperature near sea level at Sulawesi, this fractionation
factor would result in a 8'*O/temperature relationship between calcite and water of
-0.23%0/°C. Therefore, in the Indo-Pacific Warm Pool, where reconstructed sea surface
temperatures for the Last Glacial Maximum (LGM) are 3—4°C cooler than at present
(Lea et al. 2000; Stott et al. 2002), the effect of the LGM-Holocene change in
temperature alone would result in a ~ -0.7 to -0.9%o shift in the 'O of speleothem
calcite. However, the slope of the positive correlation between tropical rainfall 3'°0 and
mean annual temperature (e.g., Dansgaard 1964; Rozanski et al. 1993), is such that it
largely counteracts the influence of changing temperature on the 5'*O of tropical
speleothems.

The §'%0 of rainfall is therefore the primary determinant of speleothem &'°0 in
the tropics. In addition to the temperature effect, the 'O of rainfall can be influenced
by factors including continentality, rainfall amount, vapour source and ice volume,
which result from the progressive rain-out of moisture from an air mass (Dansgaard
1964; Rozanski et al. 1993). Continentality refers to the decrease in the §'°0 of
precipitation with distance from the ocean (Dansgaard 1964). This is caused by the
Rayleigh distillation of an inland moving parcel of air, which progressively rains out the
heavy isotope '°O, resulting in increasingly depleted precipitation (Figure 1.3). The
effect of continentality can be countered somewhat by the contribution of '*O-enriched
inland moisture sources such as lakes, rivers and soil moisture (Koster et al. 1993). The
continentality of a site is not stationary through time, with changes in sea level resulting
in an increase in the continentality of sites as continental shelves are exposed at low sea
levels.

The amount effect refers to the negative correlation between §'*0 and

precipitation amount (Dansgaard 1964; Rozanski et al. 1993). The amount effect occurs
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Figure 1.3: Rayleigh distillation of an air mass. The 3'®0 of precipitation becomes more

negative following the progressive rain-out of the heavier '®0 isotope (SAHRA 2005)

as a result of the preferential rainout of isotopically heavier water molecules from a
precipitating cloud, leaving the remaining moisture relatively depleted in '*O
(Dansgaard 1964; Vuille et al. 2003). This process is most prevalent where deep
atmospheric convection is common, as strong convective events lead to higher total
precipitation, and a more pronounced amount effect (Vuille et al. 2003). The amount
effect is best observed at intraseasonal or longer timescales (Risi et al. 2008), and is the
dominant control on speleothem 8'°0 values in the low latitudes (Cobb et al. 2007;
Moerman et al. 2013).

The source effect refers to the observation that air masses derived from different
geographical regions have a different 'O signature (Rozanski et al. 1993; Cole et al.
1999). These differences arise from the source moisture itself, as well as the transport
distance to rainout (Cole et al. 1999), as well as differing 8'°0 of seawater at different
locations (LeGrande and Schmidt 2006). Source moisture in the tropics is most likely
derived locally compared to source moisture in the high latitudes (Cole et al. 1999).

Over glacial-interglacial scales, changes in the volume of ice stored on land alter
the 8'°0 of seawater (Schrag et al. 1996; Waelbroeck et al. 2002; Bintanja et al. 2005).
Evaporation preferentially removes oxygen '°O from the ocean, leaving it relatively

enriched in '*O (Dansgaard 1964). At the Last Glacial Maximum, when sea level was
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~130 m lower than at present, the build-up of isotopically light ice on high-latitude
landmasses resulted in a ~ 1%o '*O-enrichment of the global ocean (Schrag et al. 1996).
This, in turn, affects the §'°0 of water evaporated from the surface ocean, and the 5"*0
of the resulting precipitation. Since the “ice volume effect” influences the average 5'°O
of the world’s ocean, this underlying bias in rainfall §'*0 can be corrected for, allowing
qualitative comparisons of rainfall amount between glacial and interglacial periods. The
ice volume effect can be accounted for reasonably well using established relationships
between eustatic sea level and the §'°O of seawater over the last glacial-interglacial
period (e.g., Waelbroeck et al. 2002; Bintanja et al. 2005), as has been done recently in
published speleothem studies (Ayliffe et al. 2013; Carolin et al. 2013).

1.3. Materials and methods

1.3.1. Stalagmite collection and 23°Th dating

Stalagmite GB09-3 was collected in 2009 from Gempa Bumi cave in southwest
Sulawesi (5°S, 120°E, 140 m above sea level; Figure 1.1). GB09-3 has a length of ~700
mm and an average diameter of ~50 mm (Figure 1.4). Stalagmite GB11-9 was collected
in 2011 from Gempa Bumi Cave to demonstrate replication of the isotope record across
its interval of overlap with the older glacial section of GB09-03. Stalagmite GB11-9 has
a length of ~615 mm and an average diameter of ~80 mm (Figure 1.5). Both samples
were not actively growing at the time of collection.

A key advantage of speleothems as palaeoclimate recorders is their ability to be
precisely dated using uranium-thorium techniques, allowing long, continuous and high
resolution speleothem records to be underpinned by well constrained chronologies
(Edwards et al. 1987; Fairchild and Baker 2012). The high solubility of uranium in
ground waters and the comparatively low solubility of thorium results in very large
uranium/thorium ratios in newly deposited speleothems (Hellstrom 2003). Over time,
#*U decays into its daughter isotope **Th, with the ratio of measured °Th/***U in
speleothem calcite indicating the age of deposition of the speleothem (Edwards et al.
1987).

A total of 36 samples were analysed for uranium and thorium isotopes to

develop the chronology for GB09-3 (Appendix Table A1). Six samples were analysed at
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Figure 1.4: Photographs of stalagmite GB09-3 with age model. (A) Back-lit (left) and
reflected light (right) photograph of stalagmite. The sampling track used for stable
isotope analysis is visible down the centre of the stalagmite. Red dots show the
locations of ?*°Th dates, expressed as kyr BP (where present is defined as AD1950).
Two dates shown in grey were not used in the final age model. Details of the *°Th age
data are given in Appendix Table A1. (B) Age-depth plot for GB09-3. All ages are in
stratigraphic sequence, within error. The mean growth rate for GB09-3 is 0.9 mm per

50 years, with no determinable hiatuses.
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Figure 1.5: Photographs of stalagmite GB11-9 with age model. (A) Back-lit (left) and
reflected light (right) photograph of stalagmite. Sampling track used for stable isotope
analysis is visible down the centre of the stalagmite. Red dots show the locations of
20Th dates, expressed as kyr BP (where present is defined as AD1950). Details of the
U-series analysis are given in Appendix Table A1. (B) Age-depth plot for GB11-9. All
ages are in stratigraphic sequence, within error. The mean growth rate for GB11-9 over
the period 40-26 kyr BP is 0.7 mm per 50 years, with no determinable hiatuses. Data

from the lower section of GB11-9 are not included in this study.

the University of Minnesota (by Hai Cheng and R. Lawrence Edwards), with the
remaining 30 samples analysed at the University of Melbourne (by John Hellstrom).
Eight 2*°Th dates for GB11-9 were analysed at the University of Melbourne (by John
Hellstrom). Dates were taken adjacent to the stable isotope sampling track, with an
average sample size of 65 mg. Samples were analysed using multi-collector coupled
plasma mass spectrometry (MC-ICP-MS), following the methods of Hellstrom et al.
(2003).

While speleothems can be considered a closed system for the purpose of
uranium-thorium dating, detrital thorium brought into the system during speleothem
deposition (and not the result of radioactive decay within the speleothem), needs to be
accounted for to ensure that calculated ages do not incorrectly overestimate the age of

the sample (Hellstrom 2006). The ratio of *°Th/***Th acts as an indicator of the degree
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**U decay chain, and therefore

of detrital contamination, as >>°Th is not a product of the
must have been deposited within the speleothem during deposition.

All samples were corrected for detrital thorium using an initial [>*°Th/**Th]
ratio of 3.040.75. This value was determined using a Monte Carlo analysis on
stratigraphic constraints on measured ages, (Hellstrom 2006) and represents the most
likely initial thorium value for Sulawesi, based on the available ages of GB09-3. This
value resulted in an average age correction of GB09-3 of 3% for ages older than 10 kyr
BP, and 9% for all ages (note that the correction has the largest effect on younger dates,
where the ratio of *°Th/***Th is smaller). Dating samples of GB11-9 were much
cleaner, with the detrital correction only resulting in an average age correction of 0.1%.

Age models were created using the Monte Carlo technique of Hellstrom (2006),

29T dates (corrected for detrital thorium) within their errors to ensure that

230

which aligns
they are in stratigraphic order. Two “"Th ages were excluded from the age model of
GB09-3: GB09-3-2 and GB09-3-uD6. Both of these samples had very large relative
errors due to high detrital thorium (130% and 11% respectively. N.B. GB09-3-2 was the
stalagmite top date) and were inconsistent with surrounding dates. When these two ages
were excluded, the remaining age model had all dates in stratigraphic sequence, with no
determinable hiatuses (Figure 1.4). The mean growth rate for GB09-3 over the period
40-0 kyr BP was 0.9 mm per 50 years.

>%Th ages, all in stratigraphic order,

The age model for GB11-9 comprises eight
within error. All eight dates were used in the final age model, which was produced
using the same Monte Carlo method as for GB09-3. The mean growth rate for GB11-9

over the period 40-23 kyr BP was 0.7 mm per 50 years (Figure 1.5).

1.3.2. Stable isotope analysis and error reporting

GB09-3 was continuously sampled for stable isotope analysis at an average interval of
0.9 mm (~50 year resolution) along the central growth axis. Sampling was performed
using a Sheridan GCM micromill and a 1 mm diameter mill bit. Stable isotope analysis
was conducted on 755 samples (Appendix Table A1), with an average sample size of
200 pg. Measurements of 8'°0 and 8"°C were made at The Australian National
University using a Finnigan MAT-251 mass spectrometer coupled to an automated Kiel

carbonate device. GB11-9 was slabbed about the central growth axis and micromilled
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along the central axis using a 1-mm diameter drill bit at an interval of 0.7 mm, equating
at an average sampling interval of ~50 years. Analysis of §'*0 and 8'°C was conducted
on a total of 323 samples (Appendix Table Al).

For the isotope analysis, one NBS-19 standard was analysed for every 5-8
samples to ensure consistency among runs. Results are reported relative to Vienna
Peedee Belemnite (VPDB) following adjustment using the in-run measurements of
NBS-19 (8'0 = -2.20%o) and less frequent measurements of NBS-18 (8'°0 = -23.0%o).
The analytical error for measurements of NBS-19 was calculated by finding the
standard deviation of NBS-19 across all runs. Using this method, the analytical error for
NBS-19 §'%0 was 0.05%o (n = 187, 1o) for GB09-3, and 0.04%. (n = 83, 1o) for
GBI11-9.

The reproducibility of §'°O for the stalagmite samples themselves was
determined by running duplicate and triplicate measurements. Samples with a run
standard deviation greater than 0.05%o (in 8'°0) were re-run, in order to minimise error
related to analysis methods. Additionally, 5'°O values that deviated largely from
adjacent values in the time series were duplicated to ensure that abrupt peaks and
troughs in the data set reflect real changes in speleothem §'°O. Triplicates were run
where duplicate measurements differed by more than 0.1%o. in 5'*0. The mean standard
error for duplicate/triplicate analyses of 5'°O was 0.05%o (n=126) for GB09-3 and
0.03%0 (n=46) for GB11-9 (Figure 1.6).

Quantification of the sample errors for GB09-3 allows a comparison of the
signal:error ratio. This relationship is important, as it clarifies whether observed
variability is due to errors associated with the 5'°0O measurements, or real 5'°O signal.
Analysis of the standard error of the mean §'*O values for individual samples suggests
that small-scale variability within the 8'%0 record is detectable (F igure 1.6A). The same
technique was applied to GB11-9, which also shows good reproducibility of §'*0
(Figure 1.6B).

Signal replication of overlapping growth intervals in the two stalagmites
provides a valuable test for calcite deposition in isotopic equilibrium because it is
unlikely that different stalagmites could record similarly fractionated signals (Dorale
and Liu 2009). Agreement between the 5'°O records from GB09-3 and GB11-9 is good,
both in terms of their mean §'°0 values and the amplitudes of shorter-term oscillations

(Figure 1.7). The average 8'°0 values over the period of overlap (40-26 kyr BP) are -
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5.88%o for GB09-3 and -5.57%o for GB11-9. Furthermore, the degree of §'°0 variability
in GB09-3 (0.20%o, 15) is mirrored in GB11-9 (0.20%o, 15). This supports our

interpretation that Sulawesi speleothem 5'*0 is deposited in isotopic equilibrium.
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Figure 1.6: Analytical uncertainties for measurements of 520 in (a) GB09-3 and (b)
GB11-9. Error bars equal to one standard error are shown for samples where duplicate
or triplicate measurements were run. The analytical uncertainties for 5’0 are much
smaller than the size of the signal being interpreted, both for long-term changes and

short-term millennial features.
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Figure 1.7: Gempa Bumi Cave &'®0 record for the period 40 kyr BP to present (GB09-

3; purple) shown with the replicate record from the same cave (GB11-9; red).

1.4. Results and discussion

1.4.1. Interpretation of Sulawesi speleothem 8180

We interpret changes in Sulawesi speleothem §'°O as a proxy for relative changes in
rainfall amount. In the modern tropical climatological setting of the western equatorial
Pacific, the 3'°0 of precipitation decreases as precipitation amount increases (Cobb et
al. 2007; Moerman et al. 2013). This “amount effect” (Dansgaard 1964) forms the basis
for past monsoon rainfall reconstructions from speleothem &'*O records across the
region (Partin et al. 2007; Griffiths et al. 2009; Lewis et al. 2011; Ayliffe et al. 2013;
Carolin et al. 2013). Temperature effects on the fractionation of oxygen isotopes in
tropical precipitation are small (Dansgaard 1964) and approximately negated by the
opposing temperature-dependent fractionation of oxygen isotopes in cave calcite

(Hendy and Wilson 1968).
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1.4.2. Ice volume correction

Over glacial-interglacial time scales, changes in the volume of ice stored on land alter
the 8'°0 of seawater and resulting precipitation (Schrag et al. 1996; Waelbroeck et al.
2002; Bintanja et al. 2005). This means that an ice volume correction is necessary to
examine relative changes in monsoon strength between the LGM and Holocene, along
the lines of recent speleothem 8'*0 studies (Ayliffe et al. 2013; Carolin et al. 2013). An
ice volume correction was applied to all of the speleothem 5'*O records used in this
study to account for the effects of changes in the 5'°O of seawater (Figure 1.8 and

Figure 1.9).
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Figure 1.8: Ice volume corrected Gempa Bumi Cave 8'20 record for the period 40 kyr
BP to present (GB09-3; purple) shown with the replicate record from the same cave
(GB11-9; red). Uncorrected time series are shown in the lighter colours. Corrected data
are shown with a 5-point moving average (approximately 250 years) for each record.
The positions and one standard error uncertainties of >°Th dates for both stalagmites

are shown below the 5'®0 profiles.
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To perform the ice volume correction, the speleothem §'°O time series were
binned at 100-yr average resolution to ensure that the corrections were applied in the
same way to all datasets. We use the record of Bintanja et al. (2005) for global seawater
8'%0 change (relative to the present day). This global seawater 8'*O record is routinely
used to correct for the effects of ice volume changes on ice core temperature
reconstructions (Jouzel et al. 2003; Stenni et al. 2010). We use a simple subtraction of
the global ocean 8'°0 change to correct the speleothem records for ice volume effects
(Ayliffe et al. 2013; Carolin et al. 2013), because of the expected retention of ocean
8'%0 changes in tropical rainfall (Jouzel et al. 2003).

1.4.3. Australasian monsoon speleothem synthesis

In this study, we use speleothem records from China (Dongge and Hulu caves) (Wang
et al. 2001; Dykoski et al. 2005), Borneo (Partin et al. 2007; Carolin et al. 2013),
Sulawesi (this study) and Flores (Griffiths et al. 2009; Lewis et al. 2011; Ayliffe et al.
2013) to examine the spatial and temporal evolution of changes in monsoon rainfall
across the Australasian monsoon domain (Figure 1.9). The narrow monsoon belt of
northern Australia is likely to be very sensitive to exposure of the adjacent continental
shelf during glacial times, affecting the monsoon signal recorded in this region. With
this in mind, and in lieu of a continuous 40-kyr speleothem record for northern
Australia, we use a speleothem record for South America as a southern anchor point for
the monsoon system. This is consistent with other studies that have made north-south
monsoon comparisons using records from China and South America (Wang 2009;

Cheng et al. 2012).

1.4.4. Palaeomonsoon map

To qualitatively visualise broad-scale changes in Australasian monsoon hydroclimate
over the last 40 kyr, we combine filtered speleothem 8'*0 records across a latitudinal
transect (Figure 1.1 and Figure 1.9) to construct a palacomonsoon map (Figure 1.10).
To isolate the precession-forced component of §'*0 variability across the Australasian

speleothem transect, a 25-kyr low-pass Butterworth filter was applied to each record to
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Figure 1.9: Speleothem 820 records. (a) Hulu and Dongge caves, China (Wang et al.
2001; Dykoski et al. 2005) and July insolation at 32°N; (b) Gunung Buda National Park,
Borneo (Partin et al. 2007; Carolin et al. 2013); (¢) Sulawesi (this study); (d) Liang Luar
Cave, Flores (Griffiths et al. 2009; Lewis et al. 2011; Ayliffe et al. 2013); (e) Botuvera
Cave, Brazil (Wang et al. 2007) and January insolation at 27°S. All 5'®0 records have
been corrected for ice-volume effects, with uncorrected data shown in grey. Thin
coloured lines show the 25-kyr low-pass filtered records used in Fig. 3a. The ?*°Th
dates (with £2 s.e. of mean) for Sulawesi are shown in purple (d). Grey shading
highlights prominent weak monsoon intervals in China (Cheng et al. 2009) related to
Heinrich Stadial 1 and the Younger Dryas. Yellow shading denotes the strong

atmospheric convection interval in the western equatorial Pacific.
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Figure 1.10: Orbital-scale palaeomonsoon changes over the last 40 kyr. (a) Qualitative
palaeomonsoon spatio-temporal reconstruction with summer insolation curves for 32°N
(top) and 27°S (bottom). Dashed lines indicate the latitude and timespan of speleothem
5'80 records used to construct the map (colours as for Figure 1.9). Black box highlights
post-glacial increase in deep atmospheric convection over the western equatorial
Pacific. (b) 8'20 record for Sulawesi shown with January insolation at 27°S (grey). SST
for the Indo-Pacific Warm Pool (Stott et al. 2002) and fraction of Sunda Shelf exposed
above sea level (bounded by 95°E-120°E and 10°S-10°N) (Carolin et al. 2013). Grey

and yellow shading as in Figure 1.9.

remove high-frequency variability (Figure 1.9). Oxygen isotope anomalies for each
filtered record were calculated by subtracting the mean isotope value for the 23—0 kyr

BP interval. This timeframe includes one complete precession cycle, ensuring that the
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normalisation includes both maximum and minimum local insolation values. It also
represents the period of common data coverage for the records; ensuring anomalies are
comparable among different records. The oxygen-isotope anomaly time-series were
then plotted according to latitude and linearly interpolated to fill between the spatio-
temporal transects of speleothem data (Figure 1.10).

There are a number of speleothem §'*0 records for South America (Wang et al.
2004; Cruz et al. 2005; Wang et al. 2006; Wang et al. 2007; Cruz et al. 2009; Kanner et
al. 2012) that could be used as the southern anchor for our study. Insolation-driven
signals dominate the palacomonsoon map, therefore we excluded records where
insolation does not appear to have a strong influence on the record (Kanner et al. 2012).
We also exclude discontinuous records (Wang et al. 2004; Wang et al. 2006) and
records that do not span the entire period from 40 kyr BP to the present (Cruz et al.
2009). Based on these criteria, two records from Botuverd Cave in Brazil meet our data
requirements (Cruz et al. 2005; Wang et al. 2007). Both records broadly agree on low-
frequency features, but we selected the record of Wang et al. (2007) for the analysis
because it has stronger chronological control over the last 40 kyr compared to the record

of Cruz et al. (2005).

1.4.4.1. Palaeomonsoon map interpretation

This new spatio-temporal perspective reveals a striking disconnect between rainfall
changes in the subtropical and equatorial regions of the Australasian monsoon domain.
Anti-phased rainfall anomalies that follow precessional changes in mid-latitude summer
insolation dominate the broad-scale patterns of northern and southern monsoon rainfall
in the subtropics over the last 40 kyr (Figure 1.10). In contrast, a dry background
climate state dominates the core of the Australasian monsoon region prior to ~12 kyr
BP.

Sulawesi, at 5°S, appears to lie near the centre of sustained, dry anomalies, with
the low 8'*0 values (high rainfall) of the Holocene never achieved over the dry late
glacial interval (~12—40 kyr BP) in this record. Pervasive dry conditions at this time are
a feature of other rainfall indicators from Sulawesi (Tierney et al. 2012; Russell et al.
2014) (Figure 1.11) and the wider western equatorial Pacific region (DiNezio and
Tierney 2013; Dubois et al. 2014), and demonstrate that deep atmospheric convection

over the western equatorial Pacific was suppressed during the late glacial interval.
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Figure 1.11
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Figure 1.11: Comparison of rainfall proxy records from Sulawesi. (a) Sulawesi
speleothem 50 (purple), sediment core leaf wax 3D from the Makassar Strait
(Tierney et al. 2012)(green), leaf wax &'°C from Lake Towuti, Sulawesi (Russell et al.
2014) (pink). (b) Topographic map of Sulawesi (Amante and Eakins 2009) with modern
mean monthly rainfall from station data (Baker et al. 1994) (all plotted with the same y-
scale of 0—-700 mm/month). Yellow dots show the locations of rainfall stations, and
purple, green and pink dots show the location of records from (a). The topography of
Sulawesi makes seasonal rainfall variability at some sites highly localised. It is likely
that these regional differences in rainfall seasonality can account for the apparent

rainfall anti-phasing between different locations across Sulawesi.

The palacomonsoon reconstruction provides a temporal context for previous
spatial examinations (DiNezio and Tierney 2013) of western equatorial Pacific
hydroclimate at the Last Glacial Maximum (LGM). We find that the suppressed
atmospheric convection over the western equatorial Pacific during the late glacial period
ended abruptly with a step-wise increase in western equatorial Pacific rainfall into the
Holocene. The rapid decrease in speleothem 8'°0 began at ~12 kyr BP in Sulawesi, and
is recorded to a lesser extent in speleothems from Borneo and Flores (Figure 1.9 and
Figure 1.10). Importantly, the main strengthening of deep convection over the western
equatorial Pacific occurred too late to be triggered entirely by rising sea surface
temperatures (Stott et al. 2002), which would have increased atmospheric moisture
fluxes over the region (Figure 1.10b). Instead, the two largest 'O decreases in the
Sulawesi record coincide with rapid flooding of the Sahul (~12—11 kyr BP) and Sunda
(~8.5 kyr BP) shelves (Figure 1.12). Flooding event 1 occurs from 12—11 kyr BP during
the flooding of the Sahul Shelf across the Gulf of Carpentaria (De Deckker et al. 2002;
Reeves et al. 2008). Flooding event 2 occurs at around 8.5 kyr BP during the flooding
of the Sunda Shelf. The timing of the flooding of the Sunda Shelf has been previously
placed at approximately 9.5 kyr BP (Linsley et al. 2010; Griffiths et al. 2013). However,
examination of these records reveals that the transition spans ~1 kyr, suggesting that the
8.5 kyr BP signal in the Sulawesi speleothem record is the same event (Figure 1.12).
These rapid changes in speleothem 5'°O likely represent a combination of the
reorganisation of local water masses, changes in source moisture pathways (Linsley et

al. 2010) and intensification of the Walker circulation caused by enhanced convection
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Figure 1.12: Bathymetry of the IPWP and timing of continental shelf flooding events. (a)
Bathymetry of the IPWP, with the -125 m contour in red, highlighting the sea level low
stand during the LGM. (b) As for (a), but with the -60 m contour highlighting the
approximate depth of the Sahul Shelf flooding. (c) As for (a) but with the -15 m contour
highlighting the approximate depth of the Sunda Shelf flooding. Speleothem locations
marked by coloured circles (colours as for Figure 1.9). (d) Sulawesi flood events,

plotted against regional eustatic sea level (Reeves et al. 2013).

over newly formed seas in the western equatorial Pacific region (Griffiths et al. 2009;
Tierney et al. 2012; DiNezio and Tierney 2013).

Consistent with our observations of suppressed atmospheric convection over the
western equatorial Pacific during the late glacial period, an earlier spatial assessment of
Indo-Pacific hydroclimate at the LGM found that its structure was best captured by
simulations of the HadCM3 model, where exposure of the Sunda Shelf displaced the
ascending branch of the Pacific Walker circulation to the east of Papua New Guinea

(DiNezio and Tierney 2013). The new Sulawesi record and palaecomonsoon map
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support the hypothesis that pervasive late-glacial dry conditions in the western
equatorial Pacific were only terminated when deep atmospheric convection
strengthened in response to rising sea levels and the inundation of shallow continental
shelves in the region, well after the onset of deglaciation (DiNezio and Tierney 2013;
Griffiths et al. 2013).

A second prominent feature of the palacomonsoon reconstruction is the interplay
between orbital and millennial-scale climate forcing during deglaciation. The most
southerly excursion of the ITCZ over the last 40 kyr occurred between ~18 and 15 kyr
BP (Figure 1.10). This period corresponds with Heinrich Stadial 1 (H1), which led to a
weak monsoon interval in China (Cheng et al. 2009), enhanced monsoon rainfall in
Flores (Ayliffe et al. 2013) (Figure 1.9) and an extreme wet phase across northern
Australia (Muller et al. 2008; Denniston et al. 2013). H1 occurred ~4 kyr after a
Southern Hemisphere summer insolation maximum and during a time of near maximum
Northern Hemisphere ice sheet extent. Together, these conditions cooled the Northern
Hemisphere relative to the Southern Hemisphere and displaced the Australasian
monsoon to an extreme southerly position. A southward shift of latitudinal climate belts
during H1 has been proposed as a key mechanism in the sequence of events leading to
the release of carbon dioxide from the Southern Ocean during the onset of deglaciation
(Anderson et al. 2009; Denton et al. 2010). The anomalous position of the Australasian
monsoon during HI documented here supports the hypothesis that a southward shift in
the mean location of the ITCZ was critical for propagating Northern Hemisphere

climate changes into the Southern Hemisphere during deglaciation.

1.4.5. Millennial-scale variability

To examine high-frequency variability across the Australasian monsoon domain, we
subtracted the 25-kyr low-pass filtered records from the ice volume corrected
speleothem 8'°O records (Figure 1.13). To compare variability between speleothem and
ice core records, we subtracted the 25-kyr low-pass filtered records from published ice
core 8'°0 records to produce a millennial-scale variability record for NGRIP. We
examine glacial-interglacial changes in millennial-scale 8'*O variability by determining
the standard deviation of each filtered record in the 11-0 kyr BP interval and for the
interval prior to 11 kyr BP (Figure 1.13).
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Strong latitudinal gradients are evident in the magnitude of millennial-scale

hydroclimate variability across the Australasian monsoon domain (Figure 1.13), with
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Figure 1.13: Millennial-scale palaeomonsoon variability over the last 40 kyr. (a) NGRIP
ice core (NGRIP 2004), (b) China, (c) Borneo, (d) Sulawesi, (e) Flores and (f) Brazil
5'%0 anomalies after removing 25-kyr low-pass filter. Dotted lines and shading
represent the £10 range in variability for the glacial (40-11 kyr BP; apart from (e) 24—
11 kyr; green) and interglacial (11 kyr BP—present; yellow). Grey shading as in Figure
1.9. Note that the 3'%0 scales are the same, except for NGRIP.
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the largest changes in 3'°O occurring at the northern and southern peripheries of the
monsoon system. Here, latitudinal shifts in the mean location of the ITCZ in response to
North Atlantic Heinrich and Dansgaard-Oeschger (D-O) climate events (NGRIP 2004)
influence the amount of rainfall received. Consequently, markedly increased millennial-
scale variability is observed in China (and Brazil) during the late glacial period when
North Atlantic climate was highly variable compared to the more stable Holocene epoch
(Wang et al. 2001; Dykoski et al. 2005; Wang et al. 2007) (Figure 1.13). Across
Australasia, the amplitude of millennial-scale 5'*O excursions decreases toward the
equator. Speleothems from Borneo (Partin et al. 2007; Carolin et al. 2013) and Flores
(Griftiths et al. 2009; Lewis et al. 2011; Ayliffe et al. 2013) show an anti-phased rainfall
response to Heinrich events, but weaker D-O events are not reliably observed. Neither
Heinrich nor D-O events are evident in Sulawesi, and the millennial-scale §'*0
variability was similarly suppressed during the late glacial interval and the Holocene
(Figure 1.13). Together, these latitudinal gradients show that while North Atlantic
Heinrich and D-O events caused marked shifts in the ITCZ and an associated rainfall
seesaw at the peripheries of the Australasian monsoon, the strength of atmospheric
convection and rainfall over the central western equatorial Pacific was less responsive
to millennial-scale climate shifts.

Sulawesi at 5°S appears to lie at a fulcrum between hemispherically opposed
rainfall anomalies experienced at the northern and southern limits of the Australasian
monsoon. The millennial-scale climate stability in the core of the Australasian monsoon
could be the outcome of the dry late glacial climate of the western equatorial Pacific,
which may have reduced the capacity of millennial events to cause a measureable
rainfall response (Figure 1.10 and Figure 1.13). The stability of western equatorial
Pacific convection to millennial-scale forcing may also be a consequence of the broad
latitudinal sweep of the ITCZ over the western equatorial Pacific region, with shifts in
the position of the ITCZ influencing rainfall at its margins without affecting convective
rainfall over the core western equatorial Pacific region. Alternatively, southward
displacements of the ITCZ during millennial climate events may have caused Sulawesi
to transition to a climate regime influenced by the Northern Hemisphere side of the
Australasian monsoon. If so, any accompanying change in precipitation seasonality may
not be recorded by the Sulawesi speleothems because the nearby mountainous barrier

restricts rainfall reaching the cave site during boreal summer (Figure 1.11b).
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1.4.6. Heinrich events in HadCM3

We explored the muted sensitivity of western equatorial Pacific rainfall to millennial-
scale events by simulating the seasonal pattern of rainfall anomalies for the three most
recent Heinrich events using the HadCM3 general circulation model (Singarayer and
Valdes 2010; Singarayer et al. 2011). Heinrich events one (H1; 17 kyr BP), two (H2; 24
kyr BP) and three (H3; 32 kyr BP) were simulated using idealised hosing experiments
in HadCM3. These were initialised from pre-industrial conditions, and forced with time
appropriate orbital, greenhouse gas and ice sheet (including sea level) conditions. A
model/proxy study of the LGM demonstrated the skill of HadCM3 in modelling
conditions across the IPWP during the LGM compared to other models participating in
the Paleoclimate Modelling Intercomparison Project, supporting the use of this model to
examine past climate conditions over the IPWP (DiNezio and Tierney 2013). The
ensemble control simulation (mean of 17, 24 and 32 kyr BP control runs; i.e. without
hosing applied) shows a 6°C global average cooling, with the largest cooling over the
North American Laurentide Ice Sheet (Figure 1.14). There is a small reduction in the
global rate of precipitation, centred over the IPWP because of a weakening of the
Australasian monsoon, in agreement with proxy records (DiNezio and Tierney 2013)
and the palacomonsoon map (Figure 1.10 and Figure 1.15).

The equilibrium time slice runs for 17, 24 and 32 kyr BP were hosed to simulate
a Heinrich event. The experimental design follows the PMIP protocol established in
Stouffer et al. (2006), with one Sverdrup (1 Sv = 1x10°m’s™) of freshwater
continuously added to the surface of the North Atlantic between 50°N and 70°N latitude
for 200 model years. Recently, the validity of hosing experiments in simulating
Heinrich events have been called into question (Barker et al. 2015); however, intrinsic
model stability requires the application of a forcing to initiate the shutdown of the
AMOC, and hosing experiments remain a valid method for simulating the modelled
climate response to Heinrich events within the current suite of climate models. HadCM3
has been found to be a relatively stable model, only displaying small anomalies in
response to the more realistic freshwater forcing of 0.1 Sv, also used within PMIP
(Stouffer et al. 2006; Kageyama et al. 2013). For this reason, we use the 1 Sv
experiment for our analysis, as this forcing scenario best replicates the conditions

recorded in proxy records during a Heinrich event; however, we recognise that this
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Figure 1.14: Modelled mean temperature. (a) 0 kyr BP (pre-industrial control) mean
annual surface air temperature. (b) 17, 24 and 32 kyr BP ensemble control mean
annual surface air temperature. (c) Hosing minus control ensemble mean annual
surface air temperature anomalies. Anomalies are calculated using the ensemble

mean hosing and control values.
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Figure 1.15



Spatio-temporal evolution of Australasian monsoon hydroclimate | 58

Figure 1.15: Modelled precipitation and ITCZ location. Control mean annual
precipitation for (a) 17 kyr BP, (c) 24 kyr BP and (e) 32 kyr BP. Mean January and July
ITCZ positions are shown with red dashed lines. Hosing minus control mean annual
precipitation for (b) 17 kyr BP, (d) 24 kyr BP and (f) 32 kyr BP. Red dashed lines show
the control ITCZ locations (as in left column). Black dashed lines show mean January

and July ITCZ location in the hosing simulations.

experiment is idealised and not reflective of realistic Heinrich forcing (Fairbanks 1989;
Deschamps et al. 2012). One Sv of freshwater added to the North Atlantic causes a large
perturbation of the model AMOC (Singarayer and Valdes 2010) and a southward shift
of the model ITCZ, in line with proxy data. The model was allowed to equilibrate, and
the results presented represent a climatology for the last 30 years of each simulation.
Full details of the experimental set up can be found in Singarayer et al. (2010).

Hosing of the North Atlantic Ocean results in a marked cool anomaly over the
North Atlantic, because of the dramatic reduction of the strength of the AMOC (Figure
1.14c¢). Subsequently, the South Atlantic warms because of the establishment of a
bipolar seesaw, and the ITCZ over the Atlantic shifts south. Anomalies in the North
Atlantic are propagated into the eastern Pacific Ocean by anomalous easterly winds,
moving across the Isthmus of Panama (Figure 1.16c). A temperature dipole is
established in the eastern Pacific, with cool temperature anomalies north of the equator,
and warm anomalies south of the equator, causing a southward shift of the ITCZ in this
region (Figure 1.14 and Figure 1.15). The north Pacific trade winds weakened, with
anomalous westerly winds over the western Pacific, and a net drying over the IPWP.

Hosing results from HadCM3 compare well with those from CCSM3, with the
spatial patterns of temperature and precipitation anomalies very similar between models
(Mohtadi et al. 2014). CCSM3 shows a clear southward shift of the ITCZ over the
Indian Ocean, resulting from a weakening of the southern Indian Ocean Hadley
circulation. This result is mirrored in HadCM3, demonstrated by northerly wind
anomalies across the equatorial Indian Ocean (Figure 1.15 and Figure 1.16). The
comparable results for Heinrich events across the Indian Ocean achieved by the
HadCM3 and CCSM3 simulations gives confidence to the skill of the HadCM3 model

in simulating a reproducible response to a simulated Heinrich event.
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Figure 1.16: Modelled mean annual MSLP and surface wind. (a) O kyr BP (pre-
industrial control) mean annual MSLP and surface wind. (b) 17, 24 and 32 kyr BP
ensemble control mean annual MSLP and surface wind. (¢) Hosing minus control
ensemble mean annual MSLP and surface wind anomalies. Anomalies are calculated

using the ensemble mean hosing and control values.

The seasonality of precipitation across a latitudinal transect of the western
equatorial Pacific was examined through the production of spatio-temporal precipitation
anomaly maps. A longitudinally averaged, latitudinal transect of the western equatorial
Pacific (35°N to 20°S,112—-120°E) was calculated for each month to produce a spatial

map of the seasonally evolving precipitation distribution across the western equatorial



Spatio-temporal evolution of Australasian monsoon hydroclimate | 60

a — Control Precipitation 17 kyr BP b — Hosing Precipitation 17 kyr BP

30°N 30°N

15

20°N 20°N B
o
10°N ° =
10 1O°N E
0 0° E
10°S 5 10°S 8
20°S 20°S o
30°S 0 30°s 0
JFMAMJJASOND JFMAMJJASOND
¢ — Control Precipitation 24 kyr BP d — Hosing Precipitation 24 kyr BP
30°N 30°N 15
20°N 20°N =
10°N 10°N s
10 £
0° 0° ~
o
10°S 10°S 8
20°S 20°S o
30°S 30°S
JFMAMJJASOND 0 JFMAMJJASOND 0
e — Control Precipitation 32 kyr BP f — Hosing Precipitation 32 kyr BP
° (G] °N N
30°N 15 30 15
20°N 20°N — =
©
10°N 10°N N RS
10 10 €
0° 0° E
-= o
10°S 5 10°S S
20°S 20°S @

30°S 0 30°S
JFMAMJJASOND JFMAMJJASOND

g — Control Mean JJA MSLP and Surface Wind  h — Hosing Mean JJA Anomalies
—— 1025 = I

S
—

1020
20°N . .
o ©
10°N 1015 9(:\_'/ I a
0° 1010 o RN o
2} NN [}
10°S [ aaas Ny 1005 = 0=

20°S [—— 1000

995

30°S°

100°E  120°E 140°E 160°E

Figure 1.17



Spatio-temporal evolution of Australasian monsoon hydroclimate | 61

Figure 1.17: Modelled rainfall seasonality transect over the IPWP. (a—f) Rainfall
seasonality averaged longitudinally over a latitudinal transect (116-120°E; shown in
panels g and h). Mean rainfall for each month was calculated for the transect and
plotted to produce a spatio-temporal map of rainfall seasonality across the IPWP. The
latitude of Sulawesi is given by a dashed line. The total rainfall anomaly (hosing-
control) averaged across the latitudinal transect plotted by month is shown in the far
right column. (g) Mean June, July and August MSLP and surface winds averaged for
the 17, 24 and 32 kyr BP control runs. (h) Mean June, July and August MSLP and

surface wind anomalies (hosing-control) averaged for the 17, 24 and 32 kyr BP runs.

Pacific (Figure 1.17). When forced with freshwater hosing of the North Atlantic, rainfall
seasonality at Sulawesi is enhanced for all three simulated Heinrich events (Figure 1.17
and Figure 1.18). The larger seasonal range at Sulawesi is the result of a decline in
rainfall during ~June—September (the local dry season), with no accompanying change
in austral summer monsoon rainfall. This asymmetry of the seasonal pattern is caused
by a simulated narrowing of the width of the ITCZ over the western equatorial Pacific
during boreal summer, a result of southerly winds pushing northwards over the western
equatorial Pacific toward an anomalous low-pressure cell in the North Pacific (Figure
1.16 and Figure 1.17). Sulawesi, at 5°S receives greatly reduced JJA rainfall, beyond
that associated with the local dry season. The dominance of austral summer rainfall at
this site, however, results in only a small net change in annual precipitation, and no
discernible Heinrich events. The simulated decline in ~June—September rainfall in the
HadCM3 experiments suggests that, on average, the Northern Hemisphere drying
during Heinrich events might have extended south to Sulawesi, in-phase with the
rainfall response in Borneo. Future research targeting palacoclimate records from
southern locations that are sensitive to the austral winter monsoon (Figure 1.11) would
be valuable in assessing the changes in ITCZ positioning produced in model hosing

experiments.

1.5. Conclusions

Our palacomonsoon reconstruction highlights the different processes that drive spatial
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Figure 1.18: Seasonality of modelled rainfall at Sulawesi. Modelled rainfall averaged
over the four grid boxes surrounding Sulawesi (116—-120°E, 2.5-5°S) for each month,
for the three simulated Heinrich events. The hosing and control runs are given for each

simulation.

and temporal rainfall variability across the Australasian monsoon domain. In
Australasia, glacial-interglacial variations in western equatorial Pacific continental shelf
exposure influence the intensity of deep atmospheric convection over the centre of the
western equatorial Pacific (Meckler et al. 2012). In contrast, precession-dominated

modulation of rainfall is largely restricted to the northern and southern peripheries of
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the Australasian monsoon domain. On millennial scales, the latitudinal response of the
Australasian monsoon decreases toward the core of the western equatorial Pacific
region, culminating in a lack of expression in the Sulawesi record. The stability of core
western equatorial Pacific convection to millennial-scale forcing may also be matched
by a similar gradient in millennial-scale rainfall impacts in a zonal direction across the
western equatorial Pacific. For example, a marine sediment record from the equatorial
eastern Indian Ocean indicates that North Atlantic millennial-scale climate forcing
dominated over orbital-scale climate changes at this location (Mohtadi et al. 2014).
Taken together, our findings demonstrate that glacial-interglacial changes in northern
ice sheets drive the intensity of deep atmospheric convection over the western
equatorial Pacific, whereas North Atlantic millennial-scale climate change serves to
redistribute monsoon rainfall latitudinally across Australasia. While intertropical rainfall
patterns clearly respond to remote climate drivers, it appears that changes in deep
convection over the core of the western equatorial Pacific are too subtle to initiate

millennial-scale climate change.
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CHAPTER TWO

Sensitivity of modelled tropical
climate to freshwater hosing of
the North Atlantic

2.1. Introduction

Climate models have been used since the late sixties to simulate the physical processes
driving the earth’s climate system (Manabe and Bryan 1969). Hosing experiments,
where fresh water is added to the surface of the North Atlantic Ocean to represent
Heinrich-like events, are relatively simple perturbation experiments that provide
information on the sensitivity of the climate system to abrupt forcing. Hosing
experiments attempt to replicate the effects of a Heinrich event by adding freshwater to
the North Atlantic Ocean in the downwelling region of the Atlantic Meridional
Overturning Circulation (AMOC), reducing the density of surface water and slowing
down the rate of bottom-water formation.

We use the CSIRO MKk3L general circulation model (GCM) to investigate the
dynamics of the AMOC in response to freshwater forcing (i.e. hosing) of various
magnitudes and durations to determine the conditions required to severely perturb the
AMOC. We then examine the modelled response of the AMOC under two different

boundary conditions:
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1. with 10-kyr orbital forcing, which represents a time of northern summer
insolation maxima (as opposed to the PI, where the summer insolation
maximum is in the south), and

2. with atmospheric CO; increased to 400 ppmv — the current atmospheric
CO; concentration due to continued anthropogenic CO, emissions.

These two boundary condition changes are equilibrated and hosed, in order to
test the effect of orbital and CO, changes on the climate response to a simulated

Heinrich event.

2.2. Heinrich events and rates of
freshwater discharge

The last glacial period was punctuated by a series of iceberg calving events from the
large ice sheets of North America, into the North Atlantic Ocean. These events released
large volumes of freshwater into the surface waters of the North Atlantic where dense
bottom-waters form, in most cases altering the strength of the global ocean’s
thermohaline circulation. These freshwater influx events are known as “Heinrich
events” and are identified from ice rafted debris layers in sediment cores from the North
Atlantic (Heinrich 1988; Bond et al. 1992; Broecker et al. 1992). Seven such Heinrich
events (including the Younger Dryas) have been identified over the last 100 kyr (Table
2.1). These events coincide with decreases in Greenland temperature (Johnsen et al.
1992; Bond et al. 1993), weakening of the Atlantic Meridional Overturning Circulation
(AMOC) (Broecker 1994; McManus et al. 2004), southward shifts of the Intertropical
Convergence Zone (ITCZ) (Wang et al. 2001; Griffiths et al. 2009; Kanner et al. 2012;
Muller et al. 2012; Ayliffe et al. 2013; Denniston et al. 2013) and the strengthening of a
thermal “bipolar seesaw” (Broecker 1998; Barker et al. 2009; Pedro et al. 2011).

Proxy reconstructions and ice sheet models have been used to estimate the
volume and rate of freshwater discharge into the North Atlantic during large outburst
events, including Heinrich events and Meltwater Pulse 1A (MWP1A). Proxy
reconstructions of past sea levels from corals provide estimates of the rate and
magnitude of rapid sea level rises. Early estimates of deglacial sea level rise were from

corals from Barbados, and suggested rates of sea level rise up to 40 mm yr' during
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Table 2.1: Heinrich event ages and sources. Age data compiled by Hemming (2004).

Approx.
Event age Likely source Reference
(kyr BP)
.| (Broecker 20006)
~12. A
HO (YD) | ~12.9 Freshwater outburst from Lake Agassiz (Carlson et al. 2007)
. . (Bond et al. 1992)
. heet
H1 16.8 Hudson Strait / Laurentide Ice Shee (Bond et al. 1993)
) . (Bond et al. 1992)
. heet
H2 24.0 Hudson Strait / Laurentide Ice Shee (Bond et al. 1993)
H3 ~31.0 Fennoscandian Ice Sheet? (Meese et al. 1997)
H4 38 Hudson Strait / Laurentide Ice Sheet (Meese et al. 1997)
H5 45 Hudson Strait / Laurentide Ice Sheet (Meese et al. 1997)
H6 ~ 60 Fennoscandian Ice Sheet? (Meese et al. 1997)

MWPIA at ~14.6 kyr BP, equating to a freshwater influx of 0.45 Sv (1 Sv=10°m’s™)
(Fairbanks 1989). Corals from Tahiti with very strong chronological constraints
similarly suggest that rates of freshwater discharge during MWP1A could have been as
high as ~46 mm yr' (0.52 Sv) (Deschamps et al. 2012). Estimates based on the volume
of ice rafted debris deposited across the North Atlantic suggest short-lived bursts of
iceberg rafting could have released up to 1 Sv of freshwater during a single year, with a
long-term flux over 300-500 years of 0.15-0.3 Sv (Hemming 2004). Modelling by
Clarke (2003) suggests that outbursts from Lake Agassiz as large as 5-10 Sv could have
occurred during the 8.2 ka event, however, these were short lived, most likely occurring

over less than one year.

2.3. Hosing experiments

A range of “Heinrich-like” hosing experimental designs can be found within the
published literature. These experiments are commonly carried out using palacoclimate
general circulation models (Table 2.2). The different rates and volumes of freshwater
hosing used by each experiment attempt to replicate different aspects of Heinrich
events, based on what the authors are attempting to test.

The Palaeoclimate Model Intercomparison Project (PMIP) was established in

order to coordinate the systematic study of General Circulation Models (GCMs), and to
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Table 2.2: Selection of published hosing experimental designs. This list is not

exhaustive.
) Region of Boundary
Rate Duration | the North . Model References
. Conditions
Atlantic
0.1 Sv | 500 years | 50°~70°N PI Manabe 91 (Manabe and Stouffer 2000)
PI PMIP ensemble (Stouffer et al. 2006)
0.1 Sv | 100 years | 50°~70°N PI PMIP ensemble (Timmermann et al. 2007b)
PI HadCM3 (Dong and Sutton 2007)
0.5Sv | 100 years | various PI FAMOUS (Smith and Gregory 2009)
PI GFDL CM2.0 (Zhang and Delworth 2005)
0.6 Sv | 60 years | 55°-75°N PI GFDL CM2.0 (Wan et al. 2011)
and CCSM3
PI PMIP ensemble (Stouffer et al. 2006)
PI PMIP ensemble (Timmermann et al. 2007b)
PI HadCM3 (Dong and Sutton 2007; Lu et
al. 2008)
1Sv 100 years | 50°-70°N PI FAMOUS (Smith and Gregory 2009)
PI GISS ModelE-R | (Lewis et al. 2010)
17, 24, 32, HadCM3 (Singarayer and Valdes 2010)
38. 46, 60
kyr BP
8 Sv 1 year 55°-85°N PI HadCM3 (Dong and Sutton 2002)
upper 970 m
16 Sv 1 year Nth Atl LGM @21 CCSM3 (Pausata et al. 2011)
kyr)
Ocean

assess their ability to simulate large climate changes, such as those that occurred during

the Last Glacial Maximum (LGM) (Joussaume and Taylor 2000). Initially, experiments

included an LGM and 6-kyr BP boundary condition spin up only. A water hosing

experiment was added to the second phase of the project (PMIP2), with 0.1 Sv of

freshwater added to the North Atlantic Ocean between 50°—~70°N, for 100 years. After

this time, the water forcing is switched off, and the model is allowed to re-equilibrate

(Stouffer et al. 2006). The broad application of freshwater across the North Atlantic was

chosen to ensure that the bottom-water forming region was affected in each model and

to minimise numerical complexities associated with advecting this water away from the

input location. A second, more idealised hosing experiment was also proposed, where

the freshwater input was increased to 1 Sv for 100 years. While 0.1 Sv represents a

more realistic freshwater flux for simulating a Heinrich event (Fairbanks 1989;

Deschamps et al. 2012), the inherent stability of many climate models only results in

localised climate responses within the Atlantic Ocean basin in response to the

perturbation (Stouffer et al. 2006; Kageyama et al. 2013), missing the long-rage
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teleconnections identified from proxy records (e.g. Ayliffe et al. 2013; Carolin et al.
2013; Denniston et al. 2013). A 1-Sv experiment was therefore also added to ensure that
the model AMOC was severely perturbed, resulting in stronger climate anomalies that
can be compared with proxy records (Stouffer et al. 2006).

A total of 14 models participated in the PMIP2 hosing simulations (Stouffer et
al. 2006), and a number of additional models have since performed these prescribed
experiments (incl. HadCM3 (Lu and Dong 2008), FAMOUS (Smith and Gregory 2009)
and GISS ModelE-R (Lewis et al. 2010)). This not only provided an extensive study on
the dynamics of the AMOC, but also allowed the performance of the models themselves
to be evaluated against an ensemble.

While hosing experiments are relatively common, the response of these
experiments to changing boundary conditions remains poorly understood and tested.
Most hosing experiments use pre-industrial (PI) boundary conditions, which represent
climate prior to the onset of anthropogenic climate change, with CO, concentrations

held at ~280 ppmv (Table 2.3). This is the easiest and most robust model set up, as the

Table 2.3: Pre-industrial boundary conditions as defined for the PMIP2 experiments.
Notes: 1: vegetation provided. 2: Insolation as at 1950 AD. 3: Spin up as per each
model group’s usual protocol. OA refers to ocean-atmosphere models, while OAV
includes OA models with an interactive vegetation scheme. Table from the PMIP2

website https://pmip2.Isce.ipsl.fr/.
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model is initiated from observed conditions and is easily validated against observational
datasets. This provides a means of testing the behaviour of the model in simulating a
known scenario, and gives more confidence in its ability to simulate unknown
conditions. The PMIP hosing experiments suggest the use of PI boundary conditions,
making PI hosing simulations the most common within the literature (e.g. Dong and
Sutton 2002; Zhang and Delworth 2005; Stouffer et al. 2006; Smith and Gregory 2009;
Lewis et al. 2010).

The effect of boundary conditions on the modelled climate response to hosing
events has not been explored extensively, with only a small number of published studies
available that explicitly examine a systematic change in boundary conditions (Bitz et al.
2007; Hu et al. 2008; Swingedouw et al. 2009; Kageyama et al. 2013). Bitz et al. (2007)
use three different boundary conditions — PI, LGM and 4xCO2 simulations — to
examine the possible role of background climates on the response to freshwater forcing.
The authors find that the boundary conditions play an important role in determining the
rate of AMOC recovery following the shutdown induced by freshwater forcing, with the
PI simulation recovering within ~40 years, the 4xCO2 recovering within ~70 years, and
the LGM simulation not recovering during the 235-year experiment.

Other studies have examined the role of boundary conditions on the climate
effects of a simulated Heinrich event by applying freshwater hosing to different
background climate states such as the LGM (Hu et al. 2008) or specific Heinrich events
(Singarayer and Valdes 2010; Mohtadi et al. 2014). Swingedouw et al (2009), for
example, tested the sensitivity of last interglacial, LGM, 6 kyr BP, PI and 2xCO,
simulations to freshwater forcing. The collapse and recovery of the AMOC is found to
be similar between experiments, despite the use of differing boundary conditions, with
the exception of the LGM simulation, which shows a much higher sensitivity and
slower rate of AMOC recovery.

Understanding the influence of boundary conditions on the modelled climate
response to simulated Heinrich events is useful both for understanding the variability
observed in proxy records between Heinrich events, and for understanding the
sensitivity of palaeoclimate models. Heinrich events 1-6 occurred over a period of ~50
kyr, during which time changes in insolation parameters and greenhouse gas
concentrations led to a range of climate states, which inevitably affected the global

manifestation of Heinrich events. In the western equatorial Pacific, for example,
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speleothems from Borneo record the presence of H1-6 as dry precipitation anomalies,
however the magnitude and nature of these signals varies between events, from short-
lived and somewhat unclear excursions during H2—4, to larger excursions during H1
and 5, and a prominent dry anomaly during H6 (Figure 2.1) (Carolin et al. 2013).
Examining the role of boundary conditions on modelled climate also provides an
opportunity to explore the sensitivity and internal dynamics of the model used. The
magnitude and nature of any observed differences between boundary condition runs

assists in developing our understanding of the model sensitivities and physical
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Figure 2.1: Heinrich events as seen in speleothems from Borneo. Top black: July
insolation at 40°N, Orange: Borneo speleothem 5'®0 (Carolin et al. 2013), Bottom
black: January insolation at 40°S, Pink/purple: Antarctic CO, from EPICA Dome C and
(purple; Monnin et al. 2001) the Byrd ice core (pink; Ahn and Brook 2007; Ahn and
Brook 2008). Heinrich events 1-6 are shaded in yellow. Note that the Heinrich events

occur during a range of insolation and CO, conditions.
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mechanisms associated with abrupt climate shifts. This potentially allows for the study
of threshold effects if the climate is moved closer to a tipping point under a certain
background climate state. For example, a hosing simulation run under both northern and
southern insolation maxima provides information on the reproducibility of the model’s
response to freshwater forcing, as well as the model’s sensitivity to insolation

parameters.

2.4. CSIRO Mk3L v1.2

We have chosen to use the CSIRO Mk3L palaeoclimate model for our hosing
experiments, as it has the advantages of a fully coupled GCM (realistic model physics,
dynamic model components), combined with a resolution that is coarse enough to make
it computationally efficient. The time taken for a model to run is heavily dependent on
the model resolution, with a doubling of resolution adding approximately ten times the
computing time required to complete a run (UCAR 2011). The resolution of the CSIRO
MK3L is both fine enough that it contains a realistic representation of global geography
and physics, but coarse enough that one model year can be run in 40 minutes, using
only 4 CPUs. This makes the CSIRO MKk3L ideal for running multiple millennial-scale
simulations to test the influence of various forcing parameters.

The CSIRO MK3L climate model is a fully coupled atmosphere-land-sea ice-
ocean GCM, capable of modelling the dynamic response of the climate system to
imposed forcing events on millennial timescales (Phipps et al. 2011). It includes
atmospheric, land surface, sea ice and ocean model components, which are coupled
every hour, in order to simulate diurnal cycles in sea surface temperature (SST) and
salinity. This rate of coupling allows the model to better represent the tropical climate,
including processes such as the El Nifio Southern Oscillation (ENSO). Flux adjustments
are not required, as the model is stable on millennial time scales; however, they are
applied in order to maintain a more stable climatology. We use version 1.2 of this
model, which includes an enhanced spatial resolution within the ocean module (Phipps
et al. 2013). A full description of the CSIRO Mk3L GCM climate model can be found
in Phipps (2010) and Phipps et al. (2011).

Three key modules comprise the atmospheric, land and sea ice components of

the CSIRO Mk3L model: the atmospheric model, the land surface model and the sea ice
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model. Each of these components has a resolution of 5.6° lat x 3.2° lon. The
atmospheric model has 18 vertical levels, and simulates a variety of variables including
temperature, precipitation, cloud properties, wind and evaporation. The land surface
model includes 13 land surface/vegetation types and nine soil types, as well as six soil
thickness layers. A snow model calculates the temperature, density, thickness and
albedo of snow packs. Ice sheets are not dynamically represented; however, there are
land surface and soil types that represent the presence of persistent ice cover. The sea
ice model simulates dynamic sea ice, which is influenced by wind, ocean temperatures
and currents. When the ocean temperature within a given grid box falls below -1.85°C,
it is converted to sea ice.

The ocean model has a resolution of 2.8° lat x 1.6° lon x 21 vertical levels. The
higher resolution of the ocean model is possible due to the computationally efficient
nature of the ocean module, which allows for increased resolution without greatly
increasing the total time taken to run the model. Bottom topography is derived from the
ETOPO2v2 bathymetry data set (U.S. Department of Commerce et al. 2006). Fields for
SST, sea surface salinity (SSS) and the zonal and meridional components of the surface
velocity are passed to the atmospheric module every hour and are used to drive the

remaining model modules.

2.4.1. Model validation

The CSIRO MK3L climate model has been extensively validated against modern
climate observations, demonstrating the model’s ability to realistically simulate a
known climate state. Surface air temperature and precipitation are well represented
within CSIRO MKk3L, with a realistic representation of the ITCZ and the model surface
air temperature matching reanalysis data within 1°K over 56% of the Earth’s surface,
and within 2°K over 85% (Figure 2.2)(Phipps et al. 2011). The rate of North Atlantic
Deep Water (NADW) formation is slightly too weak within the model: 14.7 Sv
compared to an observed rate of 15-20 Sv. However, it is comparable to other models
with similar physics and spatial resolutions (Phipps et al. 2011).

The CSIRO MK3L has been used previously to simulate tropical Pacific
palaeoclimates, including ENSO, (Phipps and Brown 2010; Santoso et al. 2011; Santoso
et al. 2012; Borlace et al. 2013), supporting our use of this model over this region. The
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Figure 2.2: Validation of CSIRO Mk3L control climatology. Top: Annual mean
temperature (°C) for CSIRO Mk3L (left) and CSIRO Mk3L minus NCEP2 reanalysis for
1979-2003 (right). Bottom: Annual mean precipitation (mm/day) for CSIRO Mk3L (left)
and the Legates and Willmott observational climatology v2.01 (1990; right). Figures
from Phipps et al. (2011).

variability of ENSO within the CSIRO Mk3L was validated over the Holocene, and
shown to compare well to coral proxy records from the central Pacific (Phipps et al.
2013). Additionally, simulations from the CSIRO Mk3L model have contributed to the
PMIP and CMIP (Climate Model Intercomparison Project) and have been analysed as a
member of a multi-model ensemble of monsoon rainfall dynamics (Tao et al. 2010;
Jiang et al. 2013; Zheng and Braconnot 2013; Zheng et al. 2013; Li et al. 2014; Perez-
Sanz et al. 2014).

2.5. Experiment design

2.5.1. Experiment one: Hosing sensitivity test

A hosing sensitivity test was carried out with the CSIRO Mk3L model in order to
examine the influence of different hosing experimental designs on the modelled climate

sensitivity. Hosing experiments had not previously been performed with the CSIRO
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MKk3L model so sensitivity experiments were required to assess the model’s response to

forced changes in the AMOC.

2.5.2. Experiment two: Hosing under changed orbital
configuration

The influence of precession on the modelled climate response to a simulated Heinrich
event is examined. We test the model’s response to hosing under both a northern
hemisphere and southern hemisphere summer insolation maximum to see what effect, if

any, this has on the climate.

2.5.3. Experiment three: Hosing under changed
atmospheric CO, concentrations

Here we investigate the influence of 400 ppmv CO; concentrations on the climate’s
response to a simulated Heinrich event. This experiment represents an idealised
scenario, where the climate has been allowed to equilibrate to the changed CO,
concentration before applying the hosing — a scenario that is unlikely under
anthropogenic climate change due to the high rate of change in CO; forcing. The
volume of freshwater added to the North Atlantic in this experiment (a total of ~8.8
metres sea level equivalent (msle)) is greater than the total volume locked up within the
Greenland ice sheet (~6 msle). We therefore use this experiment to examine the
dynamical climate response to a perturbation of the AMOC, rather than as a realistic

indicator of possible future climate change.

2.5.4. Target areas

In order to determine the strength and nature of the modelled climate response to the
outlined experiments, we will focus our analysis on four key target areas (Figure 2.3):

1. North equatorial Atlantic
2. South equatorial Atlantic

3. NINO 3.4 region
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Figure 2.3: Mean annual precipitation (mm/day) for the pre-industrial (PI) control
experiment. Four target areas used in this study are outlined in black (left to right):
WPWP, NINO 3.4 region, north equatorial Atlantic and the south equatorial Atlantic.
Note that the region representing the WPWP is located to the northeast of the centre of
the actual warm pool, in a homogenous region outside of the influence of model

land/sea boundaries, which may skew the results.

4. Western Pacific Warm Pool (WPWP)

Examination of the climatic response of the north and south equatorial Atlantic
provides a diagnostic of the magnitude and nature of the response of the AMOC to the
model forcing. The size of anomalies in this region also determines the strength of
teleconnections into the Pacific, influencing the strength of the anomalous easterlies
across the Isthmus of Panama, providing information on the ability of the forced North
Atlantic anomaly to move into the Pacific via atmospheric pathways across the
Americas (e.g. Zhang and Delworth 2005; Dong and Sutton 2007; Timmermann et al.
2007b). Relative changes in the strength of the NINO 3.4 region and the WPWP could
also provide evidence of the nature of the teleconnection into the western Pacific. This
could suggest whether anomalies are propagated across the Pacific Ocean or via the
strength and position of the westerly jet across the Eurasian landmass into the northern

Australasian monsoon domain (e.g. Sun et al. 2012).
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Teleconnections into the tropical Pacific via the Isthmus of Panama will
generate anomalies in the NINO 3.4 region, allowing us to track the progress of climate
anomalies across the Pacific. This region is also intimately connected to the western
equatorial Pacific via the mechanisms of ENSO, providing information on the
behaviour of the tropical Pacific.

The western equatorial Pacific is the key focus of our study, as we hope to
dynamically understand the nature of Heinrich events within this region. We will be
comparing model results with proxy records from this region in order to better
understand the drivers of Heinrich events and the influence of boundary conditions on
their manifestation across the western equatorial Pacific. It is important to note that we
will be using a target area just to the northeast of the central WPWP in the CSIRO
MK3L to represent the behaviour of the warm pool itself (Figure 2.3). This is done to
avoid model artefacts caused by land/sea boundaries within the model warm pool,
which may skew the results in this region.

We will also be examining the response of large-scale climate features including
the ITCZ and the Southern Ocean westerly winds. Changes in the behaviour of these
features have important influences on the organisation and behaviour of atmospheric
circulation, which can feed back and affect the climate response to the applied
freshwater perturbations in locations outside of the Atlantic Ocean basin. These features
can influence the strength and behaviour of teleconnections from the North Atlantic,

and will be important in understanding the drivers of observed changes.

2.6. Experiment one: Hosing sensitivity
test

2.6.1. Experiment design

The sensitivity of the CSIRO Mk3L GCM to abrupt climate forcing was tested using
three hosing experiments of different magnitudes. The three sensitivity experimental
designs were:

* 0.1 Sv for 100 years (hereafter S0.1/100)

o =0.88 metres sea level equivalent (m.s.l.e.)
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o Following the PMIP2 protocol (Stouffer et al. 2006)
* 1 Svfor 100 years (hereafter S1/100)

o =88ms.le.

o Following the PMIP2 protocol (Stouffer et al. 2006)
e 2 Sv for 50 years (hereafter S2/50)

o =88ms.le.

The three experiments were designed to examine the influence of magnitude
(S1/100 and S2/50 both were hosed with the same volume of water, but over different
time periods); versus duration of hosing on the modelled climate response (S0.1/100
and S1/100 were both hosed over the same period, but with different volumes of water).

The freshwater was applied uniformly across the North Atlantic Ocean, from
50°=70°N, following the established PMIP protocol (Stouffer et al. 2006). Pre-industrial
boundary conditions were used (present-day orbital configuration, 280 ppmv CO;) and
following the period of hosing, the model was allowed to re-equilibrate. A control
experiment was run using the same preindustrial boundary conditions; however, no
perturbation was applied.

Three key parameters will be discussed in the subsequent results sections (with a
fourth parameter — surface wind stress and MSLP — discussed for the boundary
condition experiments):

1. AMOC overturning (determined by finding the maximum meridional
overturning streamfunction value in the North Atlantic (30°-50°N))

2. SST

3. Precipitation.

These parameters represent the majority of the climate model responses, with
other variables mirroring changes in these parameters. For example, changes in surface
air temperature and MSLP closely mirror changes in SST, precipitation and meridional

and zonal wind fields.
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2.6.2. AMOC overturning

In all three experiments, the rate of AMOC overturning was reduced during the period
of freshwater hosing, before recovering following the cessation of forcing and
overshooting the initial control AMOC strength, and finally returning to the strength
seen in the control run (Figure 2.4). Experiment S0.1/100 recorded the smallest
perturbation to the AMOC, because of the relatively small freshwater forcing applied.
The rate of AMOC overturning halved by year 95 of the experiment, reaching 6.4 Sv,
from an initial rate of 12.8 Sv (50% reduction). Following the cessation of hosing, the
AMOC quickly recovered, overshooting to a maximum strength of 19.3 Sv ~140 years
after the forcing stopped, before returning to the control strength approximately 100
years later (Figure 2.4).

The AMOC response in experiments S1/100 and S2/50 was similar, despite the
fact that the same volume of freshwater was applied over different periods for each
experiment. The same amount of freshwater was applied in each experiment (8.8 msle);
however, the period of application was halved in experiment S2/50, compared to
S1/100. Despite this, the behaviour and timing of recovery was similar between
experiments (Figure 2.4). In S1/100, the AMOC completely shut down by year 90, with
the AMOC in S2/50 essentially shutting down by year 46 (1.9 Sv). The recovery of both
experiments took approximately the same time, with experiment S1/100 reaching its
maximum AMOC strength ~310 years after the forcing was switched off, compared to
S2/50, at year ~330. Both experiments then returned to similar AMOC strengths at the
end of the experiment.

Experiments of equal forcing size (S1/100 and S2/50) behaved similarly when
compared to experiments forced over the same period but at different rates (S0.1/100
and S1/100), which show large differences in AMOC behaviour. Experiment S1/100
and S2/50 both show a similar rate of AMOC collapse and recovery, despite the fact
that the freshwater was applied twice as fast in S2/50. Experiment S0.1/100, which was
perturbed over the same period as S1/100, but with a smaller forcing, showed a smaller

reduction in AMOC strength, and a faster recovery (Figure 2.4).
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Figure 2.4: Atlantic meridional overturning strength in each of the three sensitivity
experiments (red), with a 10-year moving average (black). The control runs are shown
in blue, with a 10-year moving average in dark blue. The periods of freshwater hosing
are shaded in green. The vertical dashed line in each plot shows the timing of the
maximum in AMOC strength. Maximum years are given in years since the cessation of

freshwater forcing.
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2.6.3. SST response

A bipolar SST anomaly developed in the tropical Atlantic in all three hosing
experiments; however, the size of the anomaly was strongest in experiments S1/100 and
S2/50, with S0.1/100 showing anomalies only slightly greater than the natural/control
variability (Figure 2.5 and Figure 2.6). S1/100 and S2/50 both show a cooling anomaly
in the northern equatorial Atlantic and a warming anomaly in the southern equatorial

Atlantic, indicative of a reduction in northward heat transport caused by the slowdown

Figure 2.5: SST anomalies for the three sensitivity experiments. (A) Modelled SST
anomalies for the north equatorial Atlantic for the three sensitivity experiments. (B) As
in (A) but for the NINO 3.4 region of the central Pacific. (C) As in (A) but for the south
equatorial Atlantic. (D) As in (A) but for the Western Pacific Warm Pool. Dashed lines
depict 1-sigma variability within the control run for each region. See Figure 2.3 for an
explanation of the regions examined. Note that experiment S2/50 (red) was hosed for
half as long as S1/100 and S0.1/100 (see Figure 2.4).
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of the AMOC. S0.1/100 shows a much weaker bipolar SST anomaly, which peaked in
the 50 years after hosing ceased (model year 100—150; Figure 2.5).

The SST anomalies in the NINO 3.4 region of the central Pacific vary according
to magnitude of hosing, but not the rate of hosing. Experiment S0.1/100, which applied
only 0.88 m.s.L.e. of freshwater to the North Atlantic, shows no discernible SST
anomalies in the central Pacific, with values varying within the range of the control

experiment. Both S1/100 and S2/50, which applied freshwater forcing one order of
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Figure 2.6: SST and precipitation anomalies for the three sensitivity experiments. The
mean climate of the last 20 years of the hosing period is shown for each plot (years
80-100 for S1/100 and S0.1/100, and years 30-50 for S2/50).
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magnitude larger than S0.1/100 (8.8 m.s.l.e.), show a warming anomaly in the NINO
3.4 region. The spatial pattern of this warming anomaly shows characteristics similar to
the typical El Nifio pattern, with relatively cool SSTs in the western Pacific (Figure
2.6). SST anomalies in the WPWP are evident, although short-lived, for experiments
S1/100 and S2/50; however, experiment S0.1/100 does not record anomalies in this
region outside that seen in the model control run (Figure 2.5).

While all three experiments developed a bipolar seesaw in the equatorial
Atlantic in response to freshwater forcing of the North Atlantic, this anomaly was only
strongly significant in experiments S1/100 and S2/50. These two experiments also
propagated climate anomalies into the tropical Pacific Ocean, with SST anomalies seen

in both the NINO 3.4 region and the WPWP.

2.6.4. Precipitation

Precipitation anomalies mirror SST anomalies, with experiments S1/100 and S2/50
recording strong regional precipitation anomalies, and S0.1/100 recording weak, or no
precipitation anomalies, particularly outside of the Atlantic Ocean basin (Figure 2.6).
The bipolar SST anomalies within the Atlantic Ocean are mirrored in a southward shift
of the ITCZ, bringing strong wet precipitation anomalies to the south equatorial
Atlantic, and dry precipitation anomalies to the north equatorial Atlantic in S1/100 and
S2/50 (Figure 2.7). Experiment S0.1/100 shows a weak southward shift of the ITCZ,
again peaking in the 50 years after hosing ceased.

Precipitation anomalies in the NINO 3.4 region of the central Pacific, and in the
Western Pacific Warm Pool (WPWP) show clear anomalies for the large hosing
experiments, and no discernable anomalies beyond the control run variability for the
weak hosing experiment (Figure 2.7). A strong increase in precipitation occurs in the
NINO 3.4 region in experiments S1/100 and S2/50, mirroring the El Nifio-like pattern
in the ocean (Figure 2.6). Reduced precipitation is evident in the WPWP region;
however, this anomaly only weakly exceeds the model variability in this region (Figure
2.7B and D). No precipitation anomalies are evident in either the NINO 3.4 region or

the WPWP for experiment S0.1/100.
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Figure 2.7: Precipitation anomalies for the three sensitivity experiments. (A) Modelled
precipitation anomalies for the north equatorial Atlantic. (B) As in (A) but for the NINO
3.4 region of the central Pacific. (C) As in (A) but for the south equatorial Atlantic. (D)
As in (A) but for the Western Pacific Warm Pool (WPWP). Dashed lines depict 1-sigma
variability within the control run for each region. See Figure 2.3 for an explanation of
the regions examined. Note that experiment S2/50 (red) was hosed for half as long as
S1/100 and S0.1/100 (see Figure 2.4).

2.6.5. Conclusions

The hosing sensitivity tests carried out using the CSIRO Mk3L model demonstrate that
the magnitude, rather than the duration of freshwater forcing determines the
climatological response. Experiment S0.1/100, which added the smallest amount of
freshwater to the North Atlantic shows weak climatological anomalies within the
Atlantic Ocean basin and little to no signal outside of this region (Figure 2.6).

The two experiments with larger freshwater forcing — S1/100 and S2/50 both

show strong climate anomalies within the Atlantic Ocean and display teleconnections
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into the eastern Pacific and, to a lesser extent, the western Pacific. Proxy records of
Heinrich events record climatological responses to freshwater forcing as far away as the
WPWP (e.g., Partin et al. 2007; Griffiths et al. 2009; Ayliffe et al. 2013; Carolin et al.
2013), suggesting that a larger freshwater forcing is required to more accurately model
the proxy records. The S1/100 experimental design was used as part of the PMIP2 suite
of experiments, and we therefore use this freshwater forcing scenario for the remainder

of the hosing experiments.

2.7. Experiment two: Changed orbital
configuration

2.7.1. Experiment design

The response of the climate system to a freshwater perturbation under two orbital
configurations was tested. In the modern day, the ~23 kyr precession cycle is in its
southern summer maximum phase, with an insolation maximum over the southern
hemisphere during austral summer and an insolation minimum over the northern
hemisphere during boreal summer (Figure 2.1). A pre-industrial experiment was carried
out, using 280 ppmv of CO,, and modern orbital configuration (hereafter experiment
OSH - orbital southern hemisphere maxima). We tested the influence of the orbital
configuration on the climate response to a freshwater perturbation by simulating a 10
kyr BP orbital configuration, which represents a precessional phase change, with a
northern hemisphere summer insolation maximum (hereafter experiment ONH — orbital
northern hemisphere maxima). All other variables, including CO,, were held constant.
Both simulations were equilibrated prior to the application of 1 Sv of freshwater
forcing to the North Atlantic for 100 years (the same hosing design as experiment
S1/100). Two control experiments were run, using the OSH and ONH orbital boundary
conditions; however, no freshwater perturbation was applied. A model ensemble was
constructed for both ONH and OSH hosing experiments, whereby three simulations
were carried out using the same model parameters, but were started from different years
of the control experiment. This was done to ensure that any variability in the control run

did not affect or skew our results. Anomalies were calculated for each individual
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experiment by subtracting the forced run from the respective control run. An ensemble
mean for each set of simulations (ONH and OSH) was produced by calculating the
average anomaly for each set of three experiments to ensure that results were
reproducible and reflected a forced response rather than internal variability. The
difference between experiments OSH and ONH is taken to reflect the influence of

orbital configuration on the modelled climate response to a simulated Heinrich event.

2.7.2. Control boundary conditions

In order to assess the impact that changed orbital configuration has on the
modelled climate response to North Atlantic freshwater forcing; we first need to
examine the nature of the climate response to changed boundary conditions. To do this,
climatologies were created for each control run by averaging model parameters over the
entire run length. The difference between the northern hemisphere and southern
hemisphere summer insolation maxima control climatologies was examined by
subtracting the 0 kyr control (experiment OSH) from the 10-kyr control (experiment
ONH) (Figure 2.8). The difference between these two experiments reflects the influence
of changed orbital parameters on the model boundary conditions. The model response to
a change in orbital parameters is consistent with other studies, increasing our confidence
in the model’s ability to accurately simulate orbitally-forced climate changes (e.g. Liu et
al. 2003; Lorenz et al. 2006; Timmermann et al. 2007a; Li and Harrison 2008).

Surface air temperatures and SSTs show similar patterns of difference, with
warm anomalies in the high latitudes in experiment ONH, compared to OSH (Figure
2.8A and B). The movement of the summer insolation maximum into the northern
hemisphere can likely account for the warmer temperatures across much of the northern
latitudes. Relatively warmer temperatures across the Southern Ocean in ONH are
caused by weaker westerly winds over this region, which diminish upwelling of cool,
deep waters (Figure 2.8B and G). Relatively strong reductions in sea ice in the Arctic
Ocean (Figure 2.8F) and an accompanying sea surface freshening (Figure 2.8D) in this
region in ONH follow an increase in temperatures across the Arctic. The tropics are
generally cooler in ONH, compared to OSH, because of a reduction in the strength of
the Walker circulation, and a northward shift and narrowing of the ITCZ (Figure 2.8C
and G).
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Figure 2.8: Influence of changed orbital parameters on model boundary conditions.
Anomalies for each variable were calculated by subtracting the run climatologies from
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shaded (G) zonal and (H) meridional surface wind stress anomalies.
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Precipitation changes are strongest throughout the tropics in both experiments, with the
ITCZ moving to the north in ONH (Figure 2.8C). The movement of the summer
insolation maximum into the northern hemisphere leads to a northward shift of the
ITCZ, most notably over the Indian Ocean and Africa. A weaker shift is evident over
central America and the Atlantic Ocean. A narrowing of the ITCZ occurs in the central
Pacific Ocean, with negative rainfall anomalies from 10°S—5°N and 15°N-30°N,
suggesting a reduction in the width of the ITCZ across this region. Stronger reductions
in rainfall to the south, however, suggest a northward shift in the ITCZ in this location
as well as in ONH.

Strong zonal changes in mean sea level pressure (MSLP), zonal wind stress and
temperature across the Southern Ocean are related to the relaxing of thermal gradients
in this region in ONH relative to OSH, caused by the northward movement of the ITCZ
(Figure 2.8C) and its attendant convective cells. A reduction in the thermal gradient
between the mid and high southern latitudes results in a decrease in the temperature
(Figure 2.8A and B) and MSLP gradient (Figure 2.8E) between the Southern mid-
latitudes and Antarctica, a weakening of the Southern Ocean westerlies (Figure 2.8G),
and a reduction in Ekman upwelling, which in turn results in further warming of

Southern Ocean surface temperatures (Figure 2.8B).

2.7.3. Hosing results

2.7.3.1. AMOC overturning

Freshwater forcing applied to the North Atlantic results in the shutdown of the AMOC
by year 100 in both OSH and ONH, before it recovers after freshwater forcing ceases
(Figure 2.9). The rate of AMOC overturning is reduced by ~94% in both OSH and
ONH, relative to its starting strength, indicating similar sensitivities to the applied
freshwater forcing under both orbital configurations.

The rate of recovery of the AMOC is similar in both OSH and ONH, with the
ensembles reaching their maximum values in model years 423 and 434, respectively
(Figure 2.9). Statistical testing using a paired sample t-test of the timing of the
maximum AMOC strength of the two ensemble means indicates that the rate of
recovery is not statistically different between experiments (p=0.12), suggesting that

orbital configuration is not influencing the rate of AMOC recovery. The AMOC



Sensitivity of modelled climate to freshwater hosing of the North Atlantic | 97

0-kyr orbital Atlantic Overturning — OSH

10-kyr orbital Atlantic Overturning — ONH

25 25
A B

= —

7 20 ézo
()] ()]
£ £

c 15 c 15
2 2
o o

3 1 3 10
Q ©
= =

3 5 3 5
< <

0

400 500 600

100 200 300 400 500 600 100 200 300
Model year Model year
10-kyr and 0-kyr orbital Atlantic Overturning
5 . ; y . .
C
&» 20
(@]
£
£ 15
2
g
6 10
Q0
<
35
<

100 200 300 400 500 _ 600
Model year

Figure 2.9: Atlantic meridional overturning in (A) 10-kyr BP orbital experiment; ONH
and (B) O-kyr BP orbital experiment; OSH. Grey lines show results from the three
individual ensemble members, with a 20-year running mean for each member in black.
The ensemble mean of the three runs, with a 20-year running mean is given in red.
Control run variability is shown in light blue, with a 20-year running mean in dark blue.
Note that ensemble members were initiated from different years of the control
experiment. (C) ONH and OSH plotted together to highlight the relative timing of
AMOC recovery between experiments. The difference in the AMOC recovery between

experiments is not statistically significant.

strength overshoots the initial control strength in both simulations, before returning to

the strength seen in the control run by the end of the experiment.

2.7.3.2. SST

Regional variability in SST is similar for the two experiments, with no discernable

difference in SST behaviour because of the changed orbital forcing. A bipolar SST
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Figure 2.10: Regional SST anomalies for the four target areas. See Figure 2.3 for an
explanation of the regions examined. (A) North equatorial Atlantic, (B) South equatorial
Atlantic, (C) NINO 3.4, (D) Western Pacific Warm Pool. Individual run results for ONH
and OSH are shown in grey, with a 10-year moving average in black. The ensemble
results are shown in red with a 10-year moving average. ONH-OSH (right-hand
column) shows the difference between the ONH and OSH ensembles (red lines).
Dashed lines show 1-sigma variability in the control runs in columns one and two, and
1-sigma variability in the control difference in column three. Note that the ensemble

mean differences are negligible for the four target areas.

anomaly is present within the equatorial Atlantic in both experiments, with the strength
of the anomaly not differing between simulations (Figure 2.10A and B).

The strength of the teleconnected SST anomaly in the Pacific is slightly stronger
in experiment ONH; however, the difference between the experiments is small, and not
reproduced by all ensemble members (Figure 2.11). The SST anomaly in the NINO 3.4
region of the Pacific is similar between experiments, with both simulations showing a
warm temperature anomaly, above that expected by modelled natural variability (Figure
2.10C). However, the nature of the anomaly within the NINO 3.4 region is not well
represented within either the ONH or OSH model runs, with ensemble members of each

run not agreeing on the magnitude, or sign of the anomaly (Figure 2.11).
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Figure 2.11: Spatial pattern of mean ensemble SST anomalies in (A) ONH, (B) OSH,
and (C) ONH—OSH at year 50 (halfway through the hosing perturbation). Anomalies in
(A) and (B) are calculated relative to their respective control runs. The difference
between the ONH and OSH anomalies is shown in (C). Hatching in (A) and (B)
denotes agreement between the three ensemble members within £0.5°C of the
ensemble mean. Hatching in (C) denotes agreement between at least 6/9 ensemble
member differences within £0.5°C of the ensemble mean difference. Note that the

ensemble mean differences are negligible for the four target areas.
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ONH shows a weak, cool SST anomaly in the WPWP until year 100, above the
modelled natural variability, with experiment OSH not recording an abnormal anomaly
in SST in this region (Figure 2.10D). Although the anomaly is weak in ONH, it is
present across ensemble members (Figure 2.11), and together with the positive anomaly
across parts of the central Pacific, suggests a weak El-Nifo-like state of the Pacific in
response to North Atlantic freshwater hosing (Figure 2.11). The lack of consistent
anomalies in the central and western Pacific in OSH, suggest a weaker long-range
teleconnection in this experiment. Additional simulations would improve the certainty

of this conclusion.

2.7.3.3. Precipitation

Regional precipitation anomalies are very similar for the experiments, with both ONH
and OSH exhibiting a southward shift of the Atlantic ITCZ, and a weak El-Nifio-like
pattern across the tropical Pacific. A clear southward shift of the Atlantic ITCZ is
evident in precipitation anomalies in both ONH and OSH (Figure 2.12A and B). The
strength of this shift is similar in both experiments, with no discernable difference in the
size and timing of precipitation patterns in this region (Figure 2.13).

The precipitation response in the Pacific is similar between experiments. The
strong meridional precipitation anomalies across the equatorial Pacific in both
experiments suggest a southward shift of the ITCZ in this region. The strength of the
teleconnection is possibly slightly stronger in OSH, compared to ONH (Figure 2.12C
and D and Figure 2.13). It is difficult to detect this change in the regionally averaged
precipitation anomalies; however, the spatial pattern of the precipitation response shows
a stronger penetration of the signal into the western Pacific in ONH (Figure 2.13).
However, this result is not seen within all ensemble members and requires additional

simulations to detect with more certainty.

2.7.3.4. Surface wind stress and MSLP

The surface wind fields show a strong meridional response to North Atlantic climate
forcing in ONH, compared to OSH, which shows more zonal asymmetry (Figure 2.14).
The strength of the Southern Ocean westerly winds is increased in ONH, in response to
the freshwater forcing of the North Atlantic. Interestingly, the wind field in OSH is

much more regionally diverse, with small-scale centres of high and low-pressure



Sensitivity of modelled climate to freshwater hosing of the North Atlantic | 101

Figure 2.12: Regional precipitation anomalies for the four target areas. See Figure 2.3
for an explanation of the regions examined. (A) North equatorial Atlantic, (B) South
equatorial Atlantic, (C) NINO 3.4, (D) Western Pacific Warm Pool. Individual run results
for ONH and OSH are shown in grey, with a 10-year moving average in black. The
ensemble results are shown in red with a 10-year moving average. ONH—OSH (right-
hand column) shows the difference between the ONH and OSH ensembles (red lines).
Dashed lines show 1-sigma variability in the control runs in columns one and two, and
1-sigma variability in the control difference in column three. Note that the ensemble

mean differences are small for the four target areas.

anomalies resulting in a much more asymmetrical response, and no clear uniform shift
in the strength of the large atmospheric circulation cells.

The response of the Southern Ocean and Antarctica varies between experiments,
with ONH showing an ocean-wide low-pressure anomaly across this region, as opposed
to experiment OSH, which sees much more zonal asymmetry (Figure 2.14). The
response of OSH is reminiscent of a negative state of the Southern Annular Mode, with
a high pressure cell centred across the Antarctic continent, and a series of low pressure

centres across the southern mid-latitudes (Figure 2.14B).
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Figure 2.13: Spatial pattern of mean ensemble precipitation anomalies in (A) ONH, (B)
OSH, and (C) ONH-OSH at year 50 (halfway through the hosing perturbation).
Anomalies in (A) and (B) are calculated relative to their respective control runs. The
difference between the ONH and OSH anomalies is shown in (C). Hatching is not
shown in (A) and (B) as ensemble members agree within £1 mm/day everywhere.
Hatching in (C) denotes agreement between at least 6/9 ensemble member differences
within £1 mm/day of the ensemble mean plotted. Note the increased strength of the

precipitation anomalies across the Pacific in ONH, relative to OSH.
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Figure 2.14: MSLP (shaded) and surface wind stress (arrows) anomalies at year 50.
Anomalies calculated as in Figure 2.11. Hatching in (A) and (B) denotes agreement
between the MSLP of the three ensemble members within £2 hPa of the ensemble
mean plotted. Hatching in (C) denotes agreement between the MSLP of at least 6/9
ensemble member differences within +2 hPa of the ensemble mean plotted. Note that

the largest differences between the two experiments occur across the Southern Ocean.
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2.7.4. Discussion

The influence of precessional forcing on the modelled climate response to North
Atlantic freshwater forcing is strongest in the Pacific and Southern Oceans, with the
response within the Atlantic almost identical between simulations. The impact of
freshwater forcing in ONH led to a pronounced strengthening of the southern
hemisphere westerlies over the Southern Ocean (Figure 2.14). The more northerly mean
ITCZ position within the control experiment resulted in weaker Southern Ocean
westerlies, because of the northern hemisphere southern insolation maximum, (Figure
2.8G), and a reduction of the equator-pole pressure and temperature gradient across the
whole of the southern hemisphere. This initial orbitally forced state may have primed
the climate for a strong southward shift of the ITCZ once the model was forced by a
freshwater flux into the North Atlantic. It has, however, been suggested that models
may overestimate the precessional influence on the Southern Ocean westerlies, with the
signal less apparent in available proxy records (Shulmeister et al. 2004). Despite this,
precession signals have been found (although not always explicitly discussed or clear)
in a number of Southern Ocean wind proxies (Lamy et al. 1998; Shulmeister et al. 2004;
Martinez-Garcia et al. 2011; Ledru and Stevenson 2012), supporting the idea of a
common precession driver between the tropics and the high latitudes.

The responses of the Pacific and Southern Oceans to the same forcing in the
OSH experiment were surprisingly different, with a far less annular response and a
more asymmetrical pattern of variability evident, particularly within the MSLP field
(Figure 2.14). A negative SAM-like state was initiated across the southern high latitudes
in response to freshwater forcing of the North Atlantic.

A weak El-Nifio-like state resulted from the hosing of the North Atlantic in both
experiments. The warming of the eastern Pacific SSTs and cooling of the western
Pacific, mirrored by a wet eastern Pacific anomaly and a dry western Pacific anomaly
together suggest a more El-Nifio-like state of the Pacific in response to North Atlantic
freshwater forcing (Figure 2.11 and Figure 2.13). This response has been observed in
other modelling studies where freshwater has been applied in the same manner as this
study to a PI control run (Timmermann et al. 2007b; Lu and Dong 2008; Wu et al.
2008). It is important to note, however, that the patterns of SST and precipitation

anomalies across the tropical Pacific Ocean are not identical between all ensemble



Sensitivity of modelled climate to freshwater hosing of the North Atlantic | 105

members (in both OSH and ONH) and should therefore be replicated to improve the
robustness of this result.

The climatic response to freshwater forcing under different precession boundary
conditions has not, to this author’s knowledge, been tested before. While a strong
southward shift of the ITCZ and a strong meridional response of the Southern Ocean as
in ONH (Stouffer et al. 2006; Lewis et al. 2010), and an El-Nino-like state of the
equatorial Pacific seen in both ONH and OSH (Dong and Sutton 2002; Zhang and
Delworth 2005; Timmermann et al. 2007b; Lu and Dong 2008) have both been
observed in other models in response to a simulated Heinrich event, these two responses

have not been observed within the same model (Figure 2.14).

2.7.4.1. Drivers of climatic response

The largest difference between the ONH and OSH experiments is evident across the
Southern Ocean. Surface wind stress fields for the ONH and OSH experiments
demonstrate the influence of boreal vs. austral summer insolation maxima on the
response of the modelled climate. Strong meridional gradients in wind stress in the
Southern Ocean in ONH suggest the strengthening of the westerly wind field in
response to North Atlantic hosing (Figure 2.14A and 16), a response that stems from the
perturbation of the more northerly mean position of the ITCZ in the control simulation.
A larger reduction in sea ice thickness in ONH may also help to force a southward shift
of the Southern Ocean westerlies by shifting the effective coastline further south. In
experiment OSH, the southern summer insolation maximum causes relatively stronger
westerlies prior to the application of freshwater forcing to the North Atlantic, resulting
in a less pronounced influence on the Southern Ocean wind field in OSH (Figure 2.14C
and D). The presence of easterly anomalies across parts of the Southern Ocean suggests
a weakening of the westerlies — or of their annular structure — in response to North
Atlantic forcing; the opposite response to that in ONH (Figure 2.14).

Despite the difference in precessional forcing, the spatial response of the
equatorial Pacific Ocean to simulated Heinrich events was similar between the two
experiments, with ONH possibly exhibiting stronger anomalies compared to OSH. This
result supports the work of previous studies, which have demonstrated the importance
of the teleconnection across the Isthmus of Panama in transmitting anomalies from the

Atlantic into the Pacific Ocean (e.g., Dong and Sutton 2007; Lu and Dong 2008).
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2.7.5. Conclusions and implications

We have explored the influence of precessional forcing on the modelled climate
response to a simulated Heinrich event using the CSIRO Mk3L GCM. We have shown
that boundary conditions under a northern summer insolation maximum move the mean
position of the ITCZ to the north, allowing a strong southward shift of the atmospheric
circulation cells following hosing of the North Atlantic. A southern hemisphere summer
insolation maximum, however, results in a southward shift of the mean ITCZ position
prior to the application of North Atlantic hosing, and a much more muted and
asymmetrical climate response to North Atlantic freshwater forcing. In both
experiments, a weak El-Nifo-like state is established during the period of hosing,
however the strength of these anomalies appear to be slightly stronger in ONH,
compared to OSH.

From our idealised experiments, it can be suggested that the strength of the
response of the Pacific to a Heinrich event may change under varying precessional
forcings, which may in turn be evident within proxy records. The amplitude of
precessional forcing in the northern hemisphere was relatively weak from ~45-25 kyr
BP across Heinrich events 3—5, however Heinrich event 6, which occurred at ~60 kyr
BP, occurred just prior to a strong northern maximum (Figure 2.1). This event is seen
clearly in Borneo, with two stalagmites recording significant drying at this time
(Carolin et al. 2013), and in Flores with a similarly significant event (Scroxton 2014).
Available proxy evidence does not necessarily support the opposite conclusion, with
Heinrich event 5 at ~45 kyr BP, during a time of relatively strong southern summer
insolation recorded as an abrupt event within the Borneo record (Partin et al. 2007,
Carolin et al. 2013), and as an ambiguous wet anomaly within the Flores speleothem
record (Scroxton 2014). Additional proxy and modelling evidence is required to further
explore this hypothesis.

Although the experiment is highly idealised, there is some support from proxy
records within the WPWP that the strength of the long-range teleconnection from a near
shutdown of the AMOC into the western Pacific could be dependent on the precessional
configuration. The results also suggest that the impacts of different orbital
configurations could be strongest in the southern hemisphere extratropics, which

warrants further investigation.
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2.8. Experiment three: Changed CO,
concentration

The daily concentration of atmospheric CO; reached 400 ppmv for the first time on 10
May 2013, with April 2014 the first month to record an average CO, concentration
above 400 ppmv (Tans and Keeling 2014). While a lot of research has been done on the
likely climate response to increased atmospheric CO, concentrations (see IPCC 2013
for a summary), the possibility of changed sensitivity of the climate to perturbations
under these conditions remains an area of investigation (e.g. Bitz et al. 2007;

Swingedouw et al. 2009; Swingedouw et al. 2015).

2.8.1. Experiment design

The response of the climate system to a freshwater perturbation under two atmospheric
CO; concentrations was tested. The pre-industrial model experiment used in experiment
two (OSH) is used again here to isolate the influence of CO; on the climate’s response
to hosing. Here, we focus on the CO, concentration of this experiment, and will refer to
this run as “C0O2-280” in this section. A second hosing run was carried out using a CO,
concentration of 400 ppmv (hereafter “C0O2-4007). All model parameters were the same
as in CO2-280, except for the CO, concentration. The hosing was carried out using 1 Sv
of freshwater applied to the North Atlantic for 100 model years, as in experiment two.
Both of these experiments were run as ensembles, with the mean of the ensemble
members used to compare the runs. Three ensemble members were run for each
experiment — starting from different years of the control experiment to account for any
internal model variability — alongside their respective control runs (i.e. three perturbed
runs and three control runs for each configuration). Anomalies were calculated for each
experiment by subtracting the forced run from the respective control run. An ensemble
mean was produced by calculating the average anomaly for each experiment. The
difference between the ensemble mean anomaly of CO2-280 and CO2-400 is compared
to examine the influence of CO, concentration on the climate response to North Atlantic

freshwater forcing.
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A second ensemble of CO, experiments were attempted to reproduce CO;
conditions at the LGM, with CO; concentrations set to 160 ppmv. These experiments
proved to be highly unstable within the CSIRO Mk3L model and were unable to be
completed within the constraints of this project. LGM CO, experiments remain a key

target for future work following on from this thesis.

2.8.2. Control boundary conditions

The control run of CO2-400 represents a warmer world compared to CO2-280
(previously called OSH), with almost uniform increases in temperature across the earth.
Surface air temperature in CO2-400 is on average 1.8°C warmer than in CO2-280
(Figure 2.15A). This warming is stronger in the Arctic and along the Indian Ocean
portion of the Antarctic coastline, where temperatures are up to 12°C warmer. SSTs are
also warmer, with average SSTs 1°C warmer in CO2-400 (Figure 2.15B). There are
noticeable regions of comparably cooler SSTs in the Arctic, and around parts of the
Antarctic coastline, likely caused by a decrease in sea ice in these regions (Figure
2.15F).

Precipitation is similar between C0O2-400 and CO2-280, except for the
equatorial Pacific and Atlantic. The Pacific ITCZ is narrower in CO2-400, with strong
rainfall along the equator, and relatively less rainfall at 10°N and 10°S, compared to
CO02-280 (Figure 2.15C). In the Atlantic, a reduction in rainfall is also seen at 10°S. The
orbital configuration of both experiments is for a precessional summer insolation
maximum in the Southern Hemisphere. The control simulation suggests that despite
this, the ITCZ is shifted slightly to the north in CO2-400, back towards the equator. In
C02-280, the ITCZ generally sits to the south of the equator, as would be expected with
a southern insolation maximum.

Surface wind stress fields are similar between CO2-400 and CO2-280, with only
small differences evident between runs. The strength of the Southern Ocean westerlies
is slightly reduced in CO2-400, likely caused by the more northerly position of the
ITCZ in this run, compared to CO2-280 (Figure 2.15G). There are weakly anomalous
easterly winds across North America in CO2-400, which may become significant once

the freshwater forcing is applied, as this region is where the atmospheric teleconnection
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from the North Atlantic forces the eastern Pacific. Meridional surface wind stress is
similar between experiments, except for the Indian Ocean sector of the
Antarctic (East Antarctica), where the localised temperature differences in CO2-400

have created an offshore wind gradient (Figure 2.15H).

2.8.3. Hosing results

2.8.3.1. AMOC overturning

The recovery rate of the AMOC is markedly different between experiments, occurring
approximately 100 years later in CO2-400, despite the forcing being applied in the same
way to both experiments. The pattern of AMOC collapse and recovery is similar
between CO2-400 and CO2-280; however, it takes the CO2-400 experiment
approximately 100 years longer to recover from the perturbation (Figure 2.16). The two
experiments begin to diverge significantly from model year ~100, with CO2-280
reaching its maximum strength in model year ~420, compared to CO2-400, which
reaches its maximum strength in model year ~530.

The control AMOC strength in CO2-400 is more stable compared to CO2-280,
which displays a higher degree of variability, and some possible cyclicity (Figure 2.16A
and B). AMOC strength in the CO2-400 control is, on average, stronger than CO2-280,
varying around 14.5 Sv, compared to CO2-280, which moves between ~15 Sv and ~13
Sv. The stability of the AMOC in CO2-400 may play a part in the longer time taken to
return to control conditions, with the higher level of internal forcing possibly pushing

the AMOC back to control conditions more quickly in the CO2-280 experiment.

2.8.3.2. SST

Regional SST anomalies are similar between experiments; however, these anomalies
persist for longer in CO2-400, compared to CO2-280. SST anomalies in both
experiments show an Atlantic equatorial bipolar SST anomaly, with warm anomalies in
the south equatorial region, and cool anomalies in the north (Figure 2.17). The
magnitude of these anomalies is similar between the two experiments; however, the
anomalies persist for longer in CO2-400, in line with the slower recovery of the AMOC

in this experiment.
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Figure 2.16: Atlantic meridional overturning in (A) CO2-400 CO, experiment and (B)
C0O2-280 CO, experiment. Grey lines show results from the three individual ensemble
members, with a 20-year running mean for each run in black. The ensemble mean of
the three runs, with a 20-year running mean is given in red. Control run variability is
shown in light blue, with a 20-year running mean in dark blue. (C) CO2-400 and CO2-
280 plotted together to highlight the difference in timing. (D) AMOC ensemble anomaly
(C0O2-400 ensemble—C0O2-280 ensemble; grey), with a 20-year running mean in red.

Dashed lines denote the 1-sigma variability of the difference between control runs.

NINO 3.4 SST anomalies are also similar between experiments; however, the
magnitude of the anomaly is slightly smaller in CO2-400, and lasts longer than in CO2-
280. The eastern Pacific SST anomaly only just moves outside of the range of modelled
natural variability in CO2-400, sitting at the very edge of a naturally occurring warm
anomaly (Figure 2.17). The warm anomaly in CO2-280 is marginally stronger;
however, clearly moves outside of the range of natural modelled variability for this run.

The anomaly persists longer in CO2-400, compared to CO2-280.
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Figure 2.17: Regional SST anomalies for the four target areas. (A) North equatorial
Atlantic, (B) South equatorial Atlantic, (C) NINO 3.4, (D) Western Pacific Warm Pool.
C0O2-400 (column one) shows the single run results in grey, with a 20-year moving
average for each run in black, and the ensemble mean in red. CO2-280 (column two)
as in column one. CO2-400-C0O2-280 (column three) shows the difference between
C0O2-400 and CO2-280. Dashed lines show 1-sigma variability in the control runs in

columns one and two, and 1-sigma variability in the control difference in column three.

No significant SST anomaly is evident in the western Pacific in either
experiment, suggesting that the strength of the long-range teleconnection is damped in
both experiments. The SST anomalies recorded in the WPWP are similar for both
experiments, with neither moving significantly beyond the range of natural model
variability (Figure 2.17).

The pattern of SST variability across the Pacific is very similar in both
experiments, with both simulations showing a warm eastern Pacific and cool western
Pacific SST anomaly. A zonal asymmetry in the Pacific Ocean is seen in both
experiments, with the anomalies not strongly extending into the western Pacific in either

run (Figure 2.18).
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Figure 2.18: Spatial pattern of SST anomalies in (A) CO2-400, (B) CO2-280, and (C)
C02-400-C0O2-280 at year 50 (half-way through hosing perturbation). Anomalies in (A)
and (B) are calculated relative to their respective control runs. The difference plotted in
(C) is the difference in these anomalies. Hatching in (A) and (B) denotes agreement
between the three ensemble members within £0.5°C of the ensemble mean plotted.
Hatching in (C) denotes agreement between at least 6/9 ensemble member differences

within £0.5°C of the ensemble mean plotted.
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The notable difference between the experiments is a weaker cooling anomaly in
the eastern North Atlantic in CO2-400 compared to CO2-280. Despite this warmer
anomaly in CO2-400, the magnitude of AMOC shut down is similar in both
experiments, suggesting that the NADW formation region is being similarly affected in

both experiments.

2.8.3.3. Precipitation

Patterns of precipitation are similar in both CO2-400 and CO2-280, with the main point
of difference the duration of these anomalies. A clear southward shift of the Atlantic
ITCZ is evident with strong positive rainfall anomalies seen in the southern equatorial
Atlantic in both experiments (Figure 2.19B), accompanied by a dry anomaly in the
north (Figure 2.19A). The magnitude of this shift is the same in both the CO2-400 and
C02-280 experiments, with the anomaly persisting longer in CO2-400.

The NINO 3.4 region experienced wet precipitation anomalies in both
experiments, in contrast to the western Pacific, which saw dry anomalies. The NINO 3.4
region experienced a strong wet anomaly in both experiments, of approximately the
same magnitude as that seen in the southern equatorial Atlantic (Figure 2.19C). The
time evolution of this anomaly varied slightly between experiments, with CO2-280
seeing a maximum in rainfall occurring during the first 100 years of the experiment
(during the forcing), before returning to pre-perturbation levels by model year ~300.
Experiment CO2-400 however, experienced sustained maximum rainfall beyond the
perturbation period, before slowly returning to pre-perturbation levels by model year
~400. The WPWP saw a dry anomaly during the hosing period in both experiments;
however, this anomaly persisted longer in CO2-280, compared to CO2-400, the
opposite result to all our variables thus far (Figure 2.19D). It is possible that the
duration of the WPWP anomaly in CO2-400 was influenced by the starting conditions
of this experiment, with the anomaly at year zero more positive in CO2-400, compared
to CO2-280 (Figure 2.19D).

The spatial pattern of precipitation is very similar in both experiments, with only
small differences evident between CO2-400 and CO2-280. A clear southward shift of
the Atlantic ITCZ is evident in both experiments (Figure 2.20), supporting our
regionally averaged results. There is a clear asymmetry in precipitation anomalies

across the Pacific in both experiments; however, the pattern is slightly stronger in CO2-
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400 (Figure 2.20C). The central Pacific experienced a stronger positive rainfall anomaly
in CO2-400, compared to CO2-280, with the South Pacific Convergence Zone (SPCZ)
clearly drying during the perturbation period in CO2-400. The precipitation anomalies
appear to differ across the WPWP, with this region largely drying in CO2-400, but
wetting in CO2-280. The broad region of WPWP drying seen in CO2-400 suggests that
there is not a clear ITCZ shift in this region, as a wetter band does not accompany it to
the south (Figure 2.20C). Instead, this result suggests an El-Nifo-like state in the
Pacific, with wetter conditions in the eastern Pacific, and dryer conditions in the western

Pacific. This result was previously found for experiment OSH (now called CO2-280;
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Figure 2.19: Regional precipitation anomalies for the four target areas. (A) North
equatorial Atlantic, (B) South equatorial Atlantic, (C) NINO 3.4, (D) Western Pacific
Warm Pool. CO2-400 (column one) shows the single run results in grey, with a 20-year
moving average for each run in black, and the ensemble mean in red. CO2-280
(column two) as in column one. CO2-400-C0O2-280 (column three) shows the
difference between C02-400 and CO2-280. Dashed lines show 1-sigma variability in
the control runs in columns one and two, and 1-sigma variability in the control

difference in column three.
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Figure 2.20: Spatial pattern of precipitation anomalies in (A) CO2-400, (B) CO2-280,
and (C) C0O2-400—C02-280 at year 50 (half-way through hosing perturbation).
Anomalies in (A) and (B) are calculated relative to their respective control runs. The
difference plotted in (C) is the difference in these anomalies. Hatching in (A) and (B)
denotes agreement between the three ensemble members within £+1 mm/day of the
ensemble mean plotted. Hatching in (C) denotes agreement between at least 6/9

ensemble member differences within £1 mm/day of the ensemble mean plotted.
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see section 2.7.4); however, compared to CO2-280, this pattern appears stronger in

C0O2-400.

2.8.3.4. Surface wind stress and MSLP

The strength of the atmospheric teleconnection from the North Atlantic, across the
Isthmus of Panama and into the eastern Pacific is similar in both experiments,
explaining the agreement in the nature of climate anomalies seen in this region (Figure
2.21). A weak northeasterly wind stress anomaly is evident along the equator in CO2-
280, extending from the North Atlantic Ocean, across the central Pacific and into the
western Pacific region (Figure 2.21B). This anomaly is also evident in CO2-400, but it
does not extend into the western Pacific, instead, reaching only to ~180°W (Figure
2.21A).

A strong meridional wind response is evident in the Southern Ocean in CO2-
400, with CO2-280 showing more asymmetrical zonal anomalies (Figure 2.21). The
Southern Ocean westerlies strengthen in CO2-400, likely due to the weaker state of
these winds prior to the application of freshwater forcing.

MSLP anomalies across the Southern Ocean differ between CO, experiments,
with CO2-400 recording generally low pressures in this region, compared to CO2-280,
which experiences generally high-pressure anomalies. Low-pressure anomalies in CO2-
400 over Antarctica support the idea of a southward shift in the Southern Ocean

westerlies in this experiment (Figure 2.21).

2.8.4. Discussion

Atmospheric CO; concentration influences the recovery rate of the AMOC to
freshwater forcing of the North Atlantic in the CSIRO MkK3L (Figure 2.16), mirroring
the results of a previous study (Bitz et al. 2007). The spatial patterns of climate
anomalies are similar for the two experiments, with only localised regional differences.
The key difference between the experiments relates to the persistence of the AMOC and
associated climate anomalies, which last ~100 years longer in CO2-400, compared to
C0O2-280 (Figure 2.16, Figure 2.17 and Figure 2.19). These differences appear to be

related to the character of the AMOC circulation in each experiment.
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C02-400 MSLP and Wind Anomaly at Year 50

s == ~9%

3008'-. A O

.....

e S 2 %
70°NF : .
] ©
50°N S %
30°NF=% >
10°NE 7% =
10°SH] ot ; ) g
” ©
o
|
n
=

v s
5OOSH % SR e
279 NS TTLUE L - ~ ,‘/{ 2%
A NPT o > w a—ama=” - aX
7 A 4

70°S

ISR, w7 N PRI L
0° 50°E 100°E 150°E 160°W 110°W 60°W 10°W

MSLP anomaly (hPa)

§ N EE—— - o 4 1 v N e
s n

0° 50°E 100°E 150°E 160°W 110°W 60°W 10°W

30°Sf: A e A
50°S : ’

|
¢)]

10
70°N
©
(o}
50°N 5 <
30°N} >~ >
10°NE 0 E
10°S} 2
©
o
-
n
=

70°S T e

% /|
LG / i B
W AR 27 o ;

0° 50°E 100°E 150°E 160°W 110°W 60°W 10°W

-10

Figure 2.21: MSLP (shaded) and surface wind stress (arrows) anomalies at year 50.
Anomalies in (A) and (B) are calculated relative to their respective control runs. The
difference plotted in (C) is the difference in these anomalies. Hatching in (A) and (B)
denotes agreement between the MSLP of the three ensemble members within 2 hPa
of the ensemble mean plotted. Hatching in (C) denotes agreement between the MSLP
of at least 6/9 ensemble member differences within +2 hPa of the ensemble mean

plotted.
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The AMOC circulation is driven by a combination of temperature and salinity
induced density differences, whereby cool, salty water sinks within the North Atlantic,
pulling warmer and fresher surface water northward into the North Atlantic Ocean,
which in turn cools, becomes more saline and sinks, driving the overturning circulation.
In a 400-ppmv CO, world, warmer surface waters resulting from an intensification of
Earth’s greenhouse effect reduce the thermal-driven density of surface waters in the
NADW formation region of the North Atlantic. The salinity of these waters must
therefore increase in order for them to become sufficiently dense and sink (Thorpe et al.
2001; IPCC 2007).

Following the application of freshwater to the surface of the North Atlantic
Ocean, surface density reduces (Figure 2.22A), shutting off the NADW formation, and
consequently, the AMOC (Figure 2.16). This in turn leads to a build-up of saline waters
in the northern subtropical Atlantic (Figure 2.23). The stronger dependence of the
AMOC circulation on salinity in the 400 ppmv CO; experiment causes the high surface
density to recover more slowly in CO2-400 (years 401-500; Figure 2.22E), than in
C0O2-280. (years 301-400; Figure 2.22D). In CO2-400, the “off” state of the AMOC is
a positive feedback on the continued suppression of deep-water formation. The
shutdown of the Gulf Stream removes a source of salt water to the NADW formation
region, acting as a positive feedback to reinforce the shut down (Bitz et al. 2007). As a
result, the AMOC takes longer to recover in CO2-400, since it must overcome this
feedback in order to build up salinity in the surface waters of the North Atlantic, and
reinitiate bottom water formation (Yin and Stouffer 2007) (Figure 2.22 and 26).

The other key difference between the two CO; hosing experiments is the
strength of the long-range teleconnection into the western Pacific. The weaker
equatorial easterly winds in CO2-400, versus CO2-280 account for the weaker long-
range teleconnection, with the atmospheric anomalies from the North Atlantic not able
to penetrate into the WPWP (Figure 2.21). The weaker wind anomalies in CO2-400 are
related to the warmer surface waters in the north-eastern Atlantic Ocean in CO2-400,
which create a weaker meridional temperature gradient within the Atlantic, reducing the
strength of the easterly winds (Figure 2.18). This has implications for the IPWP region,
which would likely experience a weaker or more asymmetrical response to a shut down

of the AMOC circulation than locations closer to the North Atlantic.
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Figure 2.22:
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Figure 2.22: Zonally integrated density (calculated from temperature and salinity)
anomalies for the Atlantic Ocean. Each panel represents the mean of the 100-year
period displayed on the left. The two columns show the results from CO2-400 (left
column) and C0O2-280 (right column). Positive anomalies indicate more dense water in

the hosing run, compared to the control; negative anomalies are less dense.

Figure 2.23: As in Figure 2.22, but for salinity. Positive anomalies indicate more saline
waters in the hosing run, compared to the control; negative anomalies more fresh

waters.

2.8.5. Conclusions and implications

We have simulated the effect of North Atlantic freshwater hosing on the climate,
equilibrated to 400 ppmv atmospheric CO, concentrations and compared the results
with those for pre-industrial boundary conditions (280 ppmv) to explore the influence of
an increase in CO; on climate sensitivity to North Atlantic freshwater forcing within the
CSIRO MK3L climate model. Our key finding is that the recovery time of the AMOC
circulation is significantly slower in a 400-ppmv world, compared to a 280-ppmv world.
As such, the resulting climate anomalies stemming from the AMOC shutdown persist
for longer in the 400-ppmv experiment. The different rates of AMOC recovery relate to
the influence of higher SSTs and lower salinity on NADW formation. Higher SSTs in
C02-400, brought about by global warming, cause salinity to become a more important
driver of deep-water formation in CO2-400, compared to CO2-280. The recovery of the
AMOC is faster in CO2-280 because the higher surface ocean density (as determined by
temperature and salinity) required to initiate bottom water formation recovers more
quickly (Figure 2.22). In the 400-ppmv experiment, greater salinity is required to offset
the effect of higher SSTs, to reinitiate bottom water formation, thus taking longer to
recover and advect into the North Atlantic (Figure 2.23).

While a complete shutdown of the AMOC in response to future climate change
is unlikely (Rahmstorf 2006; Driesschaert et al. 2007; Kriegler et al. 2009), a slow-
down of the AMOC is predicted in models (Schmittner et al. 2005; Srokosz et al. 2012;
Cheng et al. 2013), and has already been observed across the North Atlantic (Rahmstorf
et al. 2015). Our results suggest that a future slow-down of the AMOC could persist for
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many centuries, because of a build up of freshwater in the bottom-water formation
region of the North Atlantic (Figure 2.23). Current estimates of the rate of Greenland
melting suggest freshwater fluxes as high as ~0.54 mm/yr (Chen et al. 2006) which,
while significant, are an order of magnitude smaller than the rates estimated for past
Heinrich events (see section 2.1). Therefore, it is unlikely that this magnitude of
freshwater forcing will be large enough to initiate a significant change in the AMOC.
Any slowdown will likely result in localised climate effects, although the influence of
warmer initial SSTs as well as the nature of the sensitivity of the AMOC in a warmer
world may change the volume of freshwater required to initiate an AMOC shutdown
and should be investigated further. We have shown that the strength of the
teleconnection of Heinrich climate perturbations into the tropical Pacific is related to the
strength of the meridional temperature gradient within the North Atlantic Ocean. The
weaker perturbation of the AMOC would likely result in muted SST anomalies in the
eastern Pacific, resulting in a weak and likely minimal teleconnection into the western

Pacific Ocean.

2.9. Conclusions

We have demonstrated the relative influence of the magnitude and duration of
freshwater forcing in the North Atlantic on the modelled climate response within the
CSIRO MK3L GCM. The magnitude of forcing, rather than the duration, appears to be
the key factor in determining the modelled climate response to a simulated Heinrich
event. A freshwater hosing magnitude of 1 Sv across the North Atlantic is required to
shut down the AMOC in the CSIRO Mk3L model, as has been demonstrated for other
models (Stouffer et al. 2006).

The response of the modelled climate to changes in the model boundary
conditions was explored. We ran two experiments where the orbital configuration and
CO; concentrations were changed prior to the application of hosing and found that the
boundary conditions played a key role in determining the climate’s response to
freshwater hosing. When the ITCZ was shifted to the north, as in the ONH experiment,
the model’s response to a North Atlantic forcing was to shift the ITCZ south, causing a
strengthening of the Southern Ocean westerlies. When the ITCZ was already shifted to
the south, as in OSH/CO2-280, the response was much less latitudinally homogenous,
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with a negative SAM-like state established across the southern high latitudes. An El
Nino-like state, with warm anomalies in the eastern Pacific and cool anomalies in the
west, was established in both experiments, highlighting the importance of the
atmospheric teleconnection across the Isthmus of Panama in propagating climate
anomalies into the Pacific Ocean. Increased atmospheric CO, concentrations, as in the
C02-400 experiment, increased the duration of the AMOC shutdown and associated
climate perturbation by changing the relative importance of temperature and salinity
drivers of surface water density in the NADW formation region.

The influence of boundary conditions on the modelled climate response to a
simulated Heinrich event appears to be significant. This study has implications for the
interpretation of proxy records, particularly from sites removed from the North Atlantic,
such as the western equatorial Pacific, and with further investigation may shed light on
the apparent differences in the strength and duration of Heinrich events recorded in this

region (e.g., Partin et al. 2007; Carolin et al. 2013; Scroxton 2014).
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CHAPTER THREE

A 40,000-year speleothem 6C
record of environmental change
in southwest Sulawesi,
Indonesia

3.1. Introduction

Speleothem 8'°0 is a widely used proxy in palacoclimate studies; however, 8'°C, which
is measured concurrently, is largely underutilised. Interpretation of 8'"°C is difficult
because of the large number of influences on the potential sources of carbon and
modification of carbon isotope ratios during stalagmite formation.

To date, only three speleothem §'"°C records covering parts of the past 40 kyr
have been published for the Indo-Pacific Warm Pool (IPWP) region (Griffiths et al.
2010; Partin et al. 2013; Scroxton 2014), whereas eight 8'%0 records have been
published for the region (Partin et al. 2007; Griffiths et al. 2009; Lewis et al. 2011;
Ayliffe et al. 2013; Carolin et al. 2013; Denniston et al. 2013a; Denniston et al. 2013b;
Scroxton 2014). The two 8'°C records for Flores, Indonesia, suggest that speleothem
8"C records changes in vegetation productivity (Griffiths et al. 2010; Scroxton 2014).
These records provide the foundation for a coherent interpretation for speleothem §'°C

within tropical and monsoonal Indonesia. A record of speleothem &"°C for Borneo,
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however, shows highly localised and likely insignificant 5'"°C variations, which provide
limited information on regional environmental signals (Partin et al. 2013). The apparent
inconsistencies in speleothem 3'°C as a recorder of climate or vegetation shifts has lead
to scepticism of the robustness of interpretations developed using this proxy.

Interpretation of 8"°C in speleothems is particularly challenging because no
definitive environmental controls have been agreed upon in the existing literature. To
date, interpretations of speleothem 8'°C have been made on a case-by-case basis, with
no clear consistency between regional or environmental settings. Although this
approach is not completely unfounded, it is by no means the best way to understand the
insights provided by 8"°C. Previous studies have interpreted speleothem 8'°C as a proxy
for C;:C4 vegetation shifts (e.g., Dorale et al. 1998; Denniston et al. 2000),
vegetation/soil productivity and density (e.g., Hellstrom et al. 1998; Genty et al. 2003;
Hou et al. 2003; Baldini et al. 2005; Cruz et al. 2006; Cosford et al. 2009; Jo et al. 2010;
Blyth et al. 2013; Griffiths et al. 2013), inorganic karst processes (e.g., Cosford et al.
2009; Griffiths et al. 2010; Hartmann et al. 2013; Partin et al. 2013), soil temperature
(e.g., Genty et al. 2003; Martin-Chivelet et al. 2011; Griffiths et al. 2013) and
anthropogenic influences above the cave site (e.g., Hartmann et al. 2013). Replication of
speleothem 8'°C records is also known to be problematic, making it even more difficult
to interpret them with any certainty (e.g., Partin et al. 2013).

Here we present a stalagmite 3'°C record for southwest Sulawesi, which covers
the period 40 kyr BP to present. This record is continuous, with an average resolution of
50 years, and provides a detailed history of changes in carbon input to the stalagmite
over time. We interpret the Sulawesi record in terms of carbon isotope systematics in
tropical karst systems, and then compare it with regional and global

palaeoenvironmental records to place the result into a broad context.

3.2. Materials and methods

3.2.1. Stalagmite collection and 23°Th dating

Stalagmite GB09-3 was collected in 2009 from Gempa Bumi cave in southwest

Sulawesi (5°S, 120°E, 140 m above sea level). GB09-3 has a length of ~700 mm and an
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Figure 3.1: Stalagmite GS09-3 with age model. (A) Back-lit (left) and reflected light
(right) photographs of stalagmite. Sampling track used for stable isotope analysis is
visible down the centre of the stalagmite. Red dots show the locations of ?Th dates,
expressed as kyr BP (where present is defined as AD1950). Two dates shown in grey
were not used in the final age model. Details of the ?*°Th age data are given in
Appendix Table A1. (B) #*°Th-corrected age-depth plot for GS09-3. All corrected ages
are in stratigraphic sequence, within error. The mean growth rate for GS09-3 is 0.9 mm

per 50 years, with no determinable hiatuses.
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average diameter of ~50 mm (Figure 3.1). Stalagmite GB11-9 was collected in 2011
from Gempa Bumi Cave to demonstrate replication of the isotope record across its
interval of overlap with the older glacial section of GB09-03. Stalagmite GB11-9 has a
length of ~615 mm and an average diameter of ~80 mm (Figure 3.2). Both samples
were not actively growing at the time of collection.

A total of 36 samples were analysed for uranium and thorium isotopes to
develop the chronology for GB09-3 (Appendix Table A1). Six samples were analysed at
the University of Minnesota (by Hai Cheng and R. Lawrence Edwards), with the
remaining 30 samples analysed at the University of Melbourne (by John Hellstrom).
Eight 2*°Th dates for GB11-9 were analysed at the University of Melbourne (by John

Hellstrom). Dates were taken adjacent to the stable isotope sampling track, with an
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Figure 3.2: Stalagmite GS11-9 with age model. (A) Back-lit (left) and reflected light
(right) photographs of stalagmite. Sampling track used for stable isotope analysis is
visible down the centre of the stalagmite. Red dots show the locations of ?Th dates,
expressed as kyr BP (where present is defined as AD1950). Details of the >*°Th age
data are given in Appendix Table A1. (B) #°Th-corrected age-depth plot for GS11-9. All
corrected ages are in stratigraphic sequence, within error. The mean growth rate for
GS11-9 over the period 23—40 kyr BP is 0.7 mm per 50 years, with no determinable

hiatuses. Data from the bottom of GS11-9 are not included in this study.
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average sample size of 65 mg. Samples were analysed using multi-collector coupled
plasma mass spectrometry (MC-ICP-MS), following the methods of Hellstrom et al.
(2003). All samples were corrected for detrital thorium using an initial [**°Th/**Th]
ratio of 3.0+0.75. Age models were created using the Monte Carlo technique of
Hellstrom (2006). Two **°Th ages were excluded from the age model of GB09-3:
GB09-3-2 and GB09-3-uD6. Both of these samples had very large relative errors due to
high detrital thorium (130% and 11% respectively. N.B. GB09-3-2 was the stalagmite
top date) and were inconsistent with surrounding dates. When these two ages were
excluded, the remaining age model had all dates in stratigraphic sequence, with no
determinable hiatuses (Figure 3.1). The mean growth rate for GB09-3 over the period
40-0 kyr BP was 0.9 mm per 50 years.

29Th ages, all in stratigraphic

The age model for GB11-9 is comprised of eight
order, within error. All eight dates were used in the final age model, which was
produced using the same Monte Carlo method as for GB09-3. The mean growth rate for

GB11-9 over the period 40-23 kyr BP was 0.7 mm per 50 years (Figure 3.2).

3.2.2. Stable isotope analysis and error reporting

GB09-3 was continuously sampled for stable isotope analysis at an average interval of
0.9 mm (~50-year resolution) along the central growth axis. Sampling was performed
using a Sheridan GCM micromill and a 1 mm diameter mill bit. Stable isotope analysis
was conducted on 755 samples (Appendix Table A1), with an average sample size of
200 pg. Measurements of 8'°0 and 8"°C were made at The Australian National
University using a Finnigan MAT-251 mass spectrometer coupled to an automated Kiel
carbonate device. GB11-9 was slabbed about the central growth axis and micromilled
along the central axis using a 1 mm diameter drill bit at an interval of 0.7 mm, equating
at an average sampling interval of ~50 years. Analysis of 8'*0 and 8'°C was conducted
on a total of 323 samples (Appendix Table Al).

For the isotope analysis, one NBS-19 standard was analysed for every 5-8
samples to ensure consistency among runs. Results are reported relative to Vienna
Peedee Belemnite (VPDB) following adjustment using the in-run measurements of
NBS-19 (8"0 = -2.20%o, 8"°C = 1.95%o) and less frequent measurements of NBS-18
(8"%0 = -23.0%o, 8"°C = 5.0%o0). The analytical error for measurements of NBS-19 was
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calculated by finding the standard deviation of NBS-19 across all runs. Using this
method, the analytical error for NBS-19 §"°C was 0.02%o for GS09-3 (n = 187, 1), and
0.02%o for GS11-9 (n = 83, 10).

The reproducibility of §'°C for the stalagmite samples themselves was
determined by running duplicate and triplicate measurements. Samples with a run
standard deviation greater than 0.05%o (in 8'°0) were re-run, in order to minimise error
related to analysis methods. Additionally, 5'"°C values that deviated largely from
adjacent values in the time series were duplicated to ensure that abrupt peaks and
troughs in the data set reflect real changes in speleothem §'"°C. Triplicates were run
where duplicate measurements differed by more than 0.1%o in 5'*0. The mean standard
error for duplicate/triplicate analyses of §'"°C was 0.02%o for GS09-3 (n = 126), and
0.03%o for GS11-9 (n = 46) (Figure 3.3).

Quantification of the sample errors for GB09-3 allows a comparison of the
signal:error ratio. This relationship is important, as it clarifies whether observed
variability is due to errors associated with the 5'°C measurements, or real 8'°C signal.
Analysis of the standard error of the mean 8"°C values for individual samples suggests
that small-scale variability within the 3'"°C record is detectable (Figure 3.3A). The same
technique was applied to GB11-9, which also shows good reproducibility of §°C
(Figure 3.3B).

Signal replication of overlapping growth intervals in the two stalagmites
provides a valuable test for calcite deposition in isotopic equilibrium because it is
unlikely that different stalagmites could record similarly fractionated signals (Dorale
and Liu 2009). Replication of 8"°C between records is reasonably good, with much of
the high-frequency variability in GS09-3 reproduced in GS11-9 (Figure 3.4). There are
periods, however, where the two records diverge: at 40-38 kyr BP, and again around 33
kyr BP. It has been noted that consistent replication of speleothem §'°C records is
difficult to achieve, even within the same cave (Partin et al. 2013), and some degree of
variation between records is to be expected. Differences in the relative growth rates of
the two speleothems may also account for the periods of divergence between the
records. It has been suggested that faster growing stalagmites are less sensitive to
positive isotope excursions than slower growing stalagmites, possibly accounting for
the reduced magnitude of positive isotope excursions in GS11-9, compared to those in

GS09-3 (Scroxton 2014).
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Figure 3.3: Reproducibility of 5'C for stalagmites GS09-3 (A) and GS11-9 (B), as
determined by duplicate or triplicate measurements. Error bars show the standard error
of the mean 5'C value for each sample where duplicate or triplicate measurements
were performed. The standard errors of the 5'°C time series are small compared to the

variability of both records.

3.2.3. Trace element analysis: Mg/Ca and Sr/Ca

Analysis of trace amounts of Mg/Ca and Sr/Ca in GS09-3 was conducted to supplement

the stable isotope analyses. Mg/Ca and Sr/Ca were measured on aliquots of the sample
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Figure 3.4: Reproducibility of the 8"°C record for Gempa Bumi Cave, Sulawesi. (A)
Comparison of the 5'°C records for stalagmites GS09-3 (green) and GS11-9 (olive).
Positions of 2°Th ages (with 2-sigma errors) are shown below the records for each

stalagmite. Grey shading shows the section of the record highlighted in (B).

powders milled for stable isotope analysis, allowing direct comparison between stable
isotope and trace element results. Low concentrations of Mg and Sr within the sample
powders meant that analyses needed to be carried out on relatively large sample sizes

(1.5-2 mg) to ensure signals within the detection limit of the instrument. This meant

that replicate measurements could not be undertaken, as the analysis consumed the



A 40,000 year speleothem 3'"°C record of environmental change | 143

remaining sample powders. Mg/Ca and Sr/Ca was measured in every second sample
along the milled transect for a total of 375 measurements.

Samples were dissolved in 2% HNO3, before being analysed on a Vista AX ICP-
AES using a Sturman-Masters spray chamber and V groove nebulizer at The Australian
National University, based on the methods of Schrag (1999) and de Villiers (2002).
Analytical precision was determined by 30 repeat analyses of a laboratory (coral)
standard. The Mg/Ca and Sr/Ca values for the standard were determined via an internal
standard prepared from Spec Pure CaCO3, SrCO3; and MgCOs dissolved in 2% HNOs,
and validated by TIMS (thermal ionisation mass spectrometry) against an accepted
standard. Standards bracketed each unknown sample to monitor any drift occurring
within and between runs. Each sample was measured 10 times within a single analysis,

and results presented are the average of these measurements.

3.3. Results

3.3.1. Stable isotopes

The §"°C time series for GS09-3 can be divided into three main sections: glacial (4018
kyr BP), deglacial (1811 kyr BP) and Holocene (11 kyr BP — present) (Figure 3.5).
The glacial state includes data for Marine Isotope Stage 3 and the Last Glacial
Maximum (LGM). The range of 8"°C values for this period is -6.5%o to -3.3%o. The
highest 3'"°C value occurs at 17.7 kyr BP, just prior to the onset of global deglaciation
(Pedro et al. 2011).

The deglacial interval contains the highest and lowest 5'"°C in the time series, -
3.3%0 at 17.7 kyr BP and -8.8%eo at 11.3 kyr BP (Figure 3.5). This period represents the
isotopic response of the transition from the LGM to the Holocene. However, the
transition is not smooth, and includes two abrupt negative excursions evident at 14.7—
14.5 kyr BP (-1%0 change), and 11.7-11.6 kyr BP (-1.2%0 change). The magnitude of
these events is relatively large, representing 18% and 22% of the total LGM/Holocene
transition respectively.

The Holocene shows a surprisingly high degree of isotopic variability. During

this time, 8'"°C moves from the lowest value at ~11 kyr BP to -5.8%o at 7.5 kyr BP,
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Figure 3.5: The 40-kyr 8'°C record for stalagmite GS09-3.

before returning to -8.6%o in the late Holocene. This ‘v-like’ pattern of variability in the
early to middle Holocene is relatively smooth, with high-frequency variability

punctuating the gradual movement in and out of the relatively positive §"°C excursion.

3.3.2. Trace elements: Mg/Ca and Sr/Ca

The Mg/Ca and Sr/Ca results appear to vary alongside speleothem 3'°C, with a clear
difference between the glacial (4011 kyr BP) and Holocene (11 kyr BP—present)
periods. Mg/Ca ratios vary between 0.4 mmol/mol in the Holocene and 2.7 mmol/mol
during a number of peaks during the glacial (Figure 3.6). Variability in Mg/Ca during
the glacial is relatively high, with an ~2 mmol/mol range in values. There is also an
apparent ~ 10-kyr cyclicity during the glacial period, with a change in mean values
evident between 40-30 kyr BP, 30-20 kyr BP and 20-10 kyr BP. An abrupt step change
in Mg/Ca from ~1.4 mmol/mol to ~0.7 mm/mol occurs during the deglacial interval.
Mg/Ca variability in the Holocene is relatively low, with a range of only ~0.4
mmol/mol. The high amplitude, rapid swings in Mg/Ca that occur during the glacial are

not evident during the Holocene.



A 40,000 year speleothem 5'"°C record of environmental change | 145

MJ \.4,\,'(“[,% 0.5/_\
i

Age (kyr BP)

Figure 3.6: Mg/Ca and Sr/Ca data for stalagmite GS09-3. Sr/Ca (orange) and Mg/Ca
(green) records for GS09-3. Note that the axes are reversed. Trace element analyses
were conducted on every second stable isotope sample, resulting in a resolution of

~100 years.

The Sr/Ca data appear to be quite noisy; however, there is a glacial/interglacial
differentiation evident, similar to Mg/Ca. Sr/Ca values range between 0.01
mmol/molx10° and 0.03 mmol/molx10° but the majority of the dataset ranges between
0.01-0.025 mmol/molx10°® (Figure 3.6). The average Sr/Ca value for the glacial (~0.018
mmol/molx10* is higher than the average for the Holocene (~0.015 mmol/molx10°). In
addition, the glacial Sr/Ca record shows relatively large variability, with some abrupt
increases of as much as 0.01 mmol/molx10°, even when eight outliers were removed
(large positive excursions occurring at a single data point, not shown). Replicate
analysis of these data points was not possible because the sample powders were
consumed in the initial analysis. It is likely these outliers resulted from analytical error

associated with contamination of the sample by the standard.
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3.4. Discussion

3.4.1. Tropical rainfall: 6180 and 813C

Comparison of "°C and 3'°0 data from the same stalagmite provides information about
the influence of precipitation on 8"°C. Interpretation of 8'*0 in tropical speleothems as a
proxy for rainfall amount is well established in the literature (e.g., Partin et al. 2007;
Wang et al. 2007; Griffiths et al. 2009; Lewis et al. 2011; Kanner et al. 2012; Ayliffe et
al. 2013; Carolin et al. 2013). Examining the covariance of stalagmite 3'°0 and 3'°C
will therefore indicate whether 3'°C is responding to precipitation. The large-scale
features of 5'°0 and §"°C in the GB09-3 record are different, showing little similarity in
both the trends and the timing of low-frequency variability (Figure 3.7). Most notable is

the large offset of approximately six thousand years between the initiation of the large

_10 T T T T T _9
-9.5
w 178
) | m
S |7 8
X gl g &
O O
o —7-9or |5 o
o w
r“ m 9
-6.5}
-6 S -3
0 30 40

Age (kyr BP)

Figure 3.7: The 40-kyr 8"°C record for stalagmite GS09-3 (green; A) plotted with the
5'%0 record (purple; B). There is a clear offset in the timing of the deglacial signal,
suggesting these two proxies, within the same stalagmite, are responding to different

environmental variables.
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deglacial shifts in 8°C (17.7 kyr BP) and 5'*0 (11.8 kyr BP). The relative timing of
these negative excursions provides us with information relating to the drivers of each
signal. Changes in 3'°O from 11.8 kyr BP are related to an increase in deep atmospheric
convection, associated with the inundation of exposed continental shelves within the
western equatorial Pacific (see Chapter 2 for more information). The large excursion in
8"°C six thousand years prior to this suggests that precipitation is not a key driver of the
8"C record. This means we can interpret 5"°C independently of 3'°0, providing us with
a second proxy for climatic and environmental change occurring at this site through

time.

3.4.2. Interpreting speleothem 813C

Here we use a process of elimination to establish the best interpretation of the Sulawesi
speleothem 8'°C record, using our record and other palaecoenvironmental records from

the region.

3.4.2.1. C3:C4 vegetation changes

Large-scale changes in vegetation types above a cave site can result in large changes in
8"°C in speleothems. Vegetation photosynthesises using one of two main chemical
pathways: Cs or C4, which are distinguished by the chemical reaction of carbon that
takes place during photosynthesis. C; plants account for approximately 75% of
terrestrial photosynthesis, and thrive under humid, warm and high CO, conditions
(Edwards et al. 2010). C4 plants are primarily found in more arid environments in
savannah grasslands (Edwards et al. 2010), and largely constitute small grasses and
shrubs (Still et al. 2003).

Cs and C4 plants fractionate carbon differently, with CO, respired in equilibrium
with C; plants exhibiting a range in §'"°C values between -26%o and -20%o, compared to
C4 plants of between -16%o and -10%o (McDermott 2004). Speleothems in caves
overlain by Cs vegetation record values between -14%o and -6%o, and C, vegetation, -
6%o to +2%o0 (McDermott 2004; Cosford et al. 2009). As a result, changes in the ratio of
Cs and C4 vegetation types, driven by changes in climate or vegetation destruction, can
result in a change in 8"°C in the underlying stalagmite. Vegetation shifts between forest

and grassland were inferred from a stalagmite in Missouri, USA (Dorale et al. 1998),
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where the §"°C increased by up to 7%o across the record, suggesting a change from Cs to
C4 vegetation in the region. Denniston et al. (2000) found a similar signal in a
stalagmite from Mississippi, USA, where an ~8%o increase in 8'°C in the record marked
a shift in vegetation from forest to savannah above the cave.

Sediment cores from around Sulawesi suggest that vegetation types were not
dramatically different at the LGM, relative to modern times. The largest change in LGM
vegetation occurred on the exposed Sunda Shelf during periods of low sea level. It has
been suggested that grassland expanded onto the exposed shelf (Bird et al. 2005);
however, other studies have suggested that rainforest continued to dominate this region
during the LGM (Sun et al. 2000). Sulawesi remained disconnected from the Sunda
Shelf during the LGM and therefore did not necessarily experience the same inferred
shifts in vegetation. A sediment core from Lake Matano, north of the Gempa Bumi
Cave study site, confirms the persistence of forest vegetation throughout the LGM;
however, there was an increase in the amount of grassland (Hope 2001). It is important
to note that the lake catchment includes areas up to 1400—1700 m elevation, which may
make it more susceptible to grassland cover. A 3"°C leaf wax record from Lake Towuti
in central Sulawesi suggests dramatic vegetation shifts during the LGM at this site, from
forest to grassland (Russell et al. 2014) (Figure 3.8). However, the leaf wax 8°C values
of -40%o to -25%o recorded at this site suggest that vegetation may not be a direct driver
of the 8"°C record, given that the values fall outside those traditionally associated with
C; vegetation (Cosford et al. 2009). Additionally the topography of Sulawesi creates
vastly different climate regimes across different parts of the island (Figure 3.8). Our site
sits in a location strongly dominated by the summer monsoon, while Lake Towuti
shows a less seasonal and weaker rainfall signal. It is therefore likely that this record
does not reflect vegetation changes at our site, and we instead defer to the pollen
records from closer to Makassar to make our assessment. Pollen from a sediment core
from the Makassar Strait recorded no major vegetation changes during the LGM,
suggesting there was not an expansion of grassland in this region (Visser et al. 2004)
(Figure 3.8).

We find limited evidence of dramatic shifts in vegetation types in southern
Sulawesi during the LGM and, therefore, do not interpret our speleothem 3'°C record in
terms of vegetation change. We cannot discount the effects of vegetation shifts

altogether, and concede that they may exert a minor influence on our record.
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Figure 3.8: Topography of Sulawesi and its effect on annual rainfall. The locations of
modern rainfall monitoring stations are shown with dark blue dots. The associated
mean monthly rainfall climatology is shown for each site (Baker et al. 1994; Carolin
et al. 2013). Note that all rainfall plots are shown on the same y-axis, from 0-700
mm. The location of our study site (near Makassar) is shown with a purple circle. The
locations of two other key climate records: a sediment core from the Makassar Strait

(green) and Lake Towuti (pink) are also shown.

3.4.2.2. Inorganic processes

Inorganic processes operating within the karst and in the cave itself may also contribute
to the 8'"°C value recorded in a stalagmite. Cave ventilation can influence Rayleigh
fractionation of carbon isotopes in the cave itself, leading to higher 8'°C values in the
speleothem. The partial pressure of CO; in the cave atmosphere influences the rate of
CO; degassing from drip waters as they attempt to equilibrate with their surroundings
(Hendy 1971). Ventilation of the cave atmosphere can lead to enhanced degassing of
drip water, which will result in more enriched 5'"°C values within the stalagmites

(Fairchild et al. 2006). To minimise degassing within the cave system prior to
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deposition on the stalagmite, cave ventilation needs to be minimised to allow the
stabilisation of CO, within the cave.

The Gempa Bumi stalagmites were collected ~200m from the cave entrance,
within an upper chamber accessed via a series of narrow passageways, to minimise
ventilation effects. While the narrow passageways restrict airflow, the presence of a bat
colony within the chamber indicates that it is not entirely isolated from the outside.
Despite this, the stalagmites were deposited in near isotopic equilibrium cave
conditions, therefore minimising the effects of inorganic processes on our speleothem
3"C.

Precipitation of calcite can sometimes occur prior to deposition on a stalagmite
during a process known as prior calcite precipitation (PCP). PCP is enhanced during
drier periods, when aeration of pockets within the karst promotes degassing of CO,
from solution, and calcite precipitation, which leads to higher 5"°C values in the
underlying stalagmite (Fairchild et al. 2006; Griffiths et al. 2010).

The signature of PCP is best identified by a positive correlation between the
natural logarithm of Mg/Ca and St/Ca in the speleothem, where PCP leads to an
increase in both ratios (Sinclair et al. 2012). PCP has been identified as a possible driver
of speleothem &' C signals in monsoon regions (Griffiths et al. 2010; Sinclair et al.

2012), and needs to be considered in our interpretation.

3.4.2.3. Testing for prior calcite precipitation (PCP)

PCP is difficult to definitively identify using 8'°C and §'°0 alone. Analysis of stable
isotope data together with trace element data provides additional information on PCP
above the cave system. Sinclair et al. (2012) demonstrated that the slope of the
relationship between the natural logarithm (/) of Mg/Ca and /nSr/Ca is defined by the
ratio of their distribution coefficients in calcite when PCP is present. This results in a
slope between 0.7 and 1.0, with the best estimate between 0.88 and 0.97. The slope
relationship between /nMg/Ca and InSr/Ca for stalagmite GB09-3 is 0.20 (R*=0.18),
which is well below the minimum value of 0.71 calculated by Sinclair et al. (2012).
This result suggests that PCP is not dominant above the Gempa Bumi cave system
(Figure 3.9B).

The Mg/Ca and Sr/Ca results show a large step change to lower values around

10 kyr BP. Therefore, we break the trace element time series into three separate periods
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to test for changes in the occurrence of PCP through time: the glacial period (15-40 kyr
BP), deglacial period (where covariance between Mg/Ca and Sr/Ca is the strongest;
9.5-15 kyr BP), and the Holocene (9.5 kyr BP—present) (Figure 3.9A through C). The

glacial and deglacial periods show no linear relationship between /nMg/Ca and /nSr/Ca

I ‘

T wetter
JJW Jv\w\ W,V 0.5

—
=
‘444 =
= ——
= -
Mg/Ca (mmol/mol)

|
\V]

125
L A 1 1 1 1 1 I I 3
0 5 10 15 20 25 30 35 40
Age (kyr BP)
-8.8 g -8.8 ¢
9l . -9t o
o 9.2} * o 92} °
© 94! o ° © _g.4 | Holocene o °
£ 96| £ o6} y=0.3?x—7.5 15— 40 kyr BP
D b . y=0.17x-9.0
z 98¢ = -98} .
-10 + s 10+
S 10 8 .
& -10.2¢ 5 -10.2+ ...'
C C
£ 104} = -10.4; ®® 95 15kyr BP
-10.6} -10.6} o y=0.10x - 9.4
-10.8 ‘ : : : : -10.8 : : : : ;
-8.5 -8 -7.5 -7 -6.5 -6 -8.5 -8 -7.5 -7 -6.5 -6
InMg/Ca (weight ratio) InMg/Ca (weight ratio)

Figure 3.9: Mg/Ca and Sr/Ca data for stalagmite GS09-3. (A) Sr/Ca (orange) and
Mg/Ca (green) records for GS09-3. Note that the axes are reversed. Trace element
analyses were conducted on every second stable isotope sample, resulting in a
resolution of ~100 years. (B) Comparison of the natural logs of Mg/Ca and Sr/Ca to test
for PCP. Note that these values are shown as weight ratios, with the y-axis reversed.
(C) As for (B) but with the data separated into Holocene, deglacial (9.5-15 kyr BP), and
glacial (15—40 kyr BP) values. These periods are defined by changes in the variability
and mean values of Mg/Ca, as shown by the coloured bar above plot (A). The shallow
regression slopes calculated in plots (B) and (C) suggests that PCP is unlikely to be

the dominant driver of the speleothem 5'*C record.
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(slope =0.17 and 0.10, R*= 0.0 and 0.1 respectively). Although Holocene values show
a steeper linear regression slope of 0.34 for /nMg/Ca and /nSt/Ca, this is still well below
the minimum value of 0.71 calculated by Sinclair et al. (2012) and this line does not fit
the data well (R*=0.3).

Overall, the trace element results do not support the interpretation of Sulawesi
speleothem 3'°C in terms of PCP. We therefore exclude it as a key driver of changes in
speleothem 8'°C within the Sulawesi record, but note that it cannot be excluded as a

minor driver.

3.4.2.4. Temperature and atmospheric CO:: vegetation
productivity

The interactive effects of changes in temperature and atmospheric CO; on vegetation
productivity (and stalagmite 8'°C) are not easily separated. Temperature and CO, co-
vary on glacial-interglacial timescales, with positive feedbacks on each other (e.g., Petit
et al. 1999; NGRIP 2004; EPICA 2006). In the IPWP, sea surface temperatures (SSTs)
rise concurrently with increases in atmospheric CO; during the last deglaciation,
starting at approximately 18 kyr BP (Lea et al. 2000; Visser et al. 2003; Linsley et al.
2010).

Direct effects of temperature and atmospheric CO, on stalagmite §'°C are
negligible, however secondary effects via vegetation and soil processes help drive
changes in stalagmite 8'°C. Temperature-dependent fractionation of carbon isotopes in
stalagmites is negligible, given that the atomic weight of '*C and "C are similar, so
phase changes during transport and deposition do not greatly favour one isotope over
the other (Fairchild and Baker 2012). Changes in the atmospheric concentration of CO,
also do not have a measurable direct effect on stalagmite §'°C, because the high partial
pressure of CO; in tropical soils overwhelms any direct atmospheric inputs (Cosford et
al. 2009).

Temperature and atmospheric CO, have secondary effects on stalagmite §'°C
through changes in vegetation and soil productivity. Changes in atmospheric CO;
concentrations play a key role in driving vegetation changes in the tropics on glacial-
interglacial scales (Levis et al. 1999; Bennett and Willis 2000; Harrison and Prentice
2003; Bragg et al. 2013). Model studies that look at the relative influence of

temperature and CO; on tropical vegetation show a reduction in the net primary



A 40,000 year speleothem 3'"°C record of environmental change | 153

productivity of tropical forests of 30% at the LGM, relative to modern, compared with a
10% reduction when only temperature was changed (Harrison and Prentice 2003). This
suggests that the concentration of CO; in the atmosphere is a key determinant of
vegetation productivity in the tropics (Bennett and Willis 2000; Bragg et al. 2013);
however, the influence of CO, may be further amplified by changes in climate
(Sinninghe Damsté et al. 2011; Claussen et al. 2013). This is due to carbon fertilisation
of tropical vegetation, which promotes vegetation productivity, and can act to limit
vegetation growth during periods of lower CO,, such as the LGM. Carbon fractionation
in biological processes favours '*C, so enhanced vegetation productivity and soil
processes will lead to lower 8'°C values in seepage water (Cosford et al. 2009).

Changes in vegetation productivity have been used in the interpretation of
tropical speleothem &'°C, and likely reflect a key component of our signal. Griffiths et
al. (2013) suggest that a shift towards lower 8'°C values in Flores, Indonesia during D-
O event 21 was likely triggered by increasing soil temperatures and soil biological
productivity at this time. Similarly, Cruz et al. (2006) interpret changes in §"°C in
stalagmites from Botuvera Cave, Brazil to reflect changing soil CO,, driven by
temperature and precipitation changes.

We show that the effects of changing C;:Cy4 vegetation, direct kinetic and CO,
inputs as well as PCP on Sulawesi stalagmite 5'"°C are likely to be small. Therefore, we
interpret changes in 3'°C in the Sulawesi stalagmite record to primarily reflect changes

in vegetation productivity above the cave.

3.4.3. Comparison with regional 813C records

Comparing the Gempa Bumi stalagmite 5'°C with regional palacoclimate records
suggests that the general pattern of variability in southwest Sulawesi is regionally
reproducible. Comparison of the Sulawesi 8"°C record with the Borneo and Flores
records allows us to test their combined value in providing a regional picture. Drip
water studies and 8"°C analysis have demonstrated that stalagmites from Borneo do not
record a regional climate signal (Partin et al. 2013). The Sulawesi and Borneo

stalagmite 8'°C records show limited similarities, as would be expected (Figure 3.10).
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Figure 3.10: Speleothem 5'°C records for the IPWP region. (A) Borneo (orange/brown;
Partin et al. 2013), (B) Sulawesi (green; GS09-3, olive; GS11-9; this study), and (C)
Flores (light blue; Griffiths et al. 2010; dark blue; Scroxton 2014). Note that the Flores
5'3C scale is larger than the other records. Replication between Sulawesi and Flores

5'3C supports our assertion of Sulawesi 3'°C as a regional climate record.

The only other speleothem 3'"°C records available for the equatorial Pacific come
from Flores (Griffiths et al. 2010; Scroxton 2014). The large-scale features of the two
records generally show good agreement, suggesting that they are both influenced by
regional signals (Figure 3.10). The three separate states evident within the record from
Sulawesi (glacial (40—18 kyr BP), deglacial (18—11 kyr BP) and Holocene (11 kyr BP—

present)) are also evident in Flores. The glacial state appears to be quite similar at
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Flores and Sulawesi, with both records showing similar patterns of variability until ~17
kyr BP.

The timing of the deglacial transition in stalagmite 5'°C is similar for Flores and
Sulawesi, suggesting this is a regional signal. Flores shows a large negative excursion at
18.2 kyr BP, which is concurrent with the beginning of the transition to interglacial
conditions in Sulawesi. The timing of this event matches the onset of deglacial warming
in Antarctica (Pedro et al. 2011), suggesting that both Flores and Sulawesi 8'°C are
sensitive to large-scale climate changes. While the exact nature of the transitional period
differs between the two records, the general patterns of variability match well. The
onset of full interglacial conditions occurs in both locations at ~11 kyr BP, again
suggesting a regional driver at this time.

The Holocene epoch (11 kyr BP—present) sees little similarity between Sulawesi
and Flores 8'"°C records. Sulawesi shows a ‘v-shaped’ pattern of variability while Flores
experiences a relatively stable Holocene. The climate of the Holocene is similar to
modern, and the divergence of the records during this period likely represents localised

differences in vegetation and environmental conditions.

3.4.4. Comparison with SST, COz and CH4

We have established that the Gempa Bumi speleothem &'°C record is most likely an
indicator of regional changes in environmental conditions. To further explore this idea,
we now compare the Sulawesi record with regional SSTs, and atmospheric CO; and

CHy,4 records to examine possible climatic drivers.

3.4.4.1. IPWP SSTs and atmospheric CO:

If stalagmite 8"°C does in fact reflect changes in vegetation and soil productivity and
changes in rainfall do not play a significant role, the Sulawesi record would be expected
to resemble reconstructions of regional SSTs and atmospheric CO,. The Sulawesi
speleothem &'°C record appears to follow regional SST changes, particularly relating to
the timing of deglaciation. SSTs calculated from G. ruber Mg/Ca ratios in a composite
of cores from the western IPWP show a 3—4°C cooling during the LGM relative to the
Holocene (Linsley et al. 2010) (Figure 3.11A). Deglacial warming begins at
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approximately 18.5 kyr BP, with the majority of the warming completed by
approximately 10 kyr BP.

The timing of deglaciation is mirrored in the Gempa Bumi stalagmite §'°C
record, which begins to transition to Holocene values at ~18 kyr BP. A slow-down in
the rate of transition between 14.5—12 kyr BP is mirrored by a slowing in the rate of
SST warming, before a continuation of the trend until ~11 kyr BP. The two records
diverge during the Holocene, suggesting that temperature is not the dominant driver of
Sulawesi 8'°C at this time.

Atmospheric CO; and temperature are known to co-vary over glacial-interglacial
cycles (e.g., Petit et al. 1999), with positive feedbacks that drive climate change.
Atmospheric CO; concentrations and temperature are important drivers of tropical
vegetation productivity, both via CO; fertilisation of vegetation and increased
vegetation productivity under warmer temperatures (Levis et al. 1999; Bennett and
Willis 2000; Harrison and Prentice 2003; Claussen et al. 2013). The trends of CO,
change over the last 40 kyr BP closely follows the Sulawesi 8'"°C record, suggesting that
CO,, alongside temperature, may be driving vegetation productivity. During the glacial
period, the trend in CO, in the Byrd ice core record matches a similar trend in the 5"°C
record (Figure 3.11B). The timing of the onset of deglaciation is similar in both records,
occurring around 17.5 kyr BP, and ending at around 11 kyr BP. Two large negative
isotope excursions during this transition also occur in the CO, record, surrounding a
plateau in both §"°C and CO,. During the Holocene, the pattern of variability is similar
between records, with both records exhibiting a ‘trough’ during the middle Holocene.
The good agreement between Sulawesi 8'°C, regional SSTs and atmospheric CO,
supports our conclusion that §'"°C is recording changes in vegetation and soil

productivity, driven by changing temperature and COx.

3.4.4.2. Atmospheric methane

Wetland vegetation has been shown to drive atmospheric methane concentrations on
glacial/interglacial timescales (e.g., Chappellaz et al. 1997; Déllenbach et al. 2000;
Valdes et al. 2005; Baumgartner et al. 2012). Quantification of the relative contributions
of methane sources and sinks to the LGM atmospheric methane minimum remains an
area of debate (e.g., Valdes et al. 2005; Fischer et al. 2008; Levine et al. 2011).

However, it is thought that the tropics remained a source of atmospheric methane during
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Figure 3.11: Relationship between Sulawesi 5'°C, regional SSTs and atmospheric CO,
over the last 40 kyr. (A) Sulawesi 5'°C compared with reconstructed SSTs for the
western IPWP (Linsley et al. 2010). The SST anomaly curves are composites based on
eight sediment cores from the western IPWP region (light brown), and four cores from
Makassar Strait (dark brown). (B) Sulawesi 8'>C compared with ice core CO,
concentrations. Purple is the composite CO, record of Luthi et al. (2008). Pink is the
CO, record from the Byrd ice core (Ahn and Brook 2007; Ahn and Brook 2008). The
close association between Sulawesi 5'°C, regional SSTs and atmospheric CO, support
our conclusion that Sulawesi 5'°C is recording changes in vegetation and soil

productivity, driven by changing temperature and CO..
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the LGM, particularly on exposed continental shelves within the Indonesian archipelago
(Kaplan 2002; Kaplan et al. 2006).

The Gempa Bumi stalagmite 8"°C record closely follows atmospheric methane
concentrations, as recorded in polar ice cores (Figure 3.12). The agreement between the
Sulawesi speleothem 8'°C and EPICA ice core methane is strongest during the glacial
and deglacial periods, with the Holocene exhibiting a distinct mismatch in the timing of
key features. Differences in the sampling resolution combined with small offsets in
timing between records makes statistical quantification of this relationship difficult.
However, when both records are detrended to remove the deglacial trend, and smoothed
to remove high-frequency variability, there is a significant negative relationship evident
between records (R =-0.48, p = 0).

During the glacial period (40—18 kyr BP), agreement between speleothem &'°C
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Figure 3.12: Comparison of Sulawesi 3'°C (green/olive) and methane concentrations in
the EPICA ice core (purple; Loulergue et al. 2008). The high degree of co-variance
between records, particularly during abrupt climate events during the deglaciation
suggest that Sulawesi 5"°C may be acting as a proxy for tropical methane emissions,

via the demonstrated relationship with vegetation productivity (Figure 3.11).
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and EPICA methane is good. The overall patterns of variability, as well as many of the
smaller features are evident in both records, particularly prior to 30 kyr BP. During the
glacial period, most of the boreal northern wetlands were covered by ice or permafrost,
reducing their methane output (Kaplan et al. 2006). Wetland methane emissions during
the LGM are therefore expected to be primarily from tropical sources. It is likely,
therefore, that the correlation between atmospheric methane and Sulawesi speleothem
8"°C is related to vegetation productivity within the region.

The timing of rapid negative transitions in speleothem §'"°C at ~14 kyr BP and
~11 kyr BP correspond with times of rapid increases in the concentration of
atmospheric methane (within dating error). These events occur at times of rapid global
climate change during meltwater pulse 1A (Clark et al. 1996) and the end of Heinrich
Event 1/beginning of Belling-Allerod warming (Kienast et al. 2003; Weaver et al. 2003;
Rosen et al. 2014) and during meltwater pulse 1B (Bard et al. 2010) and the end of the
Younger Dryas (Fairbanks 1989; McManus et al. 2004) respectively. Previous studies
have suggested that the rapid jumps in methane are driven by tropical wetlands
(Schaefer et al. 2006; Rosen et al. 2014), and our results appear to observationally
verify this hypothesis for the first time.

The Sulawesi stalagmite 5'"°C record diverges from the record of atmospheric
methane concentrations during the Holocene; however, the overall patterns of
variability over this time do show some similarities. The decrease in methane
concentrations during the mid-Holocene, and its gradual rise towards pre-industrial
values remains an area of great debate, particularly as to whether this signal is natural or
anthropogenic (e.g., Chappellaz et al. 1997; Ruddiman 2003; Ferretti et al. 2005; Burns
2011; Singarayer et al. 2011; Yu 2011). The Sulawesi 8'°C record shows a similar
“trough” during the Holocene; however, the timing of the maximum occurs
approximately 2.5 kyr earlier than the change in methane. Given the steep karst terrain
from which the stalagmite was collected, it is unlikely to be recording an anthropogenic
signal. During the Holocene, high latitude methane sources played a more dominant
role in determining the global methane budget than during the LGM (Chappellaz et al.
1997). The increased importance of high latitude northern hemisphere methane
emissions during this time could account for the apparent disconnect with tropical
speleothem 8'°C and atmospheric methane concentration during the Holocene.

Enhancement of the Australasian monsoon since the mid-Holocene, driven by increased
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convection over the [IPWP (DiNezio and Tierney 2013 and Chapter 2) (Figure 3.7) and

an increasing northern summer insolation (Burns 2011; Singarayer et al. 2011), could

help drive the rise in both speleothem §'°C and methane at this time.

3.5. Conclusions

High-resolution, precisely dated speleothem ' °C records for Sulawesi, Indonesia,
appear to act as a proxy for vegetation productivity over the last 40 kyr. The good
agreement between the Sulawesi 8'°C record and atmospheric methane suggests that
8"°C may be a proxy for changes in tropical methane emissions related to changes in
vegetation productivity. While previous studies have suggested that tropical speleothem
8'"°C may act as a proxy for tropical methane emissions (Burns 2011; Griffiths et al.
2013), the results of this study suggest that the Australasian tropics could be a
contributor to the glacial atmospheric methane budget. Vegetation climate modelling is
required to understand this dynamic link and explore the relationships between
vegetation dynamics in Indonesia and the tropics as a whole. This concept will be

explored in the following chapter.
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CHAPTER FOUR

Speleothem 86%°C, vegetation
modelling and the glacial
methane budget

4.1. Introduction

4.1.1. A tropical driver of glacial atmospheric methane
concentrations?

In chapter three of this thesis, it was suggested that tropical vegetation productivity
appears to be the primary driver of the glacial methane budget (e.g., Valdes et al. 2005;
Kaplan et al. 2006; Fischer et al. 2008). The strong relationship between ice core
methane concentrations and speleothem &'°C from Sulawesi provides evidence for this
relationship, via the common influence of changes in tropical vegetation productivity on
speleothem 3'°C and tropical methane production (Figure 4.1). It has previously been
suggested that speleothem 8"°C could provide a proxy for atmospheric methane
(Griffiths et al. 2013); however, this study is the first to explore this relationship
explicitly. The Sulawesi 8"°C record likely provides the first tropical proxy evidence for
the contribution of tropical wetlands and vegetation productivity to the atmospheric

methane budget over the last 40 kyr.
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In this chapter, we will attempt to quantify and explore this relationship through
the use of the Sheffield Dynamic Global Vegetation Model (SDGVM), in order to
further validate our interpretation of Sulawesi speleothem 8"°C (see chapter 3). The
addition of vegetation modelling to our proxy-based study allows us to explore the
nature and drivers of tropical methane emissions, and determine if Sulawesi 8"°C is

acting as a proxy for tropical vegetation production, and glacial methane concentrations.

4.1.2. The global methane budget

The modern global methane cycle is dominated by methane from natural wetlands,
which account for ~60-80% of methane emissions (excluding anthropogenic sources;
Kirschke et al. 2013). The remaining atmospheric methane is from geological sources
including oceans (~15%), freshwater lakes and rivers (~11%), animals (~4%), termites
(~3%), hydrates (~2%), biomass burning (~1%) and permafrost (<1%) (Kirschke et al.
2013). Natural wetlands are primarily located in the tropics and northern hemisphere
mid-high latitudes. About 60% of modern methane emissions from wetlands are from
tropical sources, and ~40% from boreal (Aselmann and Crutzen 1989; Cao et al. 1996;
Guo et al. 2012). This ratio is not consistent through time, with swings between glacial
and interglacial climates having a huge impact on both the absolute and relative
tropical:boreal strength of wetland emissions (e.g., Chappellaz et al. 1997; Déllenbach
et al. 2000).

4.1.3. Palaeo-records of atmospheric methane
concentration

Ice cores from the high latitudes provide a direct proxy of past atmospheric methane
concentrations in air trapped within layers of ice. Analysis of atmospheric methane
concentrations in ice cores has provided a high quality record of methane variability
over the last 800 kyr (e.g., Loulergue et al. 2008) (Figure 4.1). While the concentration
of atmospheric methane is well constrained, identifying the changing sources of
methane through time remains an area of debate, because of the limited spatial
availability of methane proxies (e.g., Brook et al. 2000; Fischer et al. 2008; Levine et al.
2011).
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Figure 4.1: EPICA Dome C methane concentration (top) over the last 800 kyr BP.
(bottom) Methane concentrations for the last 40 kyr BP. Sulawesi speleothem 3'°C

data are overlain on the right-hand axis. Methane data from Loulergue et al. (2008).

The difference in methane concentrations between Greenland and Antarctica
(referred to as the methane “gradient”) has been used to infer methane sources through
time. Methane is relatively well mixed within the atmosphere, however a methane
gradient exists because of the dominance of methane sources in the northern
hemisphere, compared to the southern hemisphere. Greater concentrations of methane
recorded in Greenland ice cores, relative to Antarctic ice cores, imply a dominant
northern hemisphere source (Baumgartner et al. 2012). A reduction in the strength of
this gradient suggests an increase in the relative importance of southern hemisphere
methane sources. Chappellaz et al. (1997) and Dillenbach et al. (2000) used this
method, and a simple three-box model, to argue for a dominant tropical source of
methane during the last glacial period. Fischer at al. (2008) similarly argue for enhanced
boreal wetland emissions during the Bolling-Allered, and the early Holocene because of

the relatively higher methane concentrations seen in Greenland, relative to Antarctica.
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Examining the methane gradient provides valuable information on the changing
contribution of northern boreal methane sources to the global atmospheric budget. This
method is less useful for studying the tropics however, since the tropics straddle the
equator, contributing to both the northern and southern hemisphere budgets as the
Intertropical Convergence Zone moves north/south on both seasonal and orbital
timescales.

The other key proxy evidence of past atmospheric methane sources is related to
the isotopic composition of the methane preserved in ice cores. Isotopes of carbon and
hydrogen are incorporated into the methane molecule and are fractionated according to
the sink (Fischer et al. 2008). These isotopic differences between methane reservoirs
can be used to infer the likely source of methane. Methane emitted by marine clathrates
for example, is enriched in both "°C and deuterium (D), making it isotopically distinct
from living methane sources, which are depleted in D (Figure 4.2) (Fischer et al. 2008).

While this method is useful for examining the contribution of some sources,
including marine clathrates and biomass burning, the isotopic signature of methane
emitted from living plants and wetlands is very similar between sources. This method,
therefore, cannot be used to distinguish the relative influence of tropical or boreal

wetlands on the atmospheric methane budget.

4.2. Possible contributors to the past
atmospheric methane signal

While tropical and boreal wetlands produce the vast majority of natural methane
emissions at present, the sources and magnitude of methane emissions have not
remained constant through time. By combining ice core records of the concentration and
isotopic composition of methane in both the northern and southern high latitudes with
climate models, a number of hypotheses of the changing sources of methane over the
last glacial period and through to the Holocene have emerged (e.g., Chappellaz et al.
1997; Dillenbach et al. 2000; Kaplan 2002; Baumgartner et al. 2012). We explore the

main theories below.
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Figure 4.2: Carbon and hydrogen isotope signatures in methane as an indicator of
source (from Fischer et al. 2008). Mainly anthropogenic sources are indicated by open
circles, mainly natural sources by dark grey dots. The error bars indicate the spread of
reported values. No dD values for plant emissions are available so far. Open stars
indicate the modelled average atmospheric 5"*CH, and 3D(CH,) for the 1990s,
preboreal Holocene (PB), Younger Dryas (YD), Bgalling/Allerad (BA) and LGM (Fischer
et al. 2008). Filled stars represent best-guess model estimates for average 5"°CH, and
0D(CH,) emitted. The dashed line represents a linear fit through these isotopic
emission averages. See Fischer et al. (2008) for a full description of the methods used

to produce this figure.

4.2.1. Wetlands

Natural wetland emissions of methane are split between two main sources: tropical
wetlands (~60% of wetland emissions) and boreal wetlands (~40%) (Aselmann and
Crutzen 1989; Cao et al. 1996; Guo et al. 2012). Methane production is the result of

microbiological processes, where organic material is degraded anaerobically (Segers
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1998). In freshwater environments, methanogens primarily produce methane through
the decomposition of plant material (Reddy and DeLaune 2004):
CH;COOH - C0O, + CH, (1)

The amount of methane produced within wetlands is controlled by a number of
factors, including the organic matter content and nutrient composition of soil, as well as
climatological factors such as regional hydrology and temperature (Reddy and DeLaune
2004). Regional hydrology is an important contributor to methane emissions. Since
methanogens require anoxic conditions to produce methane, the height of the water
table is an important factor in determining methane production (Moore and Roulet
1993). In regions where water table height is relatively constant, soil temperature
becomes the primary determinant of methane emissions. Soil temperature influences the
metabolic activity of microorganisms, directly affecting methane emission rates (Reddy
and DeLaune 2004). Field studies on northern peat-land sites suggest that mean
seasonal soil temperature can account for as much as 84% of the observed variance in
methane emissions (Christensen et al. 2003). However, the relative importance of
hydrology and temperature are not universally agreed upon, with studies often
disagreeing as to the primary control on methane emissions. Ecosystem productivity
acts as an excellent proxy for wetland methane emissions, encompassing the effects of
both hydrology and temperature, among other factors (Whiting and Chanton 1993).

It is generally agreed that wetland methane emissions were an important
contributor to the atmospheric methane budget in the past (e.g., Valdes et al. 2005;
Kaplan et al. 2006; Baumgartner et al. 2012; Guo et al. 2012). Estimates of the relative
influence of wetlands on the past atmospheric methane budget have relied upon
secondary proxy evidence and modelling studies. Examination of the atmospheric
methane gradient between Greenland and Antarctica suggests that it is greatest during
warmer periods, when northern hemisphere boreal sources play a stronger role
(Baumgartner et al. 2012).

Model studies of methane emissions since the Last Glacial Maximum (LGM,;
~21 kyr BP) similarly suggest the continued importance of wetlands in the global
methane budget, but do not necessarily agree as to the changes in tropical versus boreal
contributions. Simple box models have been used in a number of studies to examine the
changing methane source regions since the LGM. The relative influence of the tropics

versus boreal wetlands varies between models, from a relatively stable tropics and
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variable boreal source (Dillenbach et al. 2000) to co-varying tropics and boreal sources
(Chappellaz et al. 1997; Baumgartner et al. 2012). Coupled general circulation models
(GCMs) have also been used to examine this question, and tend to suggest a more
dominant role for the tropics, because of the freezing of northern boreal wetlands

(Valdes et al. 2005; Kaplan et al. 2006; Fischer et al. 2008).

4.2.2. Shelf flooding hypothesis

Global sea level and atmospheric methane show good agreement in the timing of rapid
events (Ridgwell et al. 2012). Ridgwell et al. (2012) proposed that flooding of shallow
continental shelves during sea-level rises leads to an abrupt release of methane as the
vegetation cover decomposes. The rising water table favours anoxic conditions,
promoting decomposition of organic material by methanogens. This mechanism has
been observed in the modern day following flooding caused by the creation of a dam
(e.g., Galy-Lacaux et al. 1999; Kemenes et al. 2007), and is particularly pronounced in
the tropics, where warm temperatures reduce oxygen solubility and enhance metabolic
processes.

The possible influence of shelf flooding on atmospheric methane concentrations
can be best demonstrated during meltwater pulse 1A and 1B at 14.6-14.3 kyr BP and
11.4-11.1 kyr BP respectively. During these events, large shelf areas were inundated,
particularly within the Indonesian archipelago, resulting in methane ‘bursts’ amounting
to rises in atmospheric methane of ~24-50 ppbv (Ridgwell et al. 2012). While such a
change is significant, it only accounts for ~15-30% of the total methane change

observed at these times, suggesting this mechanism acts alongside other processes.

4.2.3. Marine gas clathrates

Catastrophic release of marine gas clathrates has been suggested as a source of large
methane excursions recorded by ice cores during the deglaciation. The “methane-led
hypothesis” suggests that large releases of methane from clathrates destabilised during
large underwater landslides triggered the last deglaciation, which subsequently led to
increases in atmospheric CO, and global temperature (e.g., Kennett et al. 2000; Nisbet

2002). Studies of the 3'"°C of foraminifera preserved in a sediment core off the west
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coast of the USA provide key proxy evidence for methane hydrate instability during the
last deglaciation, with foraminifera recording large and abrupt carbon isotopic
excursions during the inferred methane events (Kennett et al. 2000). This work has been
discussed in subsequent studies, which suggest that the “methane” signal observed in
this study was highly localised, and not an indicator of a larger clathrate destabilisation
(Sowers 2006; Etiope et al. 2008).

The distinct isotopic signature of methane derived from marine clathrates acts as
a fingerprint for this reservoir. Marine methane reservoirs are relatively enriched in
deuterium (8D(CHy)), but have 8'*CH, values similar to wetlands (Sowers 2006;
Fischer et al. 2008) (Figure 4.2). Comparison with ice core ' CHj records allows it to
be ruled out as a major contributor to the glacial/interglacial change in atmospheric
methane, which was derived from a source depleted in deuterium (Schaefer et al. 2006;

Fischer et al. 2008).

4.3. Models and methods

In this study, we use model outputs from the Sheffield Dynamic Global Vegetation
Model (SDGVM), a vegetation model that is coupled to the HadCM3 climate model to
simulate changes in vegetation dynamics over the last 40 kyr. These simulations were
run by Dr Joy Singarayer and Dr Paul Valdes at Bristol University, and provided to this
author for analysis. All analyses presented in this chapter are original work, unless

stated otherwise.

4.3.1. HadCM3 general circulation model

The HadCM3 model (short for the Hadley Centre Coupled Model, version 3) is a
coupled ocean-atmosphere-sea ice GCM, used to simulate global climate change. The
resolution of the atmospheric model is 2.5° latitude by 3.25° longitude, with 19
unequally spaced vertical levels (Gordon et al. 2000). The ocean model resolution is
1.25° latitude by 1.25° longitude with 20 unequally spaced layers extending to a depth
of 5200 m. The sea-ice model uses a simple thermodynamic scheme, and a
parameterisation of ice drift and leads (Cattle et al. 1995). Coupling between the model

components occurs daily, with fields passed between the models at this time, prior to



Speleothem §"°C, vegetation modelling and the glacial methane budget | 177

continuing the simulation (Gordon et al. 2000). The third version of the HadCM model
does not require flux adjustments (see Gordon et al., 2000 for a detailed discussion of
the model parameters).

Climate simulations from the HadCM3 model have been validated against both
proxy records, and other GCMs. The HadCM3 model has been shown to represent
modern climate conditions well, through comparison with observational datasets
(Gordon et al. 2000; Pope et al. 2000) (Figure 4.3). The spatial distribution of
temperature gradients is well represented within HadCM3, as are the broad meridional
structures, and absolute temperatures. The spatial pattern of precipitation is also well
captured by HadCM3, particularly across the tropics, where the location and strength of
the Inter-tropical Convergence Zone compares well with observations (Figure 4.3).
Validation of HadCM3 palaeoclimate simulations has also been undertaken, namely
through the palaeoclimate intercomparison projects (PMIP) (Braconnot et al. 2007a;
Braconnot et al. 2007b), and a proxy-model study by DiNezio and Tierney (2013).
HadCM3 represents LGM climate conditions relatively well when compared to other
PMIP models (Braconnot et al. 2007a; Braconnot et al. 2007b); however, when
compared with LGM proxy data from the Indo-Pacific Warm Pool, HadCM3 becomes
the only model to successfully capture the climate conditions recorded by both
terrestrial and marine proxies (DiNezio and Tierney 2013) (Figure 4.4). For the
purposes of this study, the HadCM3 climate model has been coupled to the SDGVM

vegetation model to produce high resolution simulations of global vegetation.

4.3.2. SDGVM vegetation and wetland model

The SDGVM is a global primary productivity and phytogeography model (Woodward
et al. 1995). The model uses climatic inputs from HadCM3 to simulate dynamic
changes in vegetation properties, in response to changing climate variables. Several key
processes simulated within the SDGVM include: net biome production, net primary
productivity (NPP), gross primary productivity (GPP), intercellular CO, concentration,
nitrogen uptake into plant, leaf area index (LAI), maximum canopy height, above
ground tree mass, plant density and vegetation functional type composition (Woodward

and Lomas 2004).
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Figure 4.3: Temperature and precipitation as represented by HadCM3, compared
against modern observations. Mean annual temperature (A) and precipitation (B) for
HadCMa3. (C) Observational temperature data from the NCEPII reanalysis (Kanamitsu
et al. 2002) and (E) NOAA’s 20th Century Reanalysis Project (Compo et al. 2011). (D)
Observational precipitation data from the Global Precipitation Climatology Project
(Adler et al. 2003) and (F) the CPC Merged Analysis of Precipitation (Xie and Arkin
1997). N.B. Reanalysis datasets (which combine observations and model outputs),
while not strictly observations, are global in extent, making them suitable for

comparison with global HadCM3 output.

Vegetation characteristics are diagnosed from the model by simulating the
processes that affect vegetation (Woodward and Lomas 2004). The main processes
driving vegetation are climate, atmospheric CO, concentration, the soil nitrogen budget
and soil characteristics. Vegetation types are categorised into “plant functional types”

(PFTs), which allows plant species to be broadly categorised, thus simplifying model
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Figure 4.4: Proxy-model comparison demonstrating the skill of HadCM3 at simulating
LGM climate across the Indo-Pacific Warm Pool. (A) Rainfall changes between LGM
and pre-industrial (Pl) climate simulations expressed as a percentage of Pl annual
mean precipitation. The maximum Cohen’s k and optimal threshold for defining drier or
wetter conditions is shown for each model. (B) Cohen’s k for each model as a function
of wetter/drier threshold. Stippling indicates statistically significant (p <0.05) k values.
Figure adapted after DiNezio et al. (2013). See DiNezio et al. (2013) for a full

description of the methods and models used to produce this figure.
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calculations, and facilitating their dynamic response to other model variables. The
response of PFTs is driven by sensitivities to temperature, net precipitation
(precipitation minus evapotranspiration) and net primary productivity. This means that
vegetation is able to respond to changes in the environment and provides a dynamic
feedback to both small-scale vegetation processes, and large-scale climate changes.
Vegetation response to changing climate and environment is not instantaneous, but is
dependent on the cycle of mortality and establishment of PFTs. Fire is simulated in the
model when leaf litter reaches a critical dryness (Singarayer et al. 2011), with grassland
re-establishing the burnt region, followed by larger trees, if climate conditions permit
(Woodward and Lomas 2004).

Validation of this model has been undertaken on a variety of scales, from leaf
processes to global scale fluxes, and it has been shown to compare well with
observational datasets (Woodward and Lomas 2004). The ability of SDGVM to
accurately simulate observed vegetation lends confidence to its ability to reasonably

simulate past changes in vegetation (Figure 4.5).
4.3.2.1. Wetland module

The SDGVM does not model methane emissions in its standard configuration, and an
additional methane module is used to simulate wetland extent and methane emissions
(Note that the name SDGVM will now include reference to the methane module). The
methane module uses temperature, precipitation, relative humidity, soil type and
atmospheric CO, concentration outputs from HadCM3 and the SDGVM to calculate
methane emissions (see Singarayer et al. 2011; Wania et al. 2013 for a detailed

discussion of the methods used to calculate methane emissions.)

4.3.2.2. Wetland module validation

The SDGVM participated in the Wetland and Wetland CH4 Inter-comparison of Models
Project (WETCHIMP) project in 2013, which aimed to compare and validate available
methane models (Melton et al. 2013; Wania et al. 2013). This project provides a multi-
model comparison of the skill of the SDGVM in simulating global methane emissions,
and a means of validating it for use within this study. SDGVM over-represents total

wetland area when compared against modern observations, with large areas of the
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(A)
Bare C3 C4 EvBI EvNI DcBI DcNI
(B)
Cropland land Bare DcBI/EvBI
Grazing land C3 C3/C4
EvNI/DcBI Bare
EvNI/DcBI C3/C4
EvNI DcBI/C4
EvNI DcBI
DcBI EvBI

Figure 4.5: SDGVM modelled and observational modern vegetation cover (figure from
Woodward and Lomas 2004) (A) Simulated distribution of dominant plant functional
types. Bare, bare ground (desert); C3, C3 grasses and shrubs; C4, C4 grassland; EvBI,
evergreen broadleaf trees; EvNI, evergreen needleleaf trees; DcBlI, deciduous
broadleaf trees; DcNI, deciduous needleleaf trees (boreal). (B) Actual global land cover
for 1990 (from Goldewijk 2001), with vegetation classes simplified to functional types,

for comparison with A.
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tropics and boreal regions represented by near-100% wetland cover, however the spatial
distribution of wetlands is relatively well represented. Despite this, the spatial
distribution and absolute amount of methane emissions compare well with other
models, showing a maximum in emissions across the tropics, driven largely by
emissions from the Amazon (Figure 4.6).

Methane emissions are dependent on temperature, water table depth and the
organic load within the soil. Sensitivity experiments undertaken within the SDGVM for
WETCHIMP demonstrate the SDGVM'’s sensitivity to changing CO, concentrations,
air temperature and precipitation (Melton et al. 2013). Wetland sensitivity varied by
location in SDGVM, with the tropics and extratropics responding differently to the
various forcings (Melton et al. 2013). The tropics proved most sensitive to an increase
in CO; concentrations via fertilisation of tropical vegetation, while the extratropics were
most sensitive to an increase in temperature, because of the seasonal sub-zero

temperature experienced across the northern mid to high-latitudes.

0.0 0.1 1 5 10 20 40 75 100 150 200 250

Methane emissions (g CH, m* of wetland yr)

Figure 4.6: Magnitude and distribution of methane emissions as simulated by the
SDGVM. Figure after Melton et al. (2013).
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4.3.3. Model simulations

HadCM3 and SDGVM were run at 1-2 kyr time slices over the last 40 kyr to produce a
time-series of global vegetation and methane change. Time slices were run in HadCM3
every 1 kyr for the period 22 kyr—0 kyr BP, and every 2 kyr for the period 40 kyr-22
kyr BP. This resulted in a total of 32 time slice simulations for the period 40 kyr BP to
present. The model simulations were produced and published in Singarayer et al. (2010)
and Singarayer et al. (2011).

HadCM3 was forced with time slice accurate changes to orbital configuration,
ice sheet volume (and sea level) and greenhouse gases for each time slice, following the
methods of Singarayer et al. (2010), and Singarayer et al. (2011). All time slices were
run from an equilibrated pre-industrial control run, and forced with boundary conditions
appropriate to the time slice being run. The model was then allowed to re-equilibrate
under these new conditions for 500 model years. The results presented here represent
the climatology of the last 30 years of each model run.

SDGVM was forced by the climate outputs derived from HadCM3, to produce a
dynamic vegetation response to the modelled climate time slices. It is important to note
that abrupt millennial-scale events were not simulated in this experiment. The model
simulations were run using 1-2 kyr “snap shots” of climate, which were subsequently
combined to provide a time-evolving picture of climate change since 40 kyr BP. This is
not a “transient” experiment, in that a continually evolving climate was not simulated,
but rather the time evolution of climate was simulated through the use of 1-2 kyr snap
shots. For this reason, we do not see key millennial-scale events within our output,
including Heinrich events, Dansgaard-Oeschger events, the Bolling-Allerad and the

Younger Dryas.

4.4. Results

4.4.1. Methane sources

The sources of methane over the last 40 kyr BP can be examined within the SDGVM.
Methane sources are broken up into three categories: tropics (+30°), boreal (>35°N) and

other (>30°S and 30-35°N). These definitions have been used to follow the convention
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established by the WETCHIMP project, to allow comparisons between models (Melton
etal. 2013).

Throughout the last 40 kyr, the tropics remain the dominant source of methane
emissions, with the boreal region playing a more variable role (Figure 4.7). Methane
emissions from the tropics remain relatively high throughout the last 40 kyr, with only a
small reduction in total emissions during the LGM. The small reduction is due to the

relatively warm temperatures that remained in the tropics during the last glacial period.

Figure 4.7: Methane sources from the SDGVM. (A) Map showing the spatial
distribution of regions using in this study. Inset map shows Indonesia (red box) and
Sulawesi (pink grid cell) as represented for the present day in the SDGVM. (B)
Methane emissions by region. (C) Stacked regional emissions showing the relative
contribution to the global total. (D) Regional emissions as a percentage of the total
emissions. Regions are identified by the same colour in each panel: tropics (green),

boreal (blue) and other (grey).
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However, methane emissions from boreal sources decrease dramatically during the
LGM, because of the presence of sub-zero temperatures throughout most of the year.
During boreal summer, temperatures move above zero, facilitating the emission of
methane from the northern high latitudes at this time (Figure 4.8). The relative
contributions of tropical and boreal sources to glacial methane emissions highlight the
importance of the tropics in the glacial methane budget (~75%), relative to the boreal
(~20%). During the Holocene, however, their relative contributions converge, with the
tropics contributing ~60% of methane emissions, compared to ~40% from boreal

sources, in line with modern observations (Aselmann and Crutzen 1989; Cao et al.

Figure 4.8: Surface air temperature during the glacial period (32—-15 kyr BP) in
HadCM3 (used to drive the SDGVM). (A) Austral summer air temperature (DJF). (B)

Boreal summer air temperature (JJA).
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1996; Guo et al. 2012). This result agrees well with previous studies (Chappellaz et al.
1997; Dillenbach et al. 2000; Valdes et al. 2005; Kaplan et al. 2006; Fischer et al.
2008), and validates our use of this model for further investigation of methane

emissions.

4.4.2. Methane emissions from exposed Indonesian
shelves

Vegetation on exposed shallow continental shelves during the LGM, when sea level was
~120 m lower than modern, present a challenge and a source of uncertainty within the
SDGVM. Changes in sea level over the last 40 kyr result in an increase in land area
across Indonesia of ~42% (~7% for the tropics) between 40 kyr BP and the present in
the SDGVM. This new land area within the Indonesian archipelago is treated as a
continuation of the surrounding vegetation on permanently exposed island areas within
the SDGVM, and is designated as tropical rainforest. Changes in sea level, therefore,
have a large impact on the total methane emissions, particularly across Indonesia, which
increase dramatically when sea level is lower than at present (Figure 4.9). Methane
emissions from exposed shelf grid cells have a smaller influence on emissions from
Sulawesi and the tropics as a whole, where the total amount of methane emitted
increases, but the general trends and patterns of emissions over the last 40 kyr remain
relatively constant.

Vegetation of newly exposed continental shelves across Indonesia remains
controversial, with palaeoenvironmental studies suggesting a range in vegetation
conditions could have existed across the Sunda Shelf during low sea levels. A synthesis
of palacoenvironmental records by Bird et al. (2005) suggested the existence of a
savannah grassland across the exposed Sunda Shelf during the last glacial period,
supported by a range of palynological, geomorphological and biogeographical studies.
This result is not conclusive however, with a number of studies suggesting the existence
of tropical rainforest across the same area, or a combination of the two vegetation types
(e.g., Sun et al. 2000; Hope 2001; Taylor et al. 2001; Meijaard 2003). Population of
tropical rainforest on the exposed shelf area, as simulated by the SDGVM, can therefore
be considered an upper estimate of the likely methane emissions from this region during

the glacial period. Methane emissions for Indonesia are dominated by this signal when
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Figure 4.9: Influence of exposed land area across Indonesia on total methane
emissions in the SDGVM. Only modern land areas are included in the black totals.
Changing ocean/land grid cells resulting from changes in sea level are included in red.
Top: methane emissions from Sulawesi. Middle: methane emissions summed over
Indonesia. Bottom: methane emissions summed over the tropics (x30°). Regions are
defined in Figure 4.7A.

exposed land area is considered (Figure 4.9), introducing a large source of uncertainty
into results from this region. We therefore choose to only consider emissions from land

areas exposed in the present-day to reduce the uncertainties associated with the
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treatment of vegetation on the Sunda Shelf, but note that our subsequent analyses

present a minimum estimate of Indonesian and tropical methane emissions.

4.4.3. Seasonality of methane signal

The seasonally uniform methane emissions from Sulawesi lend confidence that the
speleothem is recording the mean annual vegetation signal and methane emissions. A
seasonally skewed signal that may be recorded if karst processes and residence time
biased speleothem growth towards a particular season. The lack of seasonality in
methane production simulated by the model suggests that the Sulawesi speleothem &'°C
is recording the annual mean in local methane production. Results are given for
Sulawesi, the whole of Indonesia, and the whole of the tropics (Figure 4.7A). We chose
to look at all three regions to ensure that we are comparing both the local and regional
signals of methane emissions. The model simulation of monthly methane production in
Sulawesi shows a relatively uniform methane emission rate throughout the year, with a

slight reduction in emissions during the winter monsoon months (Figure 4.10).

4.4.4. Tropical drivers of glacial methane emissions

The dominance of tropical methane emissions during the last glacial period (prior to
deglaciation beginning at ~18 kyr BP) provides a mechanism by which the Sulawesi
speleothem &'°C and ice core atmospheric methane concentrations co-vary so closely
over this period (Figure 4.1). The relationship between ice core methane and
speleothem &'°C is strongest during the glacial period, when tropical methane sources
dominated the total wetland emissions (Figure 4.7). The Sulawesi speleothem &'°C,
which we suggest is indicative of a wider regional signal, is recording the key changes
in tropical vegetation productivity and methane emissions, and therefore the general
pattern of change in glacial atmospheric methane concentrations.

During the Holocene, boreal methane sources play a much stronger role in the
overall budget, contributing ~40% of the total emissions. This results in a disconnect
between Sulawesi speleothem 3'°C and the ice core methane record, which now reflects

a more equal mix of methane from both tropical and boreal sources.
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Figure 4.10: Mean monthly methane emissions in the SDGVM. Top: monthly methane
emissions from Sulawesi. Middle: monthly methane emissions summed over
Indonesia. Bottom: monthly methane emissions summed over the tropics (£30°).

Regions are defined in Figure 4.7A.

4.5. Discussion

4.5.1. Speleothem 813C and the SDGVM

In order to compare the Sulawesi speleothem 5'°C record with the SDGVM model
output, we identify soil respiration as the model parameter closest to speleothem 3'"°C

and use this parameter as a proxy for our record within the model environment. Soil
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respiration refers to the emission of CO; from the soil surface (Schlesinger and
Andrews 2000), that is produced within the soil profile by roots and soil organisms
(Raich and Schlesinger 1992). It is sustained by organic matter contribution to the soil
from above ground, and from roots (Raich and Schlesinger 1992). Temperature is the
biggest predictor of soil respiration rates, particularly in regions of low temperature;
however, the addition of precipitation improves this relationship (Raich and Schlesinger
1992).

Soil respiration acts as an indicator of vegetation productivity, as increased
vegetation growth leads to an increase in organic material available to decomposers
(Schlesinger and Andrews 2000), and within the SDGVM, correlates very strongly with
net primary productivity (r = 0.98). The rate of soil respiration is influenced by the rate
of CO, production in the soil by roots and organisms, the gradient between the partial
pressures of CO, in the soil and atmosphere, as well as other factors including soil
porosity, air temperature and wind speed (Raich and Schlesinger 1992). The rate of soil
respiration reflects the concentration of CO, within the soil profile, which is the most
likely primary source for carbon in the Sulawesi speleothem. We therefore use soil

respiration as a qualitative proxy for speleothem &'°C within the SDGVM.

4.5.2. Drivers of speleothem 813C

The close agreement between soil respiration and speleothem &'°C supports our
conclusion that Sulawesi speleothem carbon isotopes are being driven by changes in
vegetation productivity (Figure 4.11). Speleothem 8"°C correlates strongly with soil
respiration across all three regions of the tropics. The Sulawesi grid box shows a strong
correlation with Sulawesi speleothem 8'"°C (r =-0.71, p ~ 0.01), which is mirrored in
results from Indonesia (r = -0.66, p = 0) and the tropics as a whole (r =-0.66,p = 0). The
strongest relationship exists for the Sulawesi grid box, suggesting the model is able to
replicate changes in local vegetation productivity across the last 40 kyr in this area,
supporting our use of the SDGVM model to evaluate the drivers and signals recorded
within our speleothem results.

The strong agreement in soil respiration rates across both the local, regional and
latitudinal scales suggests that tropical vegetation across the whole of the tropics

behaved in a similar way to changing boundary conditions over the last 40 kyr. This



Speleothem §"°C, vegetation modelling and the glacial methane budget | 191

Sulawesi
T T T +
_E 125 _E
° 5 S 5
52 115 SE
oG 50
2> 105 g o
= 5 =5
o o) L (@]
3 e 95 @ g
0 10 20 30 40
Indonesia
3250 w w w +
c= =
S S 3000 SEle
© £ = O
20 27501 oS
© o g o
5§ 2500 5 §[r=066
Q o =-0.
P E o2o50| ? €| p=0 ¢
0 10 20 30 40 - Speleothem 5%C +
Tropics
T T T +
< 34000 £
5% S5e°
® £ 31000} BE
[N &) O
@ © 28000( g o
- § 3 § r=-0.66
& ¢ 250001 @ €| p=0 o
0 10 20 30 40 - Speleothem 5%C +
Age (kyr BP)

Figure 4.11: Modelled soil respiration compared with Sulawesi speleothem &'*C. Top:
mean soil respiration for Sulawesi. Middle: mean soil respiration for Indonesia. Bottom:
mean soil respiration for the tropics (+30°). Sulawesi speleothem 3'°C is plotted on
each graph for reference (green). Correlation statistics are given for each relationship
in the scatter plots. Note that the correlation was performed on records filtered with a

10 kyr high pass filter to remove the strong deglacial trend.

supports our assumption that the Sulawesi record represents large-scale changes in
vegetation productivity across the tropics, which would be enough to have a significant

influence on the global methane budget.

4.5.3. Is Indonesia representative of the tropics?

The basis for this study relies on the assumption that the “point-source” speleothem

8"C record for Sulawesi is indicative of a regional methane signal. Comparing the
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Sulawesi record with the speleothem &'°C record for the nearby island of Flores
supports this assumption (see Section 3.4.3 for discussion); however, the global scale of
the SDGVM results allow us to more rigorously test this assumption.

We tested the correlation between Sulawesi and the rest of the globe by
calculating the correlation of methane emissions from each grid box in the model
against methane emissions at Sulawesi over the last 40 kyr. Time-series of methane
emissions were created for each grid box and correlated against the methane emissions
time-series from the Sulawesi grid box. All time-series were detrended using a 10-kyr
high-pass filter to remove the dominant influence of deglaciation on the correlations
(Figure 4.12B).

Methane emissions from Sulawesi show a positive correlation with those from
large regions of the tropics, the Asian landmass and Alaska during the glacial period
(Figure 4.12). Sulawesi also shows strong correlations across the Indo-Pacific Warm
Pool, central Africa and tropical South America. Positive correlations are particularly
strong for parts of boreal North America and Eurasia. This relationship is likely due to
the influence of deglaciation, particularly an LGM minimum in methane emissions that
remains despite the use of a filter to minimise this signal, highlighting the dominant
global extent of the LGM on regional methane emissions. The spatial extent of the
positive correlation decreases during the Holocene, when boreal sources play a more
dominant role in the total methane emissions.

Interestingly, Sulawesi shows some strong anti-correlations with parts of North
America and southern Africa during the glacial period. The negative relationship
observed with North America occurs at the margins of the Laurentide ice sheet, which
retreats from its maximum extent following the LGM, and disappears completely during
the Holocene. This results in a reduction in moisture in this region following the LGM,
causing a gradual decline in methane emissions. The negative relationship with southern
Africa results from a peak in methane emissions in this region during the LGM. Similar
relationships can be seen in northern Australia and southern tropical South America.
Orbital forcing led to a gradual drying in these southern sub-tropical regions as the
summer insolation maximum and Intertropical Convergence Zone moved north during
deglaciation, resulting in a gradual decrease in southern methane emissions.

Modelled methane emissions from Sulawesi correlate strongly with large parts

of the tropics and eastern Asia during the glacial, suggesting that the speleothem §'°C
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Figure 4.12
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Figure 4.12: Correlation between modelled methane emissions from Sulawesi and
global methane emissions within the SDGVM. (A) Representation of Sulawesi and
Indonesia in the modern day in the SDGVM. (B) Time-series of methane emissions
from Sulawesi (black), with low-pass filter removed from the time-series (orange), and
high-pass filtered time-series used to calculate correlation coefficients (purple). (C)
Map of correlation coefficients during the Holocene — taken as the stable period
following deglaciation in (B). Filtered methane emissions time-series for each grid box
were regressed against the filtered Sulawesi methane emissions time-series (B) and
the resulting correlation coefficients (r) were plotted. Only statistically significant

correlations are shown (p <0.1). (D) as in (C), but for the glacial period (32—15 kyr BP).

record is likely to be representative of a wider regional signal. This relationship breaks
down during the Holocene, when there is a disconnection between Sulawesi methane
emissions and the wider tropics, supporting our conclusion that Sulawesi speleothem

8"°C is not a faithful recorder of tropical methane emissions during this period.

4.5.4. Does modelled methane match speleothem 813C?

The SDGVM modelled methane compares well with the Sulawesi speleothem §"°C
record over the last 40 kyr, supporting our interpretation that the record reflects changes
in tropical vegetation methanogenesis. Modelled methane emissions for Sulawesi,
Indonesia and the tropics are all negatively correlated with speleothem &'°C for
Sulawesi (Figure 4.13). The timing of the glacial minimum in methane emissions
modelled in the SDGVM is relatively late compared to that in ice core records, which
show a gradual decrease in atmospheric methane concentrations into the LGM (Figure
4.1). The difference between the records is due to methane and precipitation maxima at
~30 kyr BP in the model, which drives anomalously high-modelled methane emissions
across the tropics (Figure 4.13).

Model methane emissions from Sulawesi, Indonesia and the whole tropics
match speleothem 3'"°C closely during the deglaciation (Figure 4.13). The timing of the
initiation of the increase in emissions associated with deglaciation is the same in both
the model and speleothem time-series, as well as in ice core methane records. The

plateau in speleothem 8'°C at ~14—12 kyr BP is mirrored in the model. The SDGVM is
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only forced by climate changes every 1 kyr and so does not include a representation of
abrupt climate events. Despite this, the model reproduces the slow-down in methane
emissions across the Younger Dryas, although not to the same extent as in the
speleothem and ice core records.

Model methane emissions from Sulawesi and Indonesia diverge from the
speleothem time-series during the Holocene; however, the speleothem record agrees

well with model methane emissions from the tropics as a whole. The mid-Holocene

Sulawesi
%) +
5 2
— o
b Qo
0n — aQ =
é 8 g 8 [}
() > O >
o}
5C 12
£ £ | r=-0.64 P
% S p:O
- Speleothem &*C +
+
g 2
2 S
@ _ &=
— E é ©
5 2 25
©
SE §E
8 £ | r=-0.53
3 < | p<0.01
- Speleothem 8'°C +
o +
& 1050 THUM g ’
g g *° wi®
€3 =5
o > 95 o >
[ONrS) ol
S E 1S .
£ 85 = r=-0.65
% % sz
0 10 20 30 40 - Speleothem &'°C +

Age (kyr BP)

Figure 4.13: Comparison of methane emissions from the SDGVM and Sulawesi
speleothem 5'°C. Top: mean methane emissions for Sulawesi. Middle: mean methane
emissions for Indonesia. Bottom: mean methane emissions for the tropics (x30°).
Sulawesi speleothem &'C is plotted on each graph for reference (green). Correlation
statistics are given for each relationship in the scatter plots. Note that the correlation
was performed on records filtered with a 10-kyr high pass filter to remove the strong

deglacial trend.
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decrease in methane emissions modelled across the tropics is likely driven by orbital
forcing, which brought about a decline in the strength of northern hemisphere summer
insolation and the East Asian summer monsoon until ~5 kyr BP, after which time
southern summer insolation and monsoons began to strengthen. This results in a gradual
decrease, then increase in tropical methane emissions. This mechanism for driving the
observed mid-Holocene decrease in atmospheric methane has been proposed from
records of speleothem 8'°O from China and Brazil (Burns 2011).

However, the abrupt nature of the Holocene decrease in methane emissions in
the SDGVM does not mirror the smooth insolation driver. This suggests either a non-
linear response in methane emissions to orbital forcing across the tropics or the presence
of an alternative, or complementary, driver of this signal. Examination of the origins of
this abrupt signal point to a source between the equator and 10°S, and suggest it is
likely a combination of gradual orbital forcing, and a sharp increase in atmospheric CO,

concentrations since ~5 kyr BP.

4.6. A tropical driver of glacial
atmospheric methane

The Sulawesi speleothem 8"°C record and results from the SDGVM support the idea of
a strong tropical driver of glacial atmospheric methane concentrations. The good
agreement between Sulawesi 5" °C and ice core methane, as well as Sulawesi 8'°C and
modelled methane emissions from both local and regional sources, supports our
conclusion (Figure 4.14). Tropical sources of methane emissions dominated during the
glacial period when boreal sources were largely dormant. Tropical vegetation
productivity was maintained during the glacial period despite moderate decreases in
temperature and precipitation, facilitating the continuation of decomposition and
methanogenesis. The relationship between Sulawesi 3'°C and ice core is masked during
the Holocene, when boreal wetland methane emissions become more influential and

tropical sources no longer dominate the atmospheric methane budget.
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Figure 4.14: A tropical driver of glacial methane. Sulawesi speleothem 5'C (green), ice
core methane (purple) and the SDGVM modelled methane emissions for Sulawesi

(black) and the tropics (grey).

Previous work has identified the tropics as a likely source of methane emissions
during the last glacial period but, until now, a proxy for tropical vegetation productivity
has not been available to verify this possibility. The combination of the Sulawesi
speleothem 8'°C record and the SDGVM allows us to test our hypothesis and
demonstrate a dynamical mechanism between tropical vegetation productivity and
methane emissions. We therefore conclude that Sulawesi speleothem §'°C is a proxy for
changes in vegetation productivity, which in turn is recording changes in tropical
methane production, which appears to have made a substantial contribution to the
glacial atmospheric methane budget. Sulawesi speleothem §'"°C therefore acts as a
tropical proxy of glacial methane emissions, providing the first non-polar constraint on

the likely sources of past atmospheric methane.
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CONCLUSIONS

In this thesis, we have used speleothems from Sulawesi, Indonesia, together with
palaeoclimate modelling, to explore the hydroclimate dynamics of the western
equatorial Pacific and Indo-Australian Summer Monsoon over the last 40,000 years. We
combined published speleothem 3'*O records from across the Australasian monsoon
domain to develop a spatio-temporal understanding of the relative roles of deep
atmospheric convection and the Intertropical Convergence Zone in driving regional
hydroclimate. The variable sensitivity of the western equatorial Pacific to Heinrich
events was further explored using the HadCM3 and CSIRO MKk3L general circulation
models. We also combined the palaeoenvironmental records produced for this thesis
with the SDGVM palaeovegetation model to explore the role of the tropics in driving

the late-glacial atmospheric methane budget.

Revisiting the key research questions

1. What are the key drivers of western equatorial Pacific
hydroclimate, and how do they interact?

In chapter one, we combined new speleothem &'°O records from Gempa Bumi cave in
Sulawesi, Indonesia, with published speleothem records from across the Australasian
monsoon domain to examine regional spatial and temporal rainfall variability. In
Australasia, glacial-interglacial changes in continental shelf exposure influence the
intensity of deep atmospheric convection over the centre of the western equatorial

Pacific, driving low-frequency changes in the §'*0 of precipitation at Sulawesi. In
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contrast, precession-dominated modulation of rainfall 5'°O is largely restricted to the
northern and southern peripheries of the Australasian monsoon domain and has
relatively little influence over the equatorial core of the monsoon system.

On millennial scales, the latitudinal response of the Australasian monsoon
decreases toward the equatorial core of the system, culminating in a lack of expression
in the Sulawesi speleothem 8'*0 record. This finding was further explored using the
HadCM3 general circulation model whereby Heinrich events were simulated by adding
a surface freshwater flux to the North Atlantic Ocean. We show that the largest change
in rainfall over Sulawesi during simulated Heinrich events occurred during the austral
winter, in the local dry season. The dominance of the local summer monsoon at our site
possibly overprinted any signal experienced during the winter months, resulting in no
discernable signal in the speleothem record.

Taken together, our findings demonstrate that glacial-interglacial changes in
northern ice sheets drive the intensity of deep atmospheric convection over the western
equatorial Pacific via changes in sea level and continental shelf exposure in the region.
Conversely, North Atlantic millennial-scale climate change serves to redistribute
monsoon rainfall latitudinally across Australasia, via the Intertropical Convergence
Zone, with only a relatively small accompanying change in the overall strength of deep

atmospheric convection.

2. How did Heinrich events affect western equatorial
Pacific hydroclimate?

In chapter two we further explored the sensitivity of the western equatorial Pacific to
Heinrich events using the CSIRO Mk3L general circulation model. Three experiments
were performed, which aimed to explore the sensitivity of the model itself to freshwater
fluxes into the North Atlantic, as well as the modelled climate response to freshwater
hosing under different boundary conditions. The experiments demonstrate that it is the
volume of freshwater, rather than the rate of application, that drives the amplitude of the
CSIRO MK3L model response and its recovery from a simulated Heinrich. We validate
the use of the standard PMIP protocol for a hosing experiment (1 Sv of freshwater
applied for 100 model years from 50—-70°N across the North Atlantic Ocean) with the

CSIRO MK3L model and demonstrate that a more conservative hosing procedure (0.1
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Sv of freshwater for 100 model years) is insufficient to induce a climate response
outside of the Atlantic Ocean basin.

The response of modelled climate to freshwater hosing of the North Atlantic
under different boundary conditions was tested and shown to affect the model response
to a simulated Heinrich event. The influence of precessional forcing was examined by
setting the CSIRO Mk3L model precession parameter to 0 kyr (a southern hemisphere
summer insolation maximum — experiment OSH) and 10 kyr (a northern hemisphere
summer insolation maximum — experiment ONH). Despite the relatively subtle nature
of the change in boundary conditions, a difference in the model response to freshwater
hosing of the North Atlantic was observed between experiments. While both
experiments saw a weak El-Nifo-like state across the tropical Pacific, the experiments
differed in the response of the southern high latitudes. A strong annular response was
evident in the ONH experiment, particularly over the Southern Ocean, with a southward
shift of the Intertropical Convergence Zone occurring alongside an increase in the
strength of the Southern Ocean westerly winds. In contrast, experiment OSH produced a
more asymmetrical response to the freshwater perturbation, with a negative SAM-like
state across the southern mid-high latitudes. Both of these responses to simulated
Heinrich events have been reported in the literature; however, this study is the first to
reveal both responses within the same model.

The third freshwater hosing experiment was carried out under different
atmospheric CO, concentrations: 280 ppmv CO, (CO2-280) and 400 ppmv CO, (CO2-
400). The relatively strong climate response to the boundary condition forcing was
evident in the control runs of both experiments. Interestingly, the atmospheric CO;
concentration did not influence the nature of the model Atlantic meridional overturning
circulation (AMOC) response to surface freshwater hosing of the North Atlantic as
much as the duration of the anomaly. Anomalies lasted ~100 years longer in the CO2-
400 experiment compared to CO2-280; a result that agrees with a previously published
study. The mechanism for the different lengths of climate perturbations in the
experiments was due to different buoyancy forcing of the North Atlantic, with warmer
North Atlantic sea surface temperatures in the CO2-400 experiment acting as an

additional barrier to the resumption of the AMOC following the cessation of hosing.
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3. What role does the tropics play in driving global
climate change?

In chapters three and four, we combined the Sulawesi speleothem &'°C record with
palaeovegetation modelling to explore the role of tropical vegetation in driving the

glacial atmospheric methane budget in order to answer this question.

3.a. How did Sulawesi vegetation respond to glacial-
interglacial climate change?

In chapter three, we explored the Sulawesi speleothem &'°C record to develop a robust
interpretation for this underutilised proxy. Comparison of the Sulawesi speleothem §"°C
and 8'%0 records revealed a difference in the timing of the transition from the glacial
state into the Holocene of ~6 kyr, with 5"°C leading 8'*0. Based on this finding, we
concluded that precipitation was not the dominant driver of 8'°C within the record, and
used other proxies and records from the western equatorial Pacific to develop an
interpretation for Sulawesi 8"°C. It was determined that Sulawesi 3'°C was most likely a
record of vegetation productivity, driven by changes in atmospheric CO, concentration
and regional temperature.

This analysis was taken a step further by exploring the role of tropical vegetation
in driving the glacial atmospheric methane budget. A strong covariance between
Sulawesi 8'"°C and atmospheric methane concentrations as recorded in high-latitude ice
cores was evident, particularly during the glacial period. It was therefore hypothesised

that the tropics was a key source of atmospheric methane during this period.

3.b. Did the tropics play a role in driving the glacial
atmospheric methane budget?

In chapter four, we built upon the conclusions of chapter three to test the hypothesis of a
tropical driver of the glacial methane budget using the Sheffield Dynamic Global
Vegetation Model (SDGVM), coupled to HadCM3. The use of a global climate model
allowed us to show that the Sulawesi speleothem &'°C record is likely representative of
the wider tropics. We show that local, regional and tropical methane emissions, as
modelled by the SDGVM, correlate well with the Sulawesi speleothem 3'°C supporting
the interpretation of this record as a proxy for the tropical contribution to the

atmospheric methane budget. During the glacial period, when boreal methane sources



Conclusions | 209

were largely dormant, tropical vegetation likely became the dominant driver of the

atmospheric methane budget.

Future work

The conclusions presented in this thesis have been tested and explored within the limits
of available data, but would benefit from further investigation. We have here identified

three questions arising from this thesis that particularly warrant further investigation:

1. What is the response of the Indo-Australian winter monsoon to North
Atlantic Heinrich events?

Modelling of simulated Heinrich events carried out in chapter one has identified the
potential for their climatic impacts to penetrate into the equatorial core of the
Australasian monsoon region during the boreal summer months. The Sulawesi
speleothem records produced for this thesis record changes in western equatorial Pacific
hydroclimate during the austral summer, but the strong seasonality at the study site
excludes extensive exploration of hydroclimate changes occurring during the local dry
season. Future work that targets speleothems from southeast Sulawesi that are sensitive
to the winter monsoon would assist in the understanding of the seasonality of Heinrich

events across this region.

2. What is the influence of low atmospheric CO; concentrations on model
sensitivity to a simulated Heinrich event?

In this thesis, we tested the influence of high atmospheric CO, (400 ppm) and pre-
industrial CO, (280 ppm) on the modelled climate sensitivity to a simulated Heinrich
event. Given that Heinrich events occurred predominantly during the low atmospheric
CO; conditions of the glacial period (~180 ppm) it would be useful to test the influence
of low atmospheric CO, conditions on the modelled climate response to a Heinrich
event. This experiment was originally intended for inclusion within this thesis, however
model runs proved to be highly unstable and were not able to be completed within the
timeframe of this work. Further work on these climate experiments would provide
further insight into the climate response to Heinrich events recorded by multiple

proxies.
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3. What are the above-cave and karst processes that result in a vegetation
productivity signal within speleothems?

Although we identify vegetation productivity as the key driver of Sulawesi speleothem
8"°C, exploration of the processes that transmit this signal into the stalagmite is outside
the scope of this thesis. Karst hydrology and/or soil geochemistry modelling could be
used to investigate the processes by which infiltrating surface waters develop and
maintain a vegetation signal that is then transmitted into the cave. Monitoring of soil
chemistry and CO; concentrations may also help to improve our understanding of the

processes involved above the cave system and help to constrain future karst modelling.
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GB09-3-27 0 149 0.0121 0.0008 1.0688 0.0034  0.005017  0.000193 2.4 1.24 -0.31 0.40 1.0687 0.0033
GB09-3-uAl 29 220 0.0169 0.0006 1.0552 0.0032  0.002882  0.000017 5.9 1.76 0.87 0.23 1.0554 0.0032
GB09-3-uA2 53 161 0.0309 0.0031 1.0499 0.0037  0.003540  0.000030 8.7 3.25 2.15 0.44 1.0502 0.0037
GB09-3-uA3 92 189 0.0582 0.0012 1.0383 0.0023  0.003603  0.000054 16.1 6.27 5.16 0.32 1.0389 0.0023
GB09-3-uA4 124 217 0.0671 0.0013 1.0392 0.0027  0.003475  0.000053 19.3 7.25 6.18 0.31 1.0399 0.0028
GB09-3-uAl* 137 81 0.0685 0.0007 1.0541 0.0020  0.002118  0.000053 323 7.32 6.67 0.19 1.0551 0.0021
GB09-3-uA5 140 210 0.0682 0.0006 1.0441 0.0021  0.001464  0.000017 46.6 7.34 6.91 0.13 1.0450 0.0022
GB09-3-uA6 150 162 0.0711 0.0058 1.0375 0.0036  0.002748  0.000053 25.9 7.71 6.88 0.68 1.0383 0.0037
GB09-3-uB1 174 168 0.0841 0.0014 1.0370 0.0029  0.002766  0.000031 30.4 9.19 8.35 0.27 1.0379 0.0030
GB09-3-uB2 184 179 0.0854 0.0011 1.0448 0.0026  0.001201  0.000010 71.1 9.27 8.93 0.16 1.0459 0.0027
GB09-3-uB3 197 194 0.0891 0.0017 1.0417 0.0023  0.000485  0.000010 183.8 9.72 9.61 0.20 1.0428 0.0024
GB09-3-uCl 220 154 0.0989 0.0010 1.0396 0.0028  0.001208  0.000012 81.9 10.86 10.53 0.15 1.0408 0.0029
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GB09-3-uC1* 261 105 0.1128 0.0006 1.0687 0.0014  0.001179  0.000025 95.6 12.14 11.81 0.11 1.0710 0.0014
GB09-3-uClb 273 158 0.1247 0.0022 1.0691 0.0041  0.003221  0.000010 38.7 13.47 12.54 0.36 1.0716 0.0042
GB09-3-uC2 277 161 0.1351 0.0010 1.0527 0.0026  0.007376  0.000103 18.3 14.92 12.66 0.60 1.0546 0.0027
GB09-3-uC3 286 147 0.1244 0.0019 1.0662 0.0044  0.002667  0.000038 46.6 13.48 12.71 0.31 1.0686 0.0046
GB09-3-uC4 306 168 0.1343 0.0014 1.0719 0.0026  0.001229  0.000016 109.3 14.54 14.22 0.19 1.0749 0.0027
GB09-3-uC2} 314 89 0.1363 0.0005 1.0773 0.0013  0.000975  0.000020 139.8 14.73 14.45 0.10 1.0805 0.0013
GB09-3-uC5 331 153 0.1526 0.0038 1.0665 0.0034  0.002946  0.000033 51.8 16.77 15.93 0.51 1.0696 0.0035
GB09-3-uC6 364 196 0.1673 0.0026 1.0688 0.0036  0.001231  0.000016 135.9 18.48 18.18 0.34 1.0724 0.0038
GB09-3-uC7 379 174 0.1793 0.0011 1.0697 0.0025  0.001350  0.000016 132.8 19.92 19.58 0.18 1.0737 0.0026
GB09-3-uC3* 396 84 0.1933 0.0006 1.0854 0.0013  0.002141  0.000044 90.3 21.33 20.72 0.18 1.0906 0.0014
GB09-3-uC8 400 167 0.1912 0.0015 1.0783 0.0030  0.001903  0.000046 100.5 21.18 20.69 0.25 1.0830 0.0032
GB09-3-uC9 435 229 0.2084 0.0034 1.0745 0.0023  0.001418  0.000022 147.0 23.38 23.06 0.44 1.0795 0.0025
GB09-3-uD0 443 177 0.2279 0.0024 1.0878 0.0040  0.003676  0.000006 62.0 25.48 24.48 0.42 1.0941 0.0043
GB09-3-uD1 459 160 0.2290 0.0015 1.0751 0.0025  0.001771  0.000016 129.3 25.98 25.54 0.25 1.0807 0.0027
GB09-3-uD2 482 169 0.2444 0.0014 1.0713 0.0026  0.001675  0.000014 145.8 28.07 27.68 0.24 1.0771 0.0028
GB09-3-uD3 512 133 0.2647 0.0026 1.0764 0.0047  0.000845  0.000002 3133 30.59 30.45 0.39 1.0832 0.0051
GB09-3-uD4 526 160 0.2743 0.0025 1.0752 0.0046  0.003029  0.000007 90.6 31.92 31.13 0.44 1.0821 0.0050
GB09-3-uD5 547 136 0.2790 0.0027 1.0765 0.0043  0.001375  0.000005 202.8 32.50 32.22 0.41 1.0838 0.0046
GB09-3-uD6" 569 492 0.4131 0.0038 1.0732 0.0052  0.047817  0.000175 8.6 52.53 37.20 4.23 1.0813 0.0058
GB09-3-uD7 591 187 0.2945 0.0030 1.0756 0.0046  0.001493  0.000004 197.2 34.65 34.34 0.47 1.0833 0.0051

€1¢ | xipuaddy



Age

Depth U 230 238y 1* 234y 1,2 * 232 238y 1" 23 232, * Age (kyr corr:
Sample L.D. om (opb) Th/2%U 12 se HusBUT t2se Th/2%U 12 se 'Th/**Th"  (kyr BP) BP) £2 se :nitial * +2 se
uncorr. corr.’ By By

GB09-3-uEl 612 150 0.3042 0.0025 1.0738 0.0046  0.001307  0.000003 232.8 36.07 35.83 0.41 1.0817 0.0050
GB09-3-uE2 630 136 0.3095 0.0021 1.0760 0.0046  0.000377  0.000003 819.9 36.73 36.77 0.36 1.0843 0.0051
GB09-3-uE3 658 171 0.3183 0.0021 1.0783 0.0045  0.000462  0.000003 689.1 37.87 37.89 0.36 1.0872 0.0049
GB09-3-1% 693 190 0.3340 0.0008 1.0745 0.0010  0.001632  0.000005 204.6 40.46 39.97 0.18 1.0834 0.0011
GB11-9-2 0 147 0.2140 0.0013 1.0018 0.0043  0.000398  0.000004 100.2 26.24 26.11 0.23 1.0019 0.0047
GB11-9-uA-1 29 157 0.2213 0.0024 0.9998 0.0033  0.000082  0.000003 2686.7 27.21 27.29 0.35 0.9998 0.0036
GB11-9-uA-2 66 173 0.2400 0.0015 1.0025 0.0031  0.000070  0.000005 3407.0 29.76 29.85 0.24 1.0027 0.0034
GB11-9-uA-3 78 155 0.2494 0.0034 1.0024 0.0037  0.000088  0.000007 2846.3 31.11 31.20 0.51 1.0026 0.0040
GB11-9-uA-4 100 172 0.2577 0.0016 0.9983 0.0031  0.000050  0.000002 5189.6 32.48 32.59 0.26 0.9981 0.0033
GB11-9-uA-5 153 181 0.2848 0.0019 0.9977 0.0028  0.000064  0.000004 44743 36.56 36.69 0.32 0.9975 0.0031
GB11-9-uA-6 194 149 0.3066 0.0020 0.9993 0.0025  0.000138  0.000003 2221.0 39.86 39.97 0.34 0.9992 0.0028
GB11-9-uA-7 225 162 0.3193 0.0018 0.9972 0.0045  0.000016  0.000003 3822.6 42.16 4215 0.38 0.9968 0.0051

“Depth (mm)” refers to the distance (from the top of the stalagmite), along the sampling track
“Age (kyr BP)” gives ages in thousands of years before the present, with present defined as the year 1950 CE
" Values are activity ratios
" Corrected Z°Th ages, assuming an initial [Z*°Th/***Th] ratio of 3.0+0.75
' Dates measured at the University of Minnesota (Cheng, Edwards). All other dates were measured at the University of Melbourne (Hellstrom)
¥ Dates not included in the final age model
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Table A2
Summary of stalagmite GB09-3 isotope data

Note that “3'*0 corr” refers to the ice volume corrected 8'°O values. Where applicable,

isotope values shown equal the mean of replicate measurements.

Depth Age 5"°0 5"°0 corr 8"C
Sample ID

(mm) (kyr BP)  (%0VPDB) (%o) (%0VPDB)
GB09-3-A1 0.00 0.03 -8.79 -8.80 -8.60
GB09-3-A2 1.20 0.06 -8.81 -8.83 -7.79
GB09-3-A3 2.40 0.09 -8.60 -8.61 -8.05
GB09-3-A4 3.60 0.13 -8.75 -8.76 -7.56
GB09-3-A5 4.80 0.16 -8.65 -8.67 -7.52
GB09-3-A6 6.00 0.19 -8.47 -8.49 -7.94
GB09-3-A7 7.20 0.22 -8.94 -8.96 -7.60
GB09-3-A8 8.40 0.25 -8.78 -8.79 -7.89
GB09-3-A9 9.60 0.28 -9.00 9.01 -8.10
GB09-3-A10 10.80 0.31 -8.95 -8.96 -7.94
GB09-3-Al1 12.00 0.34 -8.62 -8.63 -8.10
GB09-3-A12 13.20 0.37 -8.88 -8.90 -8.03
GB09-3-A13 14.40 0.40 -9.04 -9.06 -7.95
GB09-3-A14 15.60 0.43 -8.97 -8.98 -7.61
GB09-3-A15 16.80 0.46 -9.06 -9.07 -1.73
GB09-3-A16 18.00 0.49 -8.67 -8.69 -7.84
GB09-3-A17 19.20 0.52 -8.71 -8.73 -7.98
GB09-3-A18 20.40 0.55 -8.98 -8.99 -7.92
GB09-3-A19 21.60 0.58 -9.11 -9.12 -7.97
GB09-3-A20 22.80 0.61 9.20 9.21 -8.04
GB09-3-A21 24.00 0.65 -8.72 -8.74 -7.91
GB09-3-A22 25.20 0.68 -9.17 -9.18 -7.95
GB09-3-A23 26.40 0.72 -9.09 -9.10 -7.89
GB09-3-A24 27.60 0.76 -9.32 -9.34 -8.13
GB09-3-A25 28.80 0.80 -9.20 -9.22 -8.31
GB09-3-A26 30.00 0.87 -9.23 -9.25 -8.14
GB09-3-A27 31.20 0.94 -9.04 -9.05 -8.07
GB09-3-A28 32.40 1.00 -9.07 -9.09 -8.02
GB09-3-A29 33.60 1.07 -8.90 -8.91 -8.02
GB09-3-A30 34.80 1.13 -9.05 -9.07 -7.47
GB09-3-A31 36.00 1.19 -9.14 -9.16 -7.84
GB09-3-A32 37.20 1.25 -9.28 -9.30 -1.75

GB09-3-A33 38.40 1.31 -9.30 -9.31 -8.09
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Depth Age 5"°0 5'°0 corr 8"C
Sample ID

(mm) (kyr BP)  (%0VPDB) (%o) (%0VPDB)
GB09-3-A34 39.60 1.36 -9.05 -9.07 -8.05
GB09-3-A35 40.80 1.43 -8.97 -8.99 -8.49
GB09-3-A36 42.00 1.49 -9.11 -9.13 -8.25
GB09-3-A37 43.20 1.55 -9.03 -9.05 -8.66
GB09-3-A38 44 .40 1.61 -8.85 -8.87 -8.22
GB09-3-A39 45.60 1.67 -9.27 -9.29 -8.00
GB09-3-A40 46.80 1.73 -9.13 -9.15 -7.86
GB09-3-A41 48.00 1.79 -9.24 -9.26 -7.61
GB09-3-A42 49.20 1.86 -9.60 -9.63 -7.39
GB09-3-A43 50.40 1.93 -9.46 -9.48 -7.81
GB09-3-A44 51.60 2.00 -9.58 -9.60 -7.63
GB09-3-A45 52.80 2.08 -9.17 -9.19 -7.66
GB09-3-A46 54.00 2.18 -9.25 -9.27 -7.66
GB09-3-A47 55.20 2.28 -9.28 -9.31 -7.42
GB09-3-A48 56.40 2.38 -9.30 -9.33 -7.02
GB09-3-A49 57.60 2.48 -9.37 -9.40 -7.81
GB09-3-A50 58.80 2.58 -9.28 -9.31 -7.77
GB09-3-A51 60.00 2.67 -9.42 -9.45 -7.60
GB09-3-A52 61.20 2.75 -9.29 -9.32 -7.92
GB09-3-A53 62.40 2.84 -9.40 -9.42 -7.56
GB09-3-A54 63.60 2.93 -9.50 -9.53 -7.40
GB09-3-A55 64.80 3.01 -9.06 -9.08 -7.39
GB09-3-A56 66.00 3.10 -9.18 -9.21 -7.34
GB09-3-A57 67.20 3.18 -9.16 -9.19 -7.66
GB09-3-A58 68.40 3.27 -9.24 -9.27 -7.83
GB09-3-A59 69.60 3.35 -9.36 -9.39 -7.04
GB09-3-A60 70.80 3.44 -9.30 -9.34 -7.25
GB09-3-A61 72.00 3.52 -9.26 -9.29 -7.95
GB09-3-A62 73.20 3.61 -9.02 -9.06 -7.32
GB09-3-A63 74.40 3.70 -9.14 -9.17 -6.93
GB09-3-A64 75.60 3.78 -9.21 -9.25 -7.39
GB09-3-A65 76.80 3.87 -9.42 -9.46 -7.98
GB09-3-A66 78.00 3.95 -9.15 -9.19 -7.50
GB09-3-A67 79.20 4.04 -9.37 -9.41 -7.92
GB09-3-A68 80.40 4.12 -9.43 -9.46 -7.95
GB09-3-A69 81.60 421 9.17 -9.21 -7.41
GB09-3-A70 82.80 4.29 -9.56 -9.60 -7.65
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Depth Age 5"°0 5"°0 corr 8"C
Sample ID

(mm) (kyr BP)  (%0VPDB) (%o) (%0VPDB)
GB09-3-A71 84.00 4.38 -9.20 -9.24 -7.94
GB09-3-A72 85.20 4.47 -9.75 -9.79 -7.77
GB09-3-A73 86.40 4.56 -9.49 -9.53 -7.57
GB09-3-A74 87.60 4.65 -9.40 -9.44 -7.18
GB09-3-A75 88.80 4.75 -9.36 -9.40 -7.31
GB09-3-A76 90.00 4.85 -9.20 -9.25 -7.04
GB09-3-A77 91.20 4.95 -9.37 -9.42 -7.03
GB09-3-A78 108.00 5.57 -9.25 -9.31 -7.05
GB09-3-A79 92.40 5.03 -9.26 -9.31 -6.91
GB09-3-A80 93.60 5.09 -9.12 -9.17 -7.32
GB09-3-A81 94.80 5.14 -9.21 9.26 -7.14
GB09-3-A82 96.00 5.18 -9.35 -9.40 -6.90
GB09-3-A83 97.20 5.23 -9.47 -9.52 -6.86
GB09-3-A84 98.40 5.27 -9.45 -9.50 -7.09
GB09-3-A85 99.60 5.30 -9.26 -9.31 -7.14
GB09-3-A86 100.80 5.34 -9.18 -9.23 -6.80
GB09-3-A87 102.00 5.38 -9.50 -9.55 -7.55
GB09-3-A88 103.20 5.42 -9.48 -9.53 -1.73
GB09-3-A89 104.40 5.46 -9.49 -9.55 -7.05
GB09-3-A90 105.60 5.49 -9.42 -9.47 -7.03
GB09-3-A91 106.80 5.53 -9.58 -9.64 -6.55
GB09-3-A78 108.00 5.57 -9.25 -9.31 -7.05
GB09-3-A92 109.20 5.60 -9.34 -9.40 -6.46
GB09-3-A93 110.40 5.64 -9.73 -9.79 -6.63
GB09-3-A94 111.60 5.68 -9.61 -9.67 -6.28
GB09-3-A95 112.80 5.71 -9.44 -9.50 -6.01
GB09-3-A96 114.00 5.75 -9.82 -9.89 -6.83
GB09-3-A97 115.20 5.79 -9.69 -9.75 -6.55
GB09-3-A98 116.40 5.83 -9.64 -9.70 -6.53
GB09-3-A99 117.60 5.87 -9.69 -9.75 -6.47
GB09-3-A100 118.80 5.91 -9.63 -9.70 -6.23
GB09-3-A101 120.00 5.95 -9.48 -9.55 -6.70
GB09-3-A102 121.20 5.99 -9.32 -9.39 -6.51
GB09-3-A103 122.40 6.04 -9.41 -9.48 -6.78
GB09-3-A104 123.60 6.09 -9.39 -9.46 -6.43
GB09-3-A105 124.80 6.15 -9.31 -9.38 -6.49
GB09-3-A106 126.00 6.20 -9.16 -9.24 -6.35
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Depth Age 5"°0 5'°0 corr 8"C
Sample ID

(mm) (kyr BP)  (%0VPDB) (%o) (%0VPDB)
GB09-3-A107 127.20 6.25 9.16 -9.23 -6.40
GB09-3-A108 128.40 6.30 9.22 -9.29 -6.41
GB09-3-A109 129.60 6.34 -9.22 -9.29 -6.27
GB09-3-A110 130.80 6.39 -9.32 -9.39 -6.17
GB09-3-A111 132.00 6.44 -9.18 -9.26 -6.77
GB09-3-A112 133.20 6.48 -9.03 -9.11 -6.99
GB09-3-A113 134.40 6.53 -8.98 -9.06 -7.10
GB09-3-A114 135.60 6.59 -9.02 -9.10 -7.15
GB09-3-A115 136.80 6.64 -8.88 -8.96 -6.57
GB09-3-A116 138.00 6.71 -9.04 -9.12 -6.73
GB09-3-A117 139.20 6.78 -9.36 -9.44 -6.53
GB09-3-A118 140.40 6.84 9.13 -9.21 -6.41
GB09-3-A119 141.60 6.88 -9.16 -9.25 -7.04
GB09-3-A120 142.80 6.91 -9.50 -9.59 -6.73
GB09-3-A121 144.00 6.93 -9.42 -9.50 -6.66
GB09-3-A122 145.20 6.96 9.17 -9.26 -6.64
GB09-3-A123 146.40 6.99 -9.34 -9.42 -7.25
GB09-3-A124 147.60 7.01 -9.20 -9.29 -6.72
GB09-3-A125 148.80 7.04 -9.26 -9.35 -6.39
GB09-3-A126 150.00 7.09 -9.42 -9.50 -6.37
GB09-3-A127 151.20 7.15 -9.34 -9.43 -6.13
GB09-3-A128 152.40 7.22 -9.37 -9.46 -5.87
GB09-3-A129 153.60 7.28 -9.67 -9.76 -6.29
GB09-3-A130 154.80 7.34 -9.44 -9.54 -6.08
GB09-3-A131 156.00 7.40 -9.33 -9.42 -6.00
GB09-3-A132 157.20 7.46 -9.22 -9.32 -5.93
GB09-3-A133 158.40 7.52 -9.37 -9.47 -5.91
GB09-3-A134 159.60 7.57 -9.37 -9.47 -5.76
GB09-3-A135 160.80 7.63 -9.40 -9.50 -6.19
GB09-3-A136 162.00 7.69 -9.36 -9.47 -6.08
GB09-3-A137 163.20 7.74 -9.35 -9.45 -6.27
GB09-3-A138 164.40 7.80 -9.29 -9.40 -6.30
GB09-3-B1 165.60 7.86 -9.32 -9.43 -6.56
GB09-3-B2 166.80 7.91 -9.38 -9.49 -6.56
GB09-3-B3 168.00 7.97 -9.26 -9.37 -6.24
GB09-3-B4 169.20 8.03 -9.39 -9.50 -6.30
GB09-3-B5 170.40 8.09 -9.22 -9.33 -6.62
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Depth Age 5"°0 5"°0 corr 8"C
Sample ID

(mm) (kyr BP)  (%0VPDB) (%o) (%0VPDB)
GB09-3-B6 171.60 8.16 -9.21 -9.33 -6.36
GB09-3-B7 172.80 8.23 -8.97 -9.09 -6.45
GB09-3-B8 174.00 8.30 -8.64 -8.76 -6.59
GB09-3-B9 175.20 8.38 -8.54 -8.67 -6.75
GB09-3-B10 176.40 8.45 -8.35 -8.48 -6.82
GB09-3-B11 177.60 8.52 -8.57 -8.70 -7.12
GB09-3-B12 178.80 8.59 -8.62 -8.75 -7.12
GB09-3-B13 180.00 8.66 -8.47 -8.60 -6.80
GB09-3-B14 181.20 8.72 -8.44 -8.58 -6.54
GB09-3-B15 182.40 8.79 -8.14 -8.28 -6.73
GB09-3-B16 183.60 8.87 -8.16 -8.30 -7.09
GB09-3-B17 184.80 8.93 -7.94 -8.09 -7.41
GB09-3-B18 186.00 9.00 -8.36 -8.51 -7.42
GB09-3-B19 187.20 9.07 -8.33 -8.48 -7.29
GB09-3-B20 188.40 9.13 -7.97 -8.13 -7.20
GB09-3-B21 189.60 9.19 -8.02 -8.18 -7.45
GB09-3-B22 190.80 9.25 -8.19 -8.36 -7.14
GB09-3-B23 192.00 9.31 -8.04 -8.20 -7.30
GB09-3-B24 193.20 9.37 -8.30 -8.47 -7.28
GB09-3-B25 194.40 9.43 -8.05 -8.22 -7.12
GB09-3-B26 195.60 9.50 -7.83 -8.01 -6.99
GB09-3-B27 196.80 9.56 -8.06 -8.24 -7.24
GB09-3-B28 198.00 9.63 -7.99 -8.18 -7.12
GB09-3-B29 199.20 9.68 -8.29 -8.48 -7.37
GB09-3-B30 200.20 9.72 -7.90 -8.09 -7.25
GB09-3-B31 201.20 9.76 -7.81 -8.01 -7.03
GB09-3-B32 202.20 9.80 -7.71 -7.91 -6.79
GB09-3-C1 203.20 9.84 -8.29 -8.49 717
GB09-3-C2 204.20 9.88 -8.14 -8.35 -7.28
GB09-3-C3 205.20 9.92 -8.07 -8.27 -7.89
GB09-3-C4 206.20 9.95 -7.96 -8.17 -7.85
GB09-3-C5 207.20 9.99 -7.65 -7.86 -7.63
GB09-3-C6 208.20 10.03 -7.96 -8.18 -8.08
GB09-3-C7 209.20 10.06 -7.86 -8.08 -7.95
GB09-3-C8 210.20 10.10 -7.88 -8.10 -7.37
GB09-3-C9 211.20 10.14 -7.54 -7.77 -7.41
GB09-3-C10 212.20 10.18 -7.56 -7.79 -8.18
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Depth Age 5"°0 5'°0 corr 8"C
Sample ID

(mm) (kyr BP)  (%0VPDB) (%o) (%0VPDB)
GB09-3-C11 213.20 10.21 -7.58 -7.81 -7.76
GB09-3-C12 214.20 10.25 -7.26 -7.48 -7.82
GB09-3-C13 215.20 10.29 -7.86 -8.09 -7.98
GB09-3-C14 216.20 10.33 -7.43 -7.66 -8.39
GB09-3-C15 217.20 10.37 -7.41 -7.64 -8.39
GB09-3-C16 218.20 10.41 -7.44 -7.68 -1.73
GB09-3-C17 219.20 10.45 -7.44 -7.69 -7.63
GB09-3-C18 220.20 10.49 -7.13 -7.38 -8.67
GB09-3-C19 221.20 10.53 -7.30 -7.55 -8.25
GB09-3-C20 222.20 10.57 -7.21 -7.46 -8.25
GB09-3-C21 223.20 10.61 -7.52 -7.78 -8.22
GB09-3-C22 224.20 10.64 -7.40 -7.66 -7.78
GB09-3-C23 225.20 10.67 -7.34 -7.60 -8.19
GB09-3-C24 226.20 10.71 -7.48 -7.74 -8.20
GB09-3-C25 227.20 10.74 -7.39 -7.66 -7.96
GB09-3-C26 228.20 10.77 -7.27 -7.54 -8.06
GB09-3-C27 229.20 10.80 -7.45 -7.72 -7.97
GB09-3-C28 230.20 10.83 -7.32 -7.59 -8.14
GB09-3-C29 231.20 10.86 -7.32 -7.61 -8.42
GB09-3-C30 232.20 10.89 -7.28 -7.56 -8.48
GB09-3-C31 233.20 10.92 -6.93 -7.22 -8.60
GB09-3-C32 234.20 10.95 -6.93 -7.22 -8.54
GB09-3-C33 235.20 10.98 -6.87 -7.16 -8.31
GB09-3-C34 236.20 11.01 -6.93 -7.23 -8.30
GB09-3-C35 237.20 11.04 -6.64 -6.94 -8.43
GB09-3-C36 238.20 11.07 -7.11 -7.41 -7.93
GB09-3-C37 239.20 11.10 -6.74 -7.05 -8.11
GB09-3-C38 240.20 11.13 -7.10 -7.41 -8.18
GB09-3-C39 241.20 11.16 -6.84 -7.15 -8.00
GB09-3-C40 24220 11.19 -6.60 -6.92 -7.95
GB09-3-C41 243.20 11.22 -6.86 -7.18 -8.28
GB09-3-C42 244.20 11.25 -6.96 -7.28 -8.00
GB09-3-C43 245.20 11.28 -6.67 -7.00 -8.08
GB09-3-C44 246.20 11.31 -6.41 -6.74 -8.51
GB09-3-C45 247.20 11.34 -6.34 -6.67 -8.76
GB09-3-C46 248.20 11.37 -6.47 -6.81 -8.41
GB09-3-C47 249.20 11.40 -6.56 -6.90 -8.41
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Depth Age 5"°0 5"°0 corr 8"C
Sample ID

(mm) (kyr BP)  (%0VPDB) (%o) (%0VPDB)
GB09-3-C48 250.20 11.43 -6.47 -6.81 -8.39
GB09-3-C49 251.20 11.46 -6.46 -6.80 -8.48
GB09-3-C50 252.20 11.49 -6.25 -6.61 -8.43
GB09-3-C51 253.20 11.52 -6.50 -6.86 -8.39
GB09-3-C52 254.20 11.55 -6.09 -6.45 -8.39
GB09-3-C53 255.20 11.58 -6.05 -6.41 -8.53
GB09-3-C54 256.20 11.62 -6.03 -6.40 -7.95
GB09-3-C55 257.20 11.65 -6.22 -6.59 -8.10
GB09-3-C56 258.20 11.68 -6.11 -6.48 -7.55
GB09-3-C57 259.20 11.72 -6.13 -6.51 -7.25
GB09-3-C58 260.20 11.75 -6.28 -6.67 -7.66
GB09-3-C59 261.20 11.80 -5.90 -6.29 -7.14
GB09-3-C60 262.20 11.84 -6.17 -6.57 -7.26
GB09-3-C61 263.20 11.89 -6.04 -6.45 -7.11
GB09-3-C62 264.20 11.93 -5.98 -6.39 -6.98
GB09-3-C63 265.20 11.98 -6.22 -6.64 -7.31
GB09-3-C64 266.20 12.02 -6.36 -6.78 -7.22
GB09-3-C65 267.20 12.06 -5.98 -6.41 -6.94
GB09-3-C66 268.20 12.10 -6.23 -6.67 -7.19
GB09-3-C67 269.20 12.15 -6.13 -6.57 -7.00
GB09-3-C68 270.20 12.19 -6.32 -6.76 -7.19
GB09-3-C69 271.20 12.23 -6.00 -6.44 -6.96
GB09-3-C70 272.20 12.28 -6.20 -6.65 -7.22
GB09-3-C71 273.20 12.32 -5.69 -6.15 -6.69
GB09-3-C72 274.20 12.36 -5.79 -6.26 -6.95
GB09-3-C73 275.20 12.39 -5.63 -6.10 -6.77
GB09-3-C74 276.20 12.43 -6.31 -6.78 -7.04
GB09-3-C75 277.20 12.46 -6.26 -6.74 -6.92
GB09-3-C76 278.20 12.49 -6.10 -6.59 -6.85
GB09-3-C77 279.20 12.52 -6.20 -6.68 -7.20
GB09-3-C78 280.20 12.55 -6.34 -6.83 -6.96
GB09-3-C79 281.20 12.58 -6.34 -6.83 -7.12
GB09-3-C80 282.20 12.60 -6.37 -6.87 -7.43
GB09-3-C81 283.20 12.63 -6.02 -6.52 -7.11
GB09-3-C82 284.20 12.66 -6.46 -6.97 -6.86
GB09-3-C83 285.20 12.70 -6.30 -6.81 -7.38
GB09-3-C84 286.20 12.75 -6.25 -6.77 -7.15



Appendix | 222

Depth Age 5"°0 5'°0 corr 8"C
Sample ID

(mm) (kyr BP)  (%0VPDB) (%o) (%0VPDB)
GB09-3-C85 287.20 12.81 -6.29 -6.82 -6.96
GB09-3-C86 288.20 12.89 -6.15 -6.69 -6.76
GB09-3-C87 289.20 12.97 -6.03 -6.58 -6.98
GB09-3-C88 290.20 13.04 -5.75 -6.32 -6.62
GB09-3-C89 291.20 13.11 -5.86 -6.43 -6.93
GB09-3-C90 292.20 13.18 -5.71 -6.29 -6.59
GB09-3-C91 293.20 13.25 -5.59 -6.18 -6.67
GB09-3-C92 294.20 13.32 -5.73 -6.33 -6.66
GB09-3-C93 295.20 13.39 -5.88 -6.49 -6.91
GB09-3-C94 296.20 13.46 -5.87 -6.49 -6.92
GB09-3-C95 297.20 13.53 -5.66 -6.28 -6.55
GB09-3-C96 298.20 13.59 -5.77 -6.40 -6.48
GB09-3-C97 299.20 13.66 -5.65 -6.30 -6.35
GB09-3-C98 300.20 13.73 -5.30 -5.95 -6.57
GB09-3-C99 301.20 13.81 -5.71 -6.37 -6.59
GB09-3-C100 302.20 13.88 -5.61 -6.28 -6.92
GB09-3-C101 303.20 13.95 -5.96 -6.65 -6.59
GB09-3-C102 304.20 14.03 -5.53 -6.22 -6.45
GB09-3-C103 305.20 14.10 -5.55 -6.25 -6.85
GB09-3-C104 306.20 14.16 -5.48 -6.19 -6.74
GB09-3-C105 307.20 14.21 -5.67 -6.38 -6.64
GB09-3-C106 308.20 14.25 -5.54 -6.26 -6.43
GB09-3-C107 309.20 14.28 -5.52 -6.24 -6.18
GB09-3-C108 310.20 14.31 -5.39 -6.11 -6.07
GB09-3-C109 311.20 14.34 -5.57 -6.30 -6.24
GB09-3-C110 312.20 14.37 -5.49 -6.22 -6.42
GB09-3-C111 313.20 14.41 -5.30 -6.04 -6.19
GB09-3-C112 314.00 14.45 -5.28 -6.03 -6.34
GB09-3-C113 314.80 14.50 -5.43 -6.18 -6.40
GB09-3-C114 315.60 14.57 -5.62 -6.38 -6.10
GB09-3-C115 316.40 14.63 -5.62 -6.39 -5.70
GB09-3-C116 317.20 14.70 -5.90 -6.67 -5.42
GB09-3-C117 318.00 14.77 -6.15 -6.93 -5.58
GB09-3-C118 318.80 14.83 -5.85 -6.64 -5.58
GB09-3-C119 319.60 14.89 -5.88 -6.68 -5.45
GB09-3-C120 320.40 14.96 -5.49 -6.29 -5.61
GB09-3-C121 321.20 15.02 -5.67 -6.48 -5.53



Appendix | 223

Depth Age 5"°0 5"°0 corr 8"C
Sample ID

(mm) (kyr BP)  (%0VPDB) (%o) (%0VPDB)
GB09-3-C122 322.00 15.08 -5.76 -6.58 -5.41
GB09-3-C123 322.80 15.15 -5.82 -6.64 -5.38
GB09-3-C124 323.60 15.21 -5.60 -6.43 -5.22
GB09-3-C125 324.40 15.27 -5.82 -6.65 -5.38
GB09-3-C126 325.20 15.33 -5.95 -6.79 -5.50
GB09-3-C127 326.00 15.39 -5.56 -6.41 -5.50
GB09-3-C128 326.80 15.46 -5.49 -6.34 -5.23
GB09-3-C129 327.60 15.52 -5.51 -6.37 -5.30
GB09-3-C130 328.40 15.59 -5.44 -6.31 -5.42
GB09-3-C131 329.20 15.66 -5.47 -6.34 -5.22
GB09-3-C132 330.00 15.73 -5.82 -6.71 -4.82
GB09-3-C133 330.80 15.81 -5.88 -6.77 -5.07
GB09-3-C134 331.60 15.88 -5.71 -6.60 -4.98
GB09-3-C135 332.40 15.95 -5.51 -6.41 -5.04
GB09-3-C136 333.20 16.02 -5.82 -6.73 -5.03
GB09-3-C137 334.00 16.08 -5.74 -6.66 -5.25
GB09-3-C138 334.80 16.14 -5.93 -6.85 -5.33
GB09-3-C139 335.60 16.20 -6.02 -6.95 -4.47
GB09-3-C140 336.40 16.26 -5.90 -6.83 -4.52
GB09-3-C141 337.20 16.32 -5.90 -6.84 -4.58
GB09-3-C142 338.00 16.37 -5.83 -6.77 -4.52
GB09-3-C143 338.80 16.43 -5.91 -6.86 -4.81
GB09-3-C144 339.60 16.48 -6.24 -7.19 -4.87
GB09-3-C145 340.40 16.54 -6.18 -7.13 -4.28
GB09-3-C146 341.20 16.59 -5.69 -6.64 -4.76
GB09-3-C147 342.00 16.64 -5.59 -6.55 -4.78
GB09-3-C148 342.80 16.69 -5.80 -6.76 -4.42
GB09-3-C149 343.60 16.75 -5.72 -6.69 -4.27
GB09-3-C150 344.40 16.80 -5.72 -6.69 4.11
GB09-3-C151 345.20 16.85 -5.96 -6.93 -4.37
GB09-3-C152 346.00 16.90 -5.79 -6.76 -4.42
GB09-3-C153 346.80 16.96 -5.94 -6.91 -4.32
GB09-3-C154 347.60 17.01 -5.88 -6.86 -4.19
GB09-3-C155 348.40 17.06 -5.70 -6.68 -3.98
GB09-3-C156 349.20 17.12 -5.78 -6.76 -4.07
GB09-3-C157 350.00 17.17 -5.70 -6.68 -3.88
GB09-3-C158 350.80 17.22 -5.86 -6.85 -3.96



Appendix | 224

Depth Age 5"°0 5'°0 corr 8"C
Sample ID

(mm) (kyr BP)  (%0VPDB) (%o) (%0VPDB)
GB09-3-C159 351.60 17.28 -6.16 -7.15 -3.94
GB09-3-C160 352.40 17.33 -6.11 -7.11 -3.92
GB09-3-C161 353.20 17.38 -5.79 -6.79 -3.94
GB09-3-C162 354.00 17.43 -5.84 -6.84 -4.13
GB09-3-C163 354.80 17.49 -5.99 -6.99 -3.85
GB09-3-C164 355.60 17.54 -6.26 -7.27 -3.71
GB09-3-C165 356.40 17.59 -6.26 -7.27 -3.75
GB09-3-C166 357.20 17.65 -5.86 -6.87 -3.49
GB09-3-C167 358.00 17.70 -6.04 -7.05 -3.34
GB09-3-C168 358.80 17.76 -5.75 -6.76 -3.74
GB09-3-C169 359.60 17.82 -5.66 -6.68 -3.83
GB09-3-C170 360.40 17.88 -5.55 -6.57 -4.05
GB09-3-C171 361.20 17.94 -5.60 -6.62 -4.18
GB09-3-C172 362.00 18.01 -5.85 -6.87 -4.16
GB09-3-C173 362.80 18.07 -6.14 =717 -4.20
GB09-3-C174 363.60 18.14 -5.83 -6.86 -3.96
GB09-3-C175 364.40 18.21 -5.69 -6.72 -4.17
GB09-3-C176 365.20 18.29 -6.03 -7.06 -3.90
GB09-3-C177 366.00 18.37 -6.17 -7.20 -3.90
GB09-3-C178 366.80 18.44 -6.02 -7.05 -3.93
GB09-3-C179 367.60 18.52 -6.36 -7.39 -4.01
GB09-3-C180 368.40 18.59 -6.03 -7.06 -3.98
GB09-3-C181 369.20 18.66 -5.92 -6.95 -4.30
GB09-3-C182 370.00 18.73 -6.27 -7.30 -4.32
GB09-3-C183 370.80 18.79 -6.32 -7.35 -4.31
GB09-3-C184 371.60 18.86 -6.20 -7.24 -4.36
GB09-3-C185 372.40 18.93 -6.03 -7.06 4.11
GB09-3-C186 373.20 19.00 -6.30 -7.34 -4.35
GB09-3-C187 374.00 19.07 -6.19 =722 -4.46
GB09-3-C188 374.80 19.14 -6.26 -7.29 -4.44
GB09-3-C189 375.60 19.22 -6.53 -7.56 -4.31
GB09-3-C190 376.40 19.29 -6.47 -7.51 -4.53
GB09-3-C191 377.20 19.36 -6.29 -7.33 -4.74
GB09-3-C192 378.00 19.44 -6.53 -7.57 -4.54
GB09-3-C193 378.80 19.51 -6.35 -7.38 -4.74
GB09-3-C194 379.60 19.58 -6.12 -7.15 -4.38
GB09-3-C195 380.40 19.63 -6.26 -7.29 -4.45



Appendix | 225

Depth Age 5"°0 5"°0 corr 8"C
Sample ID

(mm) (kyr BP)  (%0VPDB) (%o) (%0VPDB)
GB09-3-C196 381.20 19.69 -6.43 -7.46 -4.30
GB09-3-C197 382.00 19.74 -6.20 -7.24 -4.66
GB09-3-C198 382.80 19.79 -6.37 -7.40 -4.56
GB09-3-C199 383.60 19.84 -6.13 -7.16 -4.17
GB09-3-C200 384.40 19.89 -6.61 -7.64 -4.36
GB09-3-C201 385.20 19.94 -6.79 -7.82 -4.56
GB09-3-C202 386.00 19.98 -6.48 -7.51 -4.74
GB09-3-C203 386.80 20.03 -6.22 -7.25 -4.68
GB09-3-C204 387.60 20.08 -6.39 -7.41 -4.63
GB09-3-C205 388.40 20.12 -6.46 -7.49 -4.33
GB09-3-C206 389.20 20.17 -6.37 -7.40 -4.57
GB09-3-C207 390.00 20.22 -6.48 -7.51 -4.60
GB09-3-C208 390.80 20.27 -6.31 -7.34 -4.51
GB09-3-C209 391.60 20.32 -6.27 -7.29 -4.51
GB09-3-C210 392.40 20.36 -6.07 -7.09 -4.75
GB09-3-C211 393.20 20.41 -6.20 -7.23 -4.34
GB09-3-C212 394.00 20.46 -6.14 -7.16 -4.54
GB09-3-C213 394.80 20.52 -6.26 -7.28 -4.96
GB09-3-C214 395.60 20.56 -6.09 -7.11 -4.82
GB09-3-C215 396.40 20.60 -6.06 -7.09 -4.92
GB09-3-C216 397.20 20.63 -6.13 -7.15 -4.87
GB09-3-C217 398.00 20.66 -6.36 -7.38 -4.54
GB09-3-C218 398.80 20.68 -6.20 =722 -4.41
GB09-3-C219 399.60 20.72 -6.49 -7.51 -4.91
GB09-3-C220 400.40 20.76 -6.58 -7.60 -4.55
GB09-3-C221 401.20 20.81 -6.30 -7.32 -4.49
GB09-3-C222 402.00 20.86 -6.35 -7.37 -4.27
GB09-3-C223 402.80 20.92 -6.26 -7.28 -4.40
GB09-3-C224 403.60 20.97 -6.29 -7.31 -4.46
GB09-3-C225 404.40 21.03 -6.40 -7.42 -4.80
GB09-3-C226 405.20 21.08 -6.17 -7.18 -4.43
GB09-3-C227 406.00 21.14 -6.30 -7.32 -4.36
GB09-3-C228 406.80 21.19 -6.29 -7.31 -4.19
GB09-3-C229 407.60 21.25 -6.27 -7.29 -4.13
GB09-3-C230 408.40 21.30 -6.33 -7.35 -4.36
GB09-3-C231 409.20 21.35 -6.12 -7.14 -4.24
GB09-3-C232 410.00 21.40 -6.15 -7.16 -4.62



Appendix | 226

Depth Age 5"°0 5'°0 corr 8"C
Sample ID

(mm) (kyr BP)  (%0VPDB) (%o) (%0VPDB)
GB09-3-C233 410.80 21.45 -6.20 -7.21 -4.69
GB09-3-C234 411.60 21.51 -6.30 -7.31 -4.01
GB09-3-C235 412.40 21.56 -6.48 -7.50 -3.96
GB09-3-C236 413.20 21.61 -6.28 -7.29 -4.25
GB09-3-C237 414.00 21.66 -6.12 -7.13 -4.19
GB09-3-C238 414.80 21.71 -6.38 -7.39 -4.39
GB09-3-C239 415.60 21.76 -6.44 -7.45 -4.28
GB09-3-C240 416.40 21.81 -6.50 -7.51 -3.91
GB09-3-C241 417.20 21.86 -6.30 -7.31 -3.85
GB09-3-C242 418.00 21.91 -6.25 -7.25 -3.95
GB09-3-C243 418.80 21.96 -6.15 -7.15 -4.04
GB09-3-C244 419.60 22.01 -6.25 -7.26 -4.35
GB09-3-C245 420.40 22.06 -6.17 -7.18 -4.26
GB09-3-C246 421.20 22.11 -6.27 -7.27 -4.29
GB09-3-C247 422.00 22.16 -6.41 -7.42 -4.32
GB09-3-C248 422.80 22.21 -6.06 -7.07 -4.29
GB09-3-C249 423.60 22.26 -5.85 -6.85 -4.38
GB09-3-C250 424.40 22.31 -6.52 -7.52 -4.42
GB09-3-C251 425.20 22.36 -6.69 -7.70 -4.50
GB09-3-C252 426.00 22.41 -6.48 -7.48 -4.61
GB09-3-C253 426.80 22.46 -6.61 -7.61 -4.60
GB09-3-C254 427.60 22.52 -6.18 -7.18 -4.27
GB09-3-C255 428.40 22.57 -6.14 -7.14 -4.32
GB09-3-C256 429.20 22.62 -6.02 -7.01 -4.15
GB09-3-C257 430.00 22.68 -6.31 -7.31 -4.58
GB09-3-C258 430.80 22.73 -6.10 -7.10 421
GB09-3-C259 431.60 22.79 -6.39 -7.39 -4.62
GB09-3-C260 432.40 22.86 -6.15 -7.15 -4.74
GB09-3-C261 433.20 22.92 -6.21 -7.21 -4.47
GB09-3-C262 434.00 22.99 -6.15 -7.14 -4.66
GB09-3-D1 434.80 23.08 -6.75 -7.74 -5.16
GB09-3-D2 435.60 23.18 -6.23 -7.22 -4.80
GB09-3-D3 436.40 23.31 -5.94 -6.93 -4.67
GB09-3-D4 437.20 23.43 -6.04 -7.03 -4.13
GB09-3-D5 438.00 23.55 -5.91 -6.89 -4.02
GB09-3-D6 438.80 23.68 -5.87 -6.85 -4.05
GB09-3-D7 439.60 23.80 -5.95 -6.93 -3.89



Appendix | 227

Depth Age 5"°0 5"°0 corr 8"C
Sample ID

(mm) (kyr BP)  (%0VPDB) (%o) (%0VPDB)
GB09-3-D8 440.40 23.93 -6.10 -7.07 -3.82
GB09-3-D9 441.20 24.05 -6.07 -7.05 -3.79
GB09-3-D10 442.00 24.18 -6.09 -7.06 -4.17
GB09-3-D11 442.80 24.29 -6.14 -7.10 -4.26
GB09-3-D12 443.60 24.39 -6.32 -7.28 -4.13
GB09-3-D13 444.40 24.47 -6.25 -7.22 -4.08
GB09-3-D14 445.20 24.54 -6.25 -7.21 -4.23
GB09-3-D15 446.00 24.60 -6.33 -7.29 -4.36
GB09-3-D16 446.80 24.66 -6.59 -7.55 -4.63
GB09-3-D17 447.60 24.71 -6.42 -7.38 -4.44
GB09-3-D18 448.40 24.77 -6.25 -7.21 -4.29
GB09-3-D19 449.20 24.82 -6.20 -7.16 -4.25
GB09-3-D20 450.00 24.87 -6.35 -7.30 -4.53
GB09-3-D21 450.80 24.92 -6.10 -7.06 -4.17
GB09-3-D22 451.60 24.98 -6.29 -7.24 -3.84
GB09-3-D23 452.40 25.03 -5.98 -6.94 -4.08
GB09-3-D24 453.20 25.08 -6.02 -6.98 -4.08
GB09-3-D25 454.00 25.14 -6.20 -7.16 -4.15
GB09-3-D26 454.80 25.19 -6.09 -7.04 -4.14
GB09-3-D27 455.60 25.24 -6.23 -7.18 -4.00
GB09-3-D28 456.40 25.30 -6.23 -7.18 -4.43
GB09-3-D29 457.20 25.36 -6.18 -7.13 -4.13
GB09-3-D30 458.00 25.43 -6.25 -7.20 -4.16
GB09-3-D31 458.80 25.50 -6.07 -7.02 -4.06
GB09-3-D32 459.60 25.57 -5.92 -6.86 -4.27
GB09-3-D33 460.40 25.65 -5.88 -6.82 -4.22
GB09-3-D34 461.20 25.73 -6.02 -6.96 -3.76
GB09-3-D35 462.00 25.81 -6.19 -7.12 -4.14
GB09-3-D36 462.80 25.88 -6.16 -7.10 -3.98
GB09-3-D37 463.60 25.96 -5.65 -6.58 -3.90
GB09-3-D38 464.40 26.03 -5.63 -6.57 -3.98
GB09-3-D39 465.20 26.10 -5.97 -6.91 -4.18
GB09-3-D40 466.00 26.18 -6.00 -6.93 -4.21
GB09-3-D41 466.80 26.25 -6.02 -6.95 -4.27
GB09-3-D42 467.60 26.32 -6.20 -7.13 -3.94
GB09-3-D43 468.40 26.39 -6.06 -6.99 -4.06
GB09-3-D44 469.20 26.46 -6.17 -7.10 -3.97



Appendix | 228

Depth Age 5"°0 5'°0 corr 8"C
Sample ID

(mm) (kyr BP)  (%0VPDB) (%o) (%0VPDB)
GB09-3-D45 470.00 26.53 -6.30 -7.22 -4.13
GB09-3-D46 470.80 26.60 -6.25 717 -4.32
GB09-3-D47 471.60 26.67 -6.20 -7.12 -4.23
GB09-3-D48 472.40 26.74 -6.05 -6.97 -4.30
GB09-3-D49 473.20 26.81 -6.18 -7.09 -4.32
GB09-3-D50 474.00 26.88 -5.84 -6.75 -4.56
GB09-3-D51 474.80 26.95 -6.13 -7.04 -4.56
GB09-3-D52 475.60 27.02 -6.07 -6.98 -4.28
GB09-3-D53 476.40 27.09 -6.24 -7.15 -4.61
GB09-3-D54 477.20 27.17 -6.02 -6.92 -4.36
GB09-3-D55 478.00 27.24 -6.04 -6.95 -4.49
GB09-3-D56 478.80 27.32 -6.23 -7.13 -4.84
GB09-3-D57 479.60 27.40 -6.31 -7.21 -4.95
GB09-3-D58 480.40 27.48 -5.94 -6.83 -4.63
GB09-3-D59 481.20 27.56 -5.81 -6.71 -4.51
GB09-3-D60 482.00 27.64 -5.78 -6.67 -4.71
GB09-3-D61 482.80 27.72 -5.75 -6.64 -4.96
GB09-3-D62 483.60 27.80 -5.87 -6.76 -4.71
GB09-3-D63 484.40 27.88 -5.89 -6.78 -4.77
GB09-3-D64 485.20 27.96 -5.88 -6.76 -5.03
GB09-3-D65 486.00 28.04 -6.26 -7.14 -5.07
GB09-3-D66 486.80 28.11 -5.97 -6.85 -4.68
GB09-3-D67 487.60 28.19 -6.04 -6.92 -4.61
GB09-3-D68 488.40 28.26 -6.02 -6.90 -4.75
GB09-3-D69 489.20 28.33 -6.22 -7.10 -4.80
GB09-3-D70 490.00 28.41 -6.12 -6.99 -4.69
GB09-3-D71 490.80 28.48 -5.89 -6.77 -4.28
GB09-3-D72 491.60 28.55 -5.64 -6.51 -4.37
GB09-3-D73 492.40 28.62 -6.09 -6.96 -4.70
GB09-3-D74 493.20 28.69 -5.92 -6.79 -4.58
GB09-3-D75 494.00 28.76 -5.70 -6.57 -5.00
GB09-3-D76 494.80 28.83 -5.73 -6.59 -5.32
GB09-3-D77 495.60 28.90 -5.98 -6.84 -5.41
GB09-3-D78 496.40 28.97 -5.82 -6.67 -5.12
GB09-3-D79 497.20 29.04 -5.93 -6.78 -5.14
GB09-3-D80 498.00 29.11 -5.96 -6.81 -5.22
GB09-3-D81 498.80 29.18 -5.81 -6.66 -5.29



Appendix | 229

Depth Age 5"°0 5"°0 corr 8"C
Sample ID

(mm) (kyr BP)  (%0VPDB) (%o) (%0VPDB)
GB09-3-D82 499.60 29.25 -5.66 -6.51 -4.89
GB09-3-D83 500.40 29.32 -5.79 -6.64 -4.65
GB09-3-D84 501.20 29.39 -5.80 -6.65 -4.94
GB09-3-D85 502.00 29.46 -5.61 -6.46 -4.79
GB09-3-D86 502.80 29.53 -5.94 -6.78 -4.56
GB09-3-D87 503.60 29.60 -6.01 -6.85 -4.99
GB09-3-D88 504.40 29.67 -5.79 -6.63 -5.30
GB09-3-D89 505.20 29.74 -6.05 -6.88 -5.43
GB09-3-D90 506.00 29.82 -5.84 -6.67 -5.11
GB09-3-D91 506.80 29.89 -5.74 -6.58 -4.54
GB09-3-D92 507.60 29.96 -5.87 -6.70 -5.13
GB09-3-D93 508.40 30.04 -5.97 -6.79 -5.04
GB09-3-D94 509.20 30.12 -6.02 -6.85 -5.56
GB09-3-D95 510.00 30.19 -6.04 -6.87 -5.38
GB09-3-D96 510.80 30.27 -5.97 -6.80 -5.03
GB09-3-D97 511.60 30.34 -5.78 -6.59 -5.26
GB09-3-D98 512.40 30.41 -5.89 -6.71 -5.58
GB09-3-D99 513.20 30.46 -5.84 -6.66 -5.34
GB09-3-D100 514.00 30.50 -5.91 -6.72 -5.21
GB09-3-D101 514.80 30.54 -5.62 -6.43 -5.06
GB09-3-D102 515.60 30.58 -5.63 -6.45 -4.71
GB09-3-D103 516.40 30.62 -5.73 -6.54 -4.73
GB09-3-D104 517.20 30.65 -5.90 -6.71 -4.68
GB09-3-D105 518.00 30.69 -5.60 -6.41 -4.48
GB09-3-D106 518.80 30.72 -5.59 -6.40 -4.85
GB09-3-D107 519.60 30.76 -5.67 -6.48 -4.68
GB09-3-D108 520.40 30.79 -5.87 -6.68 -4.36
GB09-3-D109 521.20 30.83 -5.87 -6.68 -4.44
GB09-3-D110 522.00 30.86 -5.71 -6.51 -4.43
GB09-3-D111 522.80 30.90 -6.10 -6.90 -4.40
GB09-3-D112 523.60 30.94 -6.04 -6.85 -4.48
GB09-3-D113 524.40 30.98 -6.16 -6.97 -5.08
GB09-3-D114 525.20 31.02 -5.72 -6.52 -4.63
GB09-3-D115 526.00 31.07 -5.83 -6.63 -4.96
GB09-3-D116 526.80 31.12 -5.58 -6.38 -5.15
GB09-3-D117 527.60 31.17 -5.75 -6.55 -4.98
GB09-3-D118 528.40 31.22 -5.68 -6.48 -4.70
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Depth Age 5"°0 5'°0 corr 8"C
Sample ID

(mm) (kyr BP)  (%0VPDB) (%o) (%0VPDB)
GB09-3-D119 529.20 31.26 -5.95 -6.75 -4.72
GB09-3-D120 530.00 31.31 -5.79 -6.59 -4.89
GB09-3-D121 530.80 31.35 -5.93 -6.72 -4.79
GB09-3-D122 531.60 31.39 -5.67 -6.47 -4.77
GB09-3-D123 532.40 31.43 -5.89 -6.69 -5.15
GB09-3-D124 533.20 31.47 -5.81 -6.60 -4.97
GB09-3-D125 534.00 31.50 -5.84 -6.64 -4.75
GB09-3-D126 534.80 31.54 -6.03 -6.83 -4.62
GB09-3-D127 535.60 31.58 -5.70 -6.50 -4.80
GB09-3-D128 536.40 31.62 -5.88 -6.67 -4.60
GB09-3-D129 537.20 31.66 -5.66 -6.46 -4.60
GB09-3-D130 538.00 31.70 -5.85 -6.64 -4.82
GB09-3-D131 538.80 31.74 -5.96 -6.75 -4.67
GB09-3-D132 539.60 31.78 -5.85 -6.64 -4.24
GB09-3-D133 540.40 31.82 -5.84 -6.63 -4.27
GB09-3-D134 541.20 31.86 -5.88 -6.67 -4.39
GB09-3-D135 542.00 31.90 -5.87 -6.66 -5.13
GB09-3-D136 542.80 31.94 -5.69 -6.48 -4.64
GB09-3-D137 543.60 31.98 -5.86 -6.65 -4.95
GB09-3-D138 544.40 32.02 -5.83 -6.62 -4.91
GB09-3-D139 545.20 32.07 -6.02 -6.81 -4.86
GB09-3-D140 546.00 32.12 -6.02 -6.81 -4.92
GB09-3-D141 546.80 32.17 -5.79 -6.58 -4.98
GB09-3-D142 547.60 3221 -5.76 -6.55 -4.98
GB09-3-D143 548.40 32.26 -5.95 -6.73 -5.10
GB09-3-D144 549.20 3231 -5.92 -6.71 -5.76
GB09-3-D145 550.00 32.35 -5.84 -6.62 -5.64
GB09-3-D146 550.80 32.40 -5.51 -6.29 -5.53
GB09-3-D147 551.60 32.44 -5.64 -6.42 -5.62
GB09-3-D148 552.40 32.48 -5.71 -6.50 -5.45
GB09-3-D149 553.20 32.52 -5.89 -6.68 -5.56
GB09-3-D150 554.00 32.56 -5.74 -6.52 -5.26
GB09-3-D151 554.80 32.60 -5.62 -6.41 -5.28
GB09-3-D152 555.60 32.64 -5.35 -6.13 -5.68
GB09-3-D153 556.40 32.67 -5.50 -6.28 -6.05
GB09-3-D154 557.20 32.71 -5.86 -6.64 -5.60
GB09-3-D155 558.00 32.75 -5.78 -6.56 -5.49
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Depth Age 5"°0 5"°0 corr 8"C
Sample ID

(mm) (kyr BP)  (%0VPDB) (%o) (%0VPDB)
GB09-3-D156 558.80 32.78 -5.82 -6.60 -5.23
GB09-3-D157 559.60 32.82 -5.61 -6.39 -5.23
GB09-3-D158 560.40 32.86 -5.83 -6.61 -5.09
GB09-3-D159 561.20 32.89 -5.64 -6.41 -4.91
GB09-3-D160 562.00 32.93 -5.64 -6.42 -4.84
GB09-3-D161 562.80 32.96 -5.37 -6.14 -4.79
GB09-3-D162 563.60 33.00 -5.47 -6.24 -4.98
GB09-3-D163 564.40 33.04 -5.76 -6.54 -4.98
GB09-3-D164 565.20 33.08 -5.80 -6.57 -4.80
GB09-3-D165 566.00 33.11 -5.82 -6.59 -4.47
GB09-3-D166 566.80 33.15 -5.85 -6.62 -5.00
GB09-3-D167 567.60 33.19 -5.96 -6.73 -5.27
GB09-3-D168 568.40 33.22 -5.81 -6.59 -5.09
GB09-3-D169 569.20 33.26 -5.73 -6.50 -4.80
GB09-3-D170 570.00 33.30 -5.41 -6.18 -5.10
GB09-3-D171 570.80 33.33 -5.55 -6.32 -5.75
GB09-3-D172 571.60 33.37 -5.49 -6.26 -5.99
GB09-3-D173 572.40 33.40 -5.91 -6.68 -5.83
GB09-3-D174 573.20 33.44 -5.93 -6.70 -5.71
GB09-3-D175 574.00 33.48 -6.03 -6.80 -5.65
GB09-3-D176 574.80 33.51 -6.01 -6.78 -5.48
GB09-3-D177 575.60 33.55 -5.89 -6.66 -5.95
GB09-3-D178 576.40 33.58 -6.17 -6.94 -5.72
GB09-3-D179 577.20 33.62 -6.19 -6.96 -5.72
GB09-3-D180 578.00 33.66 -6.22 -6.99 -5.69
GB09-3-D181 578.80 33.69 -6.02 -6.79 -5.86
GB09-3-D182 579.60 33.73 -6.05 -6.82 -5.78
GB09-3-D183 580.40 33.77 -6.06 -6.83 -5.76
GB09-3-D184 581.20 33.80 -6.18 -6.94 -5.53
GB09-3-D185 582.00 33.84 -5.82 -6.59 -5.33
GB09-3-D186 582.80 33.88 -5.75 -6.51 -4.85
GB09-3-D187 583.60 33.92 -6.09 -6.85 -5.13
GB09-3-D188 584.40 33.96 -5.97 -6.74 -4.61
GB09-3-D189 585.20 34.00 -6.13 -6.89 -4.83
GB09-3-D190 586.00 34.04 -6.16 -6.92 -4.98
GB09-3-D191 586.80 34.08 -6.23 -6.99 -4.96
GB09-3-D192 587.60 34.13 -6.07 -6.83 -4.67
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Depth Age 5"°0 5'°0 corr 8"C
Sample ID

(mm) (kyr BP)  (%0VPDB) (%o) (%0VPDB)
GB09-3-D193 588.40 34.17 -6.33 -7.09 -4.81
GB09-3-D194 589.20 34.22 -6.16 -6.92 -4.61
GB09-3-D195 590.00 34.27 -5.88 -6.64 -4.86
GB09-3-D196 590.80 34.32 -5.98 -6.74 -5.19
GB09-3-D197 591.60 34.38 -6.02 -6.78 -4.94
GB09-3-D198 592.40 34.43 -6.04 -6.79 -4.96
GB09-3-D199 593.20 34.50 -5.89 -6.65 -4.62
GB09-3-D200 594.00 34.55 -5.80 -6.55 -4.78
GB09-3-D201 594.80 34.61 -5.95 -6.70 -5.12
GB09-3-D202 595.60 34.67 -5.96 -6.72 -5.43
GB09-3-D203 596.40 34.72 -5.69 -6.44 -5.25
GB09-3-D204 597.20 34.77 -5.98 -6.73 -5.27
GB09-3-E1 598.00 34.83 -5.95 -6.70 -5.29
GB09-3-E2 598.80 34.88 -5.67 -6.42 -5.11
GB09-3-E3 599.60 34.93 -5.64 -6.39 -5.36
GB09-3-E4 600.40 34.98 -5.99 -6.74 -5.47
GB09-3-E5 601.20 35.03 -5.79 -6.54 -5.39
GB09-3-E6 602.00 35.08 -5.77 -6.51 -5.44
GB09-3-E7 602.80 35.14 -5.87 -6.61 -5.29
GB09-3-E8 603.60 35.19 -5.95 -6.70 -5.63
GB09-3-E9 604.40 35.24 -5.92 -6.67 -5.56
GB09-3-E10 605.20 35.29 -5.86 -6.60 -5.74
GB09-3-E11 606.00 35.34 -5.61 -6.35 -5.65
GB09-3-E12 606.80 35.39 -5.85 -6.59 -5.98
GB09-3-E13 607.60 35.45 -5.70 -6.44 -5.38
GB09-3-E14 608.40 35.50 -5.75 -6.49 -4.95
GB09-3-E15 609.20 35.56 -5.74 -6.48 -4.92
GB09-3-E16 610.00 35.62 -5.82 -6.55 -5.38
GB09-3-E17 610.80 35.68 -5.68 -6.42 -5.22
GB09-3-E18 611.60 35.74 -5.94 -6.67 -5.05
GB09-3-E19 612.40 35.79 -5.71 -6.44 -5.28
GB09-3-E20 613.20 35.84 -5.91 -6.64 -5.12
GB09-3-E21 614.00 35.89 -5.82 -6.55 -5.12
GB09-3-E22 614.80 35.94 -5.96 -6.69 -4.87
GB09-3-E23 615.60 35.98 -6.11 -6.84 -4.97
GB09-3-E24 616.40 36.02 -5.86 -6.59 -5.27
GB09-3-E25 617.20 36.07 -6.05 -6.77 -5.16
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Depth Age 5"°0 5"°0 corr 8"C
Sample ID

(mm) (kyr BP)  (%0VPDB) (%o) (%0VPDB)
GB09-3-E26 618.00 36.11 -6.05 -6.78 -5.34
GB09-3-E27 618.80 36.15 -5.95 -6.67 -5.37
GB09-3-E28 619.60 36.19 -5.80 -6.52 -5.57
GB09-3-E29 620.40 36.23 -5.96 -6.68 -5.63
GB09-3-E30 621.20 36.27 -5.61 -6.33 -5.53
GB09-3-E31 622.00 36.31 -5.96 -6.68 -5.46
GB09-3-E32 622.80 36.35 -5.97 -6.69 -5.34
GB09-3-E33 623.60 36.39 -6.22 -6.94 -5.31
GB09-3-E34 624.40 36.43 -6.26 -6.98 -5.44
GB09-3-E35 625.20 36.47 -6.21 -6.93 -5.20
GB09-3-E36 626.00 36.51 -6.33 -7.05 -5.50
GB09-3-E37 626.80 36.55 -6.03 -6.75 -5.44
GB09-3-E38 627.60 36.60 -5.96 -6.68 -5.62
GB09-3-E39 628.40 36.65 -5.90 -6.62 -5.48
GB09-3-E40 629.20 36.69 -6.27 -6.99 -5.53
GB09-3-E41 630.00 36.74 -6.33 -7.05 -5.32
GB09-3-E42 630.80 36.78 -6.24 -6.95 -5.86
GB09-3-E43 631.60 36.82 -6.03 -6.75 -6.08
GB09-3-E44 632.40 36.85 -6.00 -6.71 -5.88
GB09-3-E45 633.20 36.89 -6.14 -6.86 -6.27
GB09-3-E46 634.00 36.93 -5.88 -6.59 -6.04
GB09-3-E47 634.80 36.96 -5.91 -6.63 -5.96
GB09-3-E48 635.60 36.99 -5.96 -6.68 -5.85
GB09-3-E49 636.40 37.03 -5.65 -6.37 -5.88
GB09-3-E50 637.20 37.06 -5.65 -6.37 -5.70
GB09-3-E51 638.00 37.09 -5.83 -6.54 -5.95
GB09-3-E52 638.80 37.12 -5.84 -6.55 -5.87
GB09-3-E53 639.60 37.15 -5.98 -6.70 -5.50
GB09-3-E54 640.40 37.18 -6.13 -6.84 -5.60
GB09-3-E55 641.20 37.21 -6.26 -6.97 -6.05
GB09-3-E56 642.00 37.24 -5.89 -6.61 -5.67
GB09-3-E57 642.80 37.27 -5.80 -6.51 -5.82
GB09-3-E58 643.60 37.30 -5.90 -6.61 -5.93
GB09-3-E59 644.40 37.33 -5.75 -6.46 -5.92
GB09-3-E60 645.20 37.36 -5.93 -6.64 -6.20
GB09-3-E61 646.00 37.39 -5.74 -6.45 -6.14
GB09-3-E62 646.80 37.42 -5.72 -6.43 -5.74
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Depth Age 5"°0 5'°0 corr 8"C
Sample ID

(mm) (kyr BP)  (%0VPDB) (%o) (%0VPDB)
GB09-3-E63 647.60 37.45 -5.80 -6.51 -5.88
GB09-3-E64 648.40 37.48 -5.71 -6.42 -5.90
GB09-3-E65 649.20 37.51 -5.80 -6.51 -5.62
GB09-3-E66 650.00 37.54 -5.61 -6.31 -5.60
GB09-3-E67 650.80 37.57 -5.47 -6.18 -5.80
GB09-3-E68 651.60 37.61 -5.55 -6.25 -6.00
GB09-3-E69 652.40 37.64 -5.61 -6.31 -5.59
GB09-3-E70 653.20 37.67 -5.43 -6.13 -5.83
GB09-3-E71 654.00 37.71 -5.49 -6.19 -5.98
GB09-3-E72 654.80 37.74 -5.83 -6.54 -6.52
GB09-3-E73 655.60 37.78 -6.07 -6.78 -6.41
GB09-3-E74 656.40 37.81 -5.81 -6.51 -6.29
GB09-3-E75 657.20 37.85 -5.82 -6.53 -5.67
GB09-3-E76 658.00 37.90 -5.40 -6.11 -5.45
GB09-3-E77 658.80 37.95 -5.51 -6.22 -5.35
GB09-3-E78 659.60 38.00 -5.91 -6.62 -5.38
GB09-3-E79 660.40 38.05 -6.13 -6.83 -5.82
GB09-3-E80 661.20 38.10 -5.86 -6.57 -5.74
GB09-3-E81 662.00 38.15 -5.89 -6.59 -5.78
GB09-3-E82 662.80 38.20 -5.77 -6.48 -5.85
GB09-3-E83 663.60 38.25 -5.75 -6.46 -5.77
GB09-3-E84 664.40 38.29 -5.86 -6.56 -5.61
GB09-3-E85 665.20 38.34 -5.64 -6.34 -5.11
GB09-3-E86 666.00 38.38 -5.77 -6.48 -5.09
GB09-3-E87 666.80 38.43 -5.94 -6.64 -4.98
GB09-3-E88 667.60 38.47 -5.71 -6.41 -4.61
GB09-3-E89 668.40 38.52 -5.76 -6.46 -4.98
GB09-3-E90 669.20 38.56 -5.75 -6.45 -4.81
GB09-3-E91 670.00 38.60 -5.66 -6.36 -5.25
GB09-3-E92 670.80 38.65 -5.88 -6.58 -5.23
GB09-3-E93 671.60 38.69 -6.01 -6.72 -5.49
GB09-3-E94 672.40 38.73 -6.12 -6.82 -4.92
GB09-3-E95 673.20 38.78 -5.93 -6.63 -5.03
GB09-3-E96 674.00 38.82 -5.89 -6.59 -5.02
GB09-3-E97 674.80 38.87 -5.96 -6.66 -5.43
GB09-3-E98 675.60 38.91 -6.07 -6.77 -5.30
GB09-3-E99 676.40 38.95 -5.82 -6.52 -5.53
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Depth Age 5"°0 5"°0 corr 8"C
Sample ID

(mm) (kyr BP)  (%0VPDB) (%o) (%0VPDB)
GB09-3-E100 677.20 39.00 -5.90 -6.60 -5.69
GB09-3-E101 678.00 39.04 -5.98 -6.68 -5.43
GB09-3-E102 678.80 39.08 -5.96 -6.65 -5.07
GB09-3-E103 679.60 39.13 -6.04 -6.74 -4.42
GB09-3-E104 680.40 39.17 -6.05 -6.75 -4.46
GB09-3-E105 681.20 39.22 -6.16 -6.86 -4.72
GB09-3-E106 682.00 39.26 -6.37 -7.07 -4.79
GB09-3-E107 682.80 39.30 -6.22 -6.91 -4.56
GB09-3-E108 683.60 39.35 -5.65 -6.35 -4.40
GB09-3-E109 684.40 39.39 -5.76 -6.46 -4.67
GB09-3-E110 685.20 39.43 -5.94 -6.63 -4.15
GB09-3-E111 686.00 39.48 -6.06 -6.75 -4.31
GB09-3-E112 686.80 39.53 -5.81 -6.50 -4.34
GB09-3-E113 687.60 39.57 -6.09 -6.79 -4.07
GB09-3-E114 688.40 39.62 -5.89 -6.58 -4.53
GB09-3-E115 689.20 39.67 -5.81 -6.51 -4.28
GB09-3-E116 690.00 39.72 -5.76 -6.46 -4.12
GB09-3-E117 690.80 39.77 -5.69 -6.38 -4.00
GB09-3-E118 691.60 39.82 -5.53 -6.23 -4.22
GB09-3-E119 692.40 39.87 -5.32 -4.67 -4.67
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Table A3
Summary of stalagmite GB11-9 isotope data

Note that “3'*0 corr” refers to the ice volume corrected 8'°O values. Where applicable,
isotope values shown equal the mean of replicate measurements.

Acknowledgements: Daniel Becker milled samples 193 to 323 of GB11-9 (i.e., 131 of
323 samples). Joan Cowley weighed all GB11-9 samples for analysis. Joan Cowley,
Heather Scott-Gagan and Joe Cali analysed all GB11-9 samples on the MAT251.

Depth Age 5"%0 5"°0 corr 8"C
Sample ID

(mm) (kyr BP)  (%0VPDB) (%o) (%0VPDB)
GB11-9-A-1 0.00 26.10 -5.64 -6.57 -4.43
GB11-9-A-2 0.70 26.14 -5.68 -6.61 -5.06
GB11-9-A-3 1.40 26.17 -5.81 -6.74 -4.96
GB11-9-A-4 2.10 26.21 -5.76 -6.69 -5.29
GB11-9-A-5 2.80 26.24 -5.80 -6.73 -5.39
GB11-9-A-6 3.50 26.27 -5.53 -6.46 -5.50
GB11-9-A-7 4.20 26.30 -5.50 -6.43 -5.41
GB11-9-A-8 4.90 26.33 -5.70 -6.63 -5.42
GB11-9-A-9 5.60 26.36 -5.68 -6.61 -5.36
GB11-9-A-10 6.30 26.39 -5.49 -6.42 -4.75
GB11-9-A-11 7.00 26.41 -5.68 -6.61 -4.96
GB11-9-A-12 7.70 26.44 -5.69 -6.61 -5.48
GB11-9-A-13 8.40 26.47 -5.63 -6.55 -5.37
GB11-9-A-14 9.10 26.50 -5.58 -6.50 -5.42
GB11-9-A-15 9.80 26.52 -5.59 -6.51 -5.23
GB11-9-A-16 10.50 26.55 -5.75 -6.67 -5.51
GB11-9-A-17 11.20 26.58 -5.84 -6.76 -5.47
GB11-9-A-18 11.90 26.60 -5.67 -6.59 -5.54
GB11-9-A-19 12.60 26.63 -5.44 -6.36 -5.41
GB11-9-A-20 13.30 26.66 -5.76 -6.68 -5.66
GB11-9-A-21 14.00 26.69 -5.71 -6.63 -5.19
GB11-9-A-22 14.70 26.71 -5.80 -6.72 -5.44
GB11-9-A-23 15.40 26.74 -5.84 -6.76 -5.66
GB11-9-A-24 16.10 26.77 -5.64 -6.56 -5.79
GB11-9-A-25 16.80 26.79 -5.54 -6.46 -5.63

GB11-9-A-26 17.50 26.82 -5.84 -6.75 -5.71
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Depth Age 5"%0 5"°0 corr d"C
Sample ID

(mm) (kyr BP)  (%0VPDB) (%o) (%0VPDB)
GB11-9-A-27 18.20 26.85 -5.94 -6.85 -5.69
GB11-9-A-28 18.90 26.88 -5.76 -6.67 -5.60
GB11-9-A-29 19.60 26.90 -5.63 -6.54 -5.68
GB11-9-A-30 20.30 26.93 -5.61 -6.52 -5.66
GB11-9-A-31 21.00 26.96 -5.45 -6.36 -5.63
GB11-9-A-32 21.70 26.99 -5.32 -6.23 -5.47
GB11-9-A-33 22.40 27.02 -5.57 -6.48 -5.40
GB11-9-A-34 23.10 27.04 -5.59 -6.50 -5.47
GB11-9-A-35 23.80 27.07 -5.60 -6.51 -5.51
GB11-9-A-36 24.50 27.10 -5.85 -6.76 -5.55
GB11-9-A-37 25.20 27.13 -5.95 -6.86 -5.54
GB11-9-A-38 25.90 27.17 -5.63 -6.53 -5.28
GB11-9-A-39 26.60 27.20 -5.69 -6.59 -5.15
GB11-9-A-40 27.30 27.24 -5.83 -6.73 -4.91
GB11-9-A-41 28.00 27.27 -5.63 -6.53 -5.12
GB11-9-A-42 28.70 27.31 -5.67 -6.57 -5.12
GB11-9-A-43 29.40 27.36 -5.78 -6.68 -5.44
GB11-9-A-44 30.10 27.41 -5.48 -6.38 -5.43
GB11-9-A-45 30.80 27.46 -5.74 -6.64 -5.33
GB11-9-A-46 31.50 27.52 -5.82 -6.72 -5.34
GB11-9-A-47 32.20 27.57 -5.87 -6.76 -5.33
GB11-9-A-48 32.90 27.62 -5.84 -6.73 -5.57
GB11-9-A-49 33.60 27.67 -5.79 -6.68 -5.28
GB11-9-A-50 34.30 27.72 -5.87 -6.76 -5.57
GB11-9-A-51 35.00 27.77 -5.77 -6.66 -5.18
GB11-9-A-52 35.70 27.82 -5.72 -6.61 -5.40
GB11-9-A-53 36.40 27.87 -5.45 -6.34 -5.66
GB11-9-A-54 37.10 27.91 -5.38 -6.27 -5.54
GB11-9-A-55 37.80 27.96 -5.32 -6.20 -5.61
GB11-9-A-56 38.50 28.01 -5.53 -6.41 -5.74
GB11-9-A-57 39.20 28.05 -5.66 -6.54 -5.73
GB11-9-A-58 39.90 28.10 -5.82 -6.70 -5.58
GB11-9-A-59 40.60 28.15 -5.82 -6.70 -5.61
GB11-9-A-60 41.30 28.19 -5.68 -6.56 -5.46
GB11-9-A-61 42.00 28.24 -5.89 -6.77 -5.52
GB11-9-A-62 42.70 28.29 -5.90 -6.78 -5.47
GB11-9-A-63 43.40 28.33 -5.63 -6.51 -5.22



Appendix | 238

Depth Age 5"%0 5"°0 corr 8"C
Sample ID

(mm) (kyr BP)  (%0VPDB) (%o) (%0VPDB)
GB11-9-A-64 44.10 28.38 -5.80 -6.67 -5.14
GB11-9-A-65 44.80 28.42 -5.59 -6.46 -5.00
GB11-9-A-66 45.50 28.47 -5.38 -6.25 -5.00
GB11-9-A-67 46.20 28.51 -5.61 -6.48 -5.38
GB11-9-A-68 46.90 28.56 -5.65 -6.52 -5.46
GB11-9-A-69 47.60 28.61 -5.79 -6.66 -5.52
GB11-9-A-70 48.30 28.65 -5.64 -6.51 -5.29
GB11-9-A-71 49.00 28.70 -5.56 -6.43 -5.21
GB11-9-A-72 49.70 28.74 -5.60 -6.46 -5.16
GB11-9-A-73 50.40 28.79 -5.53 -6.39 -5.17
GB11-9-A-74 51.10 28.84 -5.96 -6.82 -5.46
GB11-9-A-75 51.80 28.88 -5.50 -6.36 -5.34
GB11-9-A-76 52.50 28.93 -5.33 -6.19 -5.66
GB11-9-A-77 53.20 28.98 -5.35 -6.21 -5.93
GB11-9-A-78 53.90 29.02 -5.26 -6.12 -5.60
GB11-9-A-79 54.60 29.07 -5.55 -6.41 -6.02
GB11-9-A-80 55.30 29.12 -5.53 -6.38 -6.11
GB11-9-A-81 56.00 29.16 -5.62 -6.47 -6.16
GB11-9-A-82 56.70 29.21 -5.52 -6.37 -6.07
GB11-9-A-83 57.40 29.25 -5.41 -6.26 -5.82
GB11-9-A-84 58.10 29.30 -5.51 -6.36 -5.20
GB11-9-A-85 58.80 29.35 -5.38 -6.23 -5.28
GB11-9-A-86 59.50 29.39 -5.36 -6.21 -5.39
GB11-9-A-87 60.20 29.44 -5.44 -6.28 -5.67
GB11-9-A-88 60.90 29.49 -5.53 -6.37 -5.91
GB11-9-A-89 61.60 29.54 -5.71 -6.55 -5.85
GB11-9-A-90 62.30 29.59 -5.59 -6.43 -5.87
GB11-9-A-91 63.00 29.64 -5.47 -6.31 -5.98
GB11-9-A-92 63.70 29.69 -5.65 -6.49 -5.73
GB11-9-A-93 64.40 29.74 -5.76 -6.60 -6.00
GB11-9-A-94 65.10 29.80 -5.98 -6.81 -6.39
GB11-9-A-95 65.80 29.86 -5.76 -6.59 -6.15
GB11-9-A-96 66.50 29.93 -5.61 -6.44 -5.49
GB11-9-A-97 67.20 30.01 -5.35 -6.18 -5.74
GB11-9-A-98 67.90 30.09 -5.38 -6.21 -5.67
GB11-9-A-99 68.60 30.17 -5.31 -6.13 -5.53
GB11-9-A-100 69.30 30.24 -5.36 -6.18 -5.60



Appendix | 239

Depth Age 5"%0 5"°0 corr d"C
Sample ID

(mm) (kyr BP)  (%0VPDB) (%o) (%0VPDB)
GB11-9-A-101 70.00 30.31 -5.30 -6.12 -5.97
GB11-9-A-102 70.70 30.39 -5.29 -6.11 -5.77
GB11-9-A-103 71.40 30.46 -5.32 -6.14 -5.69
GB11-9-A-104 72.10 30.53 -5.43 -6.24 -5.92
GB11-9-A-105 72.80 30.60 -5.44 -6.25 -5.81
GB11-9-A-106 73.50 30.68 -5.66 -6.47 -5.63
GB11-9-A-107 74.20 30.75 -5.56 -6.37 -5.24
GB11-9-A-108 74.90 30.83 -5.74 -6.55 -5.27
GB11-9-A-109 75.60 30.90 -5.66 -6.47 -5.55
GB11-9-A-110 76.30 30.98 -5.93 -6.73 -5.82
GB11-9-A-111 77.00 31.07 -5.84 -6.64 -5.95
GB11-9-A-112 77.70 31.15 -5.77 -6.57 -5.92
GB11-9-A-113 78.40 31.22 -5.60 -6.40 -5.83
GB11-9-A-114 79.10 31.28 -5.86 -6.66 -5.90
GB11-9-A-115 79.80 31.33 -5.85 -6.65 -5.95
GB11-9-A-116 80.50 31.38 -5.75 -6.55 -6.03
GB11-9-A-117 81.20 31.43 -5.77 -6.57 -5.89
GB11-9-A-118 81.90 31.48 -5.61 -6.41 -5.92
GB11-9-A-119 82.60 31.52 -5.53 -6.33 -5.55
GB11-9-A-120 83.30 31.57 -5.68 -6.48 -5.61
GB11-9-A-121 84.00 31.61 -5.65 -6.44 -5.80
GB11-9-A-122 84.70 31.65 -5.47 -6.26 -5.44
GB11-9-A-123 85.40 31.69 -5.30 -6.09 -5.55
GB11-9-A-124 86.10 31.74 -5.48 -6.27 -5.65
GB11-9-A-125 86.80 31.78 -5.71 -6.50 -5.62
GB11-9-A-126 87.50 31.82 -5.72 -6.51 -5.62
GB11-9-A-127 88.20 31.86 -5.55 -6.34 -5.75
GB11-9-A-128 88.90 31.90 -5.47 -6.26 -5.68
GB11-9-A-129 89.60 31.94 -5.64 -6.43 -5.18
GB11-9-A-130 90.30 31.98 -5.67 -6.46 -5.21
GB11-9-A-131 91.00 32.02 -5.77 -6.56 -5.62
GB11-9-A-132 91.70 32.06 -5.85 -6.64 -5.30
GB11-9-A-133 92.40 32.11 -5.61 -6.40 -5.46
GB11-9-A-134 93.10 32.15 -5.47 -6.26 -5.59
GB11-9-A-135 93.80 32.19 -5.49 -6.28 -5.42
GB11-9-A-136 94.50 32.23 -5.39 -6.18 -5.74
GB11-9-A-137 95.20 32.27 -5.33 -6.12 -6.25



Appendix | 240

Depth Age 5"%0 5"°0 corr 8"C
Sample ID

(mm) (kyr BP)  (%0VPDB) (%o) (%0VPDB)
GB11-9-A-138 95.90 3231 -5.28 -6.07 -6.37
GB11-9-A-139 96.60 32.36 -5.33 -6.12 -6.10
GB11-9-A-140 97.30 32.40 -5.40 -6.18 -6.07
GB11-9-A-141 98.00 32.45 -5.61 -6.39 -6.39
GB11-9-A-142 98.70 32.50 -5.49 -6.27 -6.19
GB11-9-A-143 99.40 32.55 -5.23 -6.01 -6.22
GB11-9-A-144  100.10 32.61 -5.14 -5.92 -6.04
GB11-9-A-145  100.80 32.67 -5.44 -6.22 -6.02
GB11-9-A-146  101.50 32.73 -5.38 -6.16 -5.56
GB11-9-A-147  102.20 32.79 -5.38 -6.16 -6.04
GB11-9-A-148  102.90 32.85 -5.43 -6.21 -6.06
GB11-9-A-149  103.60 32.90 -5.24 -6.02 -6.10
GB11-9-A-150  104.30 32.96 -5.39 -6.17 -6.15
GB11-9-A-151 105.00 33.02 -5.44 -6.22 -6.08
GB11-9-A-152  105.70 33.08 -5.14 -5.92 -6.17
GB11-9-A-153  106.40 33.13 -5.01 -5.79 -5.97
GB11-9-A-154  107.10 33.19 -5.32 -6.09 -5.92
GB11-9-A-155  107.80 33.24 -5.42 -6.19 -6.12
GB11-9-A-156  108.50 33.30 -5.41 -6.18 -5.89
GB11-9-A-157  109.20 33.35 -5.32 -6.09 -5.83
GB11-9-A-158  109.90 33.41 -5.70 -6.47 -5.94
GB11-9-A-159  110.60 33.46 -5.63 -6.40 -5.80
GB11-9-A-160  111.30 33.52 -5.54 -6.31 -5.67
GB11-9-A-161 112.00 33.57 -5.48 -6.25 -5.83
GB11-9-A-162  112.70 33.63 -5.60 -6.37 -5.25
GB11-9-A-163  113.40 33.68 -5.36 -6.13 -5.48
GB11-9-A-164  114.10 33.73 -5.18 -5.95 -5.37
GB11-9-A-165  114.80 33.78 -5.05 -5.82 -5.76
GB11-9-A-166  115.50 33.84 -5.24 -6.01 -5.81
GB11-9-A-167  116.20 33.89 -5.36 -6.12 -5.86
GB11-9-A-168  116.90 33.94 -5.49 -6.25 -5.83
GB11-9-A-169  117.60 33.99 -5.62 -6.38 -5.55
GB11-9-A-170 11830 34.05 -5.21 -5.97 -5.62
GB11-9-A-171 119.00 34.10 -5.56 -6.32 -5.95
GB11-9-A-172  119.70 34.15 -5.32 -6.08 -5.20
GB11-9-A-173  120.40 34.20 -5.23 -5.99 -5.17
GB11-9-A-174  121.10 34.25 -5.19 -5.95 -5.04



Appendix | 241

Depth Age 5"%0 5"°0 corr d"C
Sample ID

(mm) (kyr BP)  (%0VPDB) (%o) (%0VPDB)
GB11-9-A-175  121.80 34.30 -5.22 -5.98 -5.66
GBI11-9-A-176  122.50 34.35 -5.45 -6.21 -5.48
GB11-9-A-177  123.20 34.40 -5.39 -6.15 -5.20
GB11-9-A-178  123.90 34.45 -5.35 -6.11 -5.25
GB11-9-A-179  124.60 34.51 -5.35 -6.11 -5.48
GB11-9-A-180  125.30 34.56 -5.66 -6.41 -5.47
GB11-9-A-181 126.00 34.61 -5.86 -6.61 -5.88
GB11-9-A-182  126.70 34.66 -5.51 -6.26 -5.90
GB11-9-A-183  127.40 34.72 -5.40 -6.15 -5.52
GB11-9-A-184  128.10 34.76 -5.64 -6.39 -5.59
GB11-9-A-185  128.80 34.81 -5.53 -6.28 -5.20
GB11-9-A-186  129.50 34.86 -5.49 -6.19 -5.44
GB11-9-A-187  130.20 34.91 -5.20 -5.95 -5.10
GB11-9-A-188  130.90 34.96 -5.28 -6.03 -4.86
GB11-9-A-189  131.60 35.01 -5.32 -6.07 -4.90
GB11-9-A-190  132.30 35.06 -5.35 -6.10 -5.38
GB11-9-A-191 133.00 35.12 -5.22 -5.97 -5.32
GB11-9-A-192  133.70 35.17 -5.44 -6.18 -5.31
GB11-9-A-193  134.40 35.22 -5.33 -6.07 -5.53
GB11-9-A-194  135.10 35.27 -5.53 -6.27 -5.64
GB11-9-A-195  135.80 35.32 -5.56 -6.30 -5.64
GB11-9-A-196  136.50 35.37 -5.45 -6.19 -5.96
GB11-9-A-197  137.20 35.42 -5.27 -6.01 -5.47
GB11-9-A-198  137.90 35.48 -5.43 -6.17 -5.27
GB11-9-A-199  138.60 35.53 -5.43 -6.17 -5.74
GB11-9-A-200  139.30 35.58 -5.39 -6.13 -5.79
GB11-9-A-201 140.00 35.63 -5.07 -5.80 -5.73
GB11-9-A-202  140.70 35.69 -5.28 -6.01 -5.54
GB11-9-A-203  141.40 35.74 -5.36 -6.09 -5.59
GB11-9-A-204  142.10 35.80 -5.42 -6.15 -5.28
GB11-9-A-205  142.80 35.85 -5.57 -6.30 -5.61
GB11-9-A-206  143.50 35.91 -5.64 -6.37 -5.36
GB11-9-A-207  144.20 35.96 -5.58 -6.31 -5.73
GB11-9-A-208  144.90 36.01 -5.46 -6.19 -5.42
GB11-9-A-209  145.60 36.07 -5.62 -6.35 -5.31
GB11-9-A-210 14630 36.13 -5.77 -6.50 -5.41
GB11-9-A-211 147.00 36.18 -5.47 -6.19 -5.63



Appendix | 242

Depth Age 5"%0 5"°0 corr 8"C
Sample ID

(mm) (kyr BP)  (%0VPDB) (%o) (%0VPDB)
GBI11-9-A-212  147.70 36.24 -5.73 -6.45 -5.57
GB11-9-A-213  148.40 36.29 -5.65 -6.37 -5.97
GB11-9-A-214  149.10 36.35 -5.60 -6.32 -5.98
GB11-9-A-215  149.80 36.41 -5.67 -6.39 -6.16
GB11-9-A-216  150.50 36.47 -5.64 -6.36 -5.75
GB11-9-A-217  151.20 36.53 -5.76 -6.48 -6.30
GB11-9-A-218  151.90 36.59 -5.78 -6.50 -5.67
GB11-9-A-219  152.60 36.66 -5.66 -6.38 -5.61
GB11-9-A-220  153.30 36.72 -5.71 -6.43 -5.96
GB11-9-A-221 154.00 36.78 -5.82 -6.54 -5.91
GB11-9-A-222  154.70 36.85 -5.65 -6.37 -5.12
GB11-9-A-223  155.40 36.91 -5.81 -6.53 -5.39
GB11-9-A-224  156.10 36.97 -5.72 -6.44 -5.02
GB11-9-A-225  156.80 37.04 -5.68 -6.40 -5.26
GB11-9-A-226  157.50 37.10 -5.69 -6.40 -5.99
GB11-9-A-227  158.20 37.16 -5.46 -6.17 -5.68
GB11-9-A-228  158.90 37.21 -5.33 -6.04 -5.53
GB11-9-A-229  159.60 37.27 -5.28 -5.99 -5.68
GB11-9-A-230  160.30 37.33 -5.38 -6.09 -5.75
GB11-9-A-231 161.00 37.38 -5.27 -5.98 -5.62
GB11-9-A-232  161.70 37.44 -5.35 -6.06 -5.67
GB11-9-A-233  162.40 37.50 -5.11 -5.82 -5.76
GB11-9-A-234  163.10 37.55 -5.38 -6.09 -5.77
GB11-9-A-235  163.80 37.61 -5.48 -6.19 -5.75
GB11-9-A-236  164.50 37.66 -5.42 -6.13 -5.73
GB11-9-A-237  165.20 37.71 -5.55 -6.26 -5.52
GB11-9-A-238  165.90 37.77 -5.66 -6.37 -5.30
GB11-9-A-239  166.60 37.82 -5.49 -6.20 -5.48
GB11-9-A-240  167.30 37.88 -5.44 -6.15 -5.29
GB11-9-A-241 168.00 37.93 -5.49 -6.20 -5.64
GB11-9-A-242  168.70 37.99 -5.54 -6.25 -5.57
GB11-9-A-243  169.40 38.04 -5.60 -6.31 -5.60
GB11-9-A-244  170.10 38.09 -5.72 -6.43 -5.69
GB11-9-A-245  170.80 38.14 -5.57 -6.28 -5.71
GB11-9-A-246  171.50 38.20 -5.60 -6.30 -5.65
GB11-9-A-247  172.20 38.25 -5.35 -6.05 -5.64
GB11-9-A-248  172.90 38.30 -5.54 -6.24 -5.76



Appendix | 243

Depth Age 5"%0 5"°0 corr d"C
Sample ID

(mm) (kyr BP)  (%0VPDB) (%o) (%0VPDB)
GB11-9-A-249  173.60 38.35 -5.41 -6.11 -5.37
GB11-9-A-250  174.30 38.41 -5.52 -6.22 -5.48
GB11-9-A-251 175.00 38.46 -5.68 -6.38 -5.20
GB11-9-A-252  175.70 38.51 -5.67 -6.37 -5.31
GB11-9-A-253  176.40 38.57 -5.72 -6.42 -5.38
GB11-9-A-254  177.10 38.62 -5.75 -6.45 -5.30
GB11-9-A-255  177.80 38.67 -5.60 -6.30 -5.22
GB11-9-A-256  178.50 38.73 -5.83 -6.53 -5.56
GB11-9-A-257  179.20 38.78 -5.83 -6.53 -5.32
GB11-9-A-258  179.90 38.83 -5.65 -6.35 -5.21
GB11-9-A-259  180.60 38.89 -5.51 -6.21 -5.16
GB11-9-A-260  181.30 38.94 -5.77 -6.47 -5.59
GB11-9-A-261 182.00 39.00 -5.75 -6.45 -5.50
GB11-9-A-262  182.70 39.05 -5.75 -6.45 -5.22
GB11-9-A-263  183.40 39.11 -5.66 -6.36 -5.36
GB11-9-A-264  184.10 39.16 -5.78 -6.48 -5.28
GB11-9-A-265  184.80 39.22 -5.72 -6.42 -5.27
GB11-9-A-266  185.50 39.27 -5.78 -6.48 -5.28
GB11-9-A-267  186.20 39.33 -5.73 -6.43 -5.20
GB11-9-A-268  186.90 39.39 -5.83 -6.53 -5.02
GB11-9-A-269  187.60 39.44 -5.84 -6.54 -5.08
GB11-9-A-270  188.30 39.50 -6.16 -6.86 -5.28
GB11-9-A-271 189.00 39.56 -5.67 -6.37 -5.26
GB11-9-A-272  189.70 39.62 -5.89 -6.59 -5.33
GB11-9-A-273  190.40 39.68 -5.93 -6.63 -5.47
GB11-9-A-274  191.10 39.74 -5.84 -6.54 -5.15
GB11-9-A-275  191.80 39.80 -5.91 -6.61 -5.38
GB11-9-A-276  192.50 39.87 -5.95 -6.64 -5.55
GB11-9-A-277  193.20 39.93 -5.83 -6.52 -5.29
GB11-9-A-278  193.90 39.99 -5.78 -6.47 -5.02
GB11-9-A-279  194.60 40.05 -5.98 -6.67 -4.75
GB11-9-A-280  195.30 40.11 -5.95 -6.64 -4.97
GB11-9-A-281 196.00 40.17 -5.66 -6.35 -5.27
GB11-9-A-282  196.70 40.22 -5.73 -6.42 -5.28
GB11-9-A-283  197.40 40.28 -5.69 -6.38 -5.13
GB11-9-A-284  198.10 40.33 -5.69 -6.38 -5.17
GB11-9-A-285  198.80 40.38 -5.39 -6.08 -5.33



Appendix | 244

Depth Age 5"%0 5"°0 corr 8"C
Sample ID

(mm) (kyr BP)  (%0VPDB) (%o) (%0VPDB)
GB11-9-A-286  199.50 40.43 -5.46 -6.15 -5.31
GB11-9-A-287  200.20 40.48 -5.39 -6.08 -5.38
GB11-9-A-288  200.90 40.52 -5.47 -6.16 -5.65
GB11-9-A-289  201.60 40.57 -5.37 -6.06 -5.46
GB11-9-A-290  202.30 40.62 -5.64 -6.33 -5.03
GB11-9-A-291  203.00 40.66 -5.72 -6.41 -4.92
GB11-9-A-292  203.70 40.71 -5.84 -6.53 -5.35
GB11-9-A-293  204.40 40.76 -5.85 -6.54 -5.48
GB11-9-A-294  205.10 40.80 -5.65 -6.33 -5.18
GB11-9-A-295  205.80 40.85 -5.62 -6.30 -5.41
GB11-9-A-296  206.50 40.89 -5.69 -6.37 -5.32
GB11-9-A-297  207.20 40.93 -5.82 -6.50 -5.34
GB11-9-A-298  207.90 40.98 -5.80 -6.48 -5.30
GB11-9-A-299  208.60 41.03 -5.78 -6.46 -5.46
GB11-9-A-300  209.30 41.07 -5.80 -6.48 -5.57
GB11-9-A-301  210.00 41.12 -5.97 -6.65 -5.67
GB11-9-A-302  210.70 41.16 -6.11 -6.79 -5.33
GB11-9-A-303  211.40 41.21 -6.06 -6.74 -5.53
GB11-9-A-304  212.10 41.25 -5.91 -6.59 -5.73
GB11-9-A-305  212.80 41.30 -5.86 -6.54 -5.68
GB11-9-A-306  213.50 41.34 -5.75 -6.43 -5.74
GB11-9-A-307  214.20 41.39 -5.69 -6.37 -5.66
GB11-9-A-308  214.90 41.44 -5.86 -6.54 -5.33
GB11-9-A-309  215.60 41.48 -5.87 -6.55 -5.22
GB11-9-A-310  216.30 41.53 -5.81 -6.48 -4.95
GB11-9-A-311  217.00 41.57 -5.56 -6.23 -5.13
GB11-9-A-312  217.70 41.62 -5.78 -6.45 -5.29
GB11-9-A-313  218.40 41.66 -5.84 -6.51 -5.42
GB11-9-A-314  219.10 41.71 -5.64 -6.31 -5.38
GB11-9-A-315  219.80 41.76 -5.65 -6.32 -5.32
GB11-9-A-316  220.50 41.81 -5.74 -6.41 -5.31
GB11-9-A-317  221.20 41.86 -5.70 -6.37 -5.40
GB11-9-A-318  221.90 41.91 -5.77 -6.44 -5.27
GB11-9-A-319  222.60 41.96 -5.72 -6.39 -5.29
GB11-9-A-320 22330 42.02 -5.55 -6.22 -5.11
GB11-9-A-321  224.00 42.07 -5.55 -6.22 -5.21
GB11-9-A-322  224.70 42.13 -5.52 -6.19 -5.47



Appendix | 245

Table A4
Summary of stalagmite GB09-3 trace element data
Depth Age (kyr Mg/Ca Sr/Ca
Sample ID (mm) BP) (mmol/mol) (mmol/mol*1000)
GB09-3-A1 0.00 0.03 1.0120 0.0395
GB09-3-A3 2.40 0.09 0.6091 0.0115
GB09-3-A7 7.20 0.22 0.7604 0.0149
GB09-3-A11 12.00 0.34 0.6473 0.0132
GB09-3-A13 14.40 0.40 0.7554 0.0130
GB09-3-A15 16.80 0.46 0.7881 0.0121
GB09-3-A17 19.20 0.52 0.8097 0.0129
GB09-3-A19 21.60 0.58 0.7993 0.0134
GB09-3-A21 24.00 0.65 0.6299 0.0136
GB09-3-A23 26.40 0.72 0.5511 0.0133
GB09-3-A25 28.80 0.80 0.5071 0.0138
GB09-3-A27 31.20 0.94 0.6181 0.0147
GB09-3-A29 33.60 1.07 0.6720 0.0150
GB09-3-A31 36.00 1.19 0.7265 0.0151
GB09-3-A33 38.40 1.31 0.6114 0.0152
GB09-3-A35 40.80 1.43 0.5094 0.0132
GB09-3-A37 43.20 1.55 0.5900 0.0152
GB09-3-A39 45.60 1.67 0.7261 0.0155
GB09-3-A41 48.00 1.79 0.6606 0.0155
GB09-3-A43 50.40 1.93 0.5727 0.0154
GB09-3-A45 52.80 2.08 0.6922 0.0131
GB09-3-A47 55.20 2.28 0.7137 0.0127
GB09-3-A49 57.60 2.48 0.5021 0.0135
GB09-3-A51 60.00 2.67 0.4751 0.0124
GB09-3-A53 62.40 2.84 0.6324 0.0139
GBO09-3-A55 64.80 3.01 0.6752 0.0137
GBO09-3-A57 67.20 3.18 0.7862 0.0139
GB09-3-A59 69.60 3.35 0.5954 0.0126
GB09-3-A61 72.00 3.52 0.6078 0.0125
GB09-3-A63 74.40 3.70 0.5506 0.0128
GB09-3-A65 76.80 3.87 0.4303 0.0123
GB09-3-A67 79.20 4.04 0.5258 0.0124
GB09-3-A69 81.60 421 0.5688 0.0128
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Depth Age (kyr Mg/Ca Sr/Ca
Sample ID (mm) BP) (mmol/mol) (mmol/mol*1000)

GB09-3-A71 84.00 4.38 0.5577 0.0292
GB09-3-A73 86.40 4.56 0.5961 0.0145
GB09-3-A75 88.80 4.75 0.6787 0.0139
GB09-3-A77 91.20 4.95 0.6007 0.0146
GB09-3-A78 108.00 5.57 0.6001 0.0162
GB09-3-A80 93.60 5.09 0.4969 0.0129
GB09-3-A82 96.00 5.18 0.6023 0.0161
GB09-3-A84 98.40 5.27 0.6449 0.0150
GB09-3-A86 100.80 5.34 0.6103 0.0147
GB09-3-A88 103.20 542 0.4648 0.0130
GB09-3-A90 105.60 5.49 0.4634 0.0136
GB09-3-A93 110.40 5.64 0.5721 0.0192
GB09-3-A95 112.80 5.71 0.5741 0.0139
GB09-3-A97 115.20 5.79 0.5893 0.0144
GB09-3-A99 117.60 5.87 0.5691 0.0133
GB09-3-A101 120.00 5.95 0.5623 0.0235
GB09-3-A103 122.40 6.04 0.6442 0.0132
GB09-3-A105 124.80 6.15 0.6621 0.0125
GB09-3-A107 127.20 6.25 0.5514 0.0121
GB09-3-A109 129.60 6.34 0.5632 0.0131
GB09-3-Al111 132.00 6.44 0.6006 0.0117
GB09-3-A113 134.40 6.53 0.7377 0.0118
GB09-3-A115 136.80 6.64 0.5890 0.0125
GB09-3-A117 139.20 6.78 0.5492 0.0140
GB09-3-A119 141.60 6.88 0.5828 0.0153
GB09-3-A121 144.00 6.93 0.5236 0.0136
GB09-3-A123 146.40 6.99 0.6683 0.0141
GB09-3-A125 148.80 7.04 0.6171 0.0134
GB09-3-A127 151.20 7.15 0.6090 0.0143
GB09-3-A129 153.60 7.28 0.7008 0.0521
GB09-3-A131 156.00 7.40 0.6211 0.0129
GB09-3-A133 158.40 7.52 0.5592 0.0157
GB09-3-A135 160.80 7.63 0.6657 0.0158
GB09-3-A137 163.20 7.74 0.6520 0.0150
GB09-3-B2 166.80 791 0.6119 0.0155
GB09-3-B4 169.20 8.03 0.5766 0.0146
GB09-3-B6 171.60 8.16 0.5973 0.0149
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Depth Age (kyr Mg/Ca Sr/Ca
Sample ID (mm) BP) (mmol/mol) (mmol/mol*1000)

GB09-3-B8 174.00 8.30 0.6578 0.0134
GB09-3-B10 176.40 8.45 0.5531 0.0109
GB09-3-B12 178.80 8.59 0.5162 0.0120
GB09-3-B14 181.20 8.72 0.8003 0.0120
GB09-3-B16 183.60 8.87 0.7426 0.0129
GB09-3-B18 186.00 9.00 0.7497 0.0127
GB09-3-B20 188.40 9.13 0.7955 0.0131
GB09-3-B22 190.80 9.25 0.6730 0.0127
GB09-3-B24 193.20 9.37 0.6096 0.0134
GB09-3-B26 195.60 9.50 0.6408 0.0125
GB09-3-B28 198.00 9.63 0.6733 0.0487
GB09-3-B30 200.20 9.72 0.5599 0.0137
GB09-3-B32 202.20 9.80 0.5801 0.0166
GB09-3-C2 204.20 9.88 0.6383 0.0168
GB09-3-C4 206.20 9.95 0.6407 0.0158
GB09-3-C6 208.20 10.03 0.7849 0.0164
GB09-3-C8 210.20 10.10 0.7792 0.0274
GB09-3-C10 212.20 10.18 0.6395 0.0172
GB09-3-C12 214.20 10.25 0.6034 0.0160
GB09-3-C14 216.20 10.33 0.7488 0.0172
GB09-3-C16 218.20 10.41 0.7510 0.0167
GB09-3-C18 220.20 10.49 0.7512 0.0192
GB09-3-C20 222.20 10.57 0.7340 0.0161
GB09-3-C22 224.20 10.64 0.7793 0.0179
GB09-3-C24 226.20 10.71 0.8737 0.0192
GB09-3-C26 228.20 10.77 0.9195 0.0184
GB09-3-C28 230.20 10.83 1.1225 0.0206
GB09-3-C30 232.20 10.89 0.9674 0.0207
GB09-3-C32 234.20 10.95 0.7518 0.0221
GB09-3-C34 236.20 11.01 0.7655 0.0195
GB09-3-C36 238.20 11.07 0.8093 0.0192
GB09-3-C38 240.20 11.13 1.0545 0.0215
GB09-3-C40 242.20 11.19 1.0008 0.0202
GB09-3-C42 244.20 11.25 1.4220 0.0205
GB09-3-C44 246.20 11.31 1.2101 0.0199
GB09-3-C46 248.20 11.37 1.0765 0.0185
GB09-3-C48 250.20 11.43 1.1532 0.0188
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Depth Age (kyr Mg/Ca Sr/Ca
Sample ID (mm) BP) (mmol/mol) (mmol/mol*1000)

GB09-3-C50 252.20 11.49 1.4615 0.0224
GB09-3-C52 254.20 11.55 1.2803 0.0218
GB09-3-C54 256.20 11.62 1.0937 0.0213
GB09-3-C56 258.20 11.68 1.3785 0.0225
GB09-3-C58 260.20 11.75 1.1790 0.0199
GB09-3-C60 262.20 11.84 1.2645 0.0195
GB09-3-C62 264.20 11.93 1.0482 0.0177
GB09-3-C64 266.20 12.02 1.0718 0.0188
GB09-3-C66 268.20 12.10 1.1361 0.0183
GB09-3-C68 270.20 12.19 1.2346 0.0193
GB09-3-C70 272.20 12.28 1.3804 0.0212
GB09-3-C72 274.20 12.36 1.5608 0.0178
GB09-3-C74 276.20 12.43 1.3775 0.0224
GB09-3-C76 278.20 12.49 0.8749 0.0199
GB09-3-C78 280.20 12.55 1.0155 0.0207
GB09-3-C80 282.20 12.60 0.9164 0.0197
GB09-3-C82 284.20 12.66 0.7420 0.0239
GB09-3-C84 286.20 12.75 1.0433 0.0199
GB09-3-C86 288.20 12.89 1.5140 0.0219
GB09-3-C88 290.20 13.04 1.3841 0.0208
GB09-3-C90 292.20 13.18 1.5796 0.0187
GB09-3-C92 294.20 13.32 1.4515 0.0187
GB09-3-C94 296.20 13.46 1.2238 0.0192
GB09-3-C96 298.20 13.59 1.8233 0.0209
GB09-3-C98 300.20 13.73 1.9062 0.0220
GB09-3-C100 302.20 13.88 1.3466 0.0196
GB09-3-C102 304.20 14.03 1.6030 0.0209
GB09-3-C104 306.20 14.16 0.8374 0.0208
GB09-3-C106 308.20 14.25 1.2234 0.0184
GB09-3-C108 310.20 14.31 1.2649 0.0206
GB09-3-C110 312.20 14.37 1.3853 0.0202
GB09-3-C112 314.00 14.45 1.1981 0.0185
GB09-3-C114 315.60 14.57 1.5931 0.0178
GB09-3-C116 317.20 14.70 1.1441 0.0201
GB09-3-C118 318.80 14.83 1.3377 0.0207
GB09-3-C120 320.40 14.96 1.2918 0.0236
GB09-3-C122 322.00 15.08 1.3869 0.0229
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Depth Age (kyr Mg/Ca Sr/Ca
Sample ID (mm) BP) (mmol/mol) (mmol/mol*1000)

GB09-3-C124 323.60 15.21 1.5829 0.0220
GB09-3-C126 325.20 15.33 1.2528 0.0208
GB09-3-C128 326.80 15.46 1.8021 0.0191
GB09-3-C130 328.40 15.59 2.5458 0.0205
GB09-3-C132 330.00 15.73 2.0885 0.0205
GB09-3-C134 331.60 15.88 1.7301 0.0196
GB09-3-C136 333.20 16.02 1.8597 0.0201
GB09-3-C138 334.80 16.14 1.5897 0.0192
GB09-3-C140 336.40 16.26 1.5487 0.0179
GB09-3-C142 338.00 16.37 1.8139 0.0178
GB09-3-C144 339.60 16.48 1.4693 0.0194
GB09-3-C146 341.20 16.59 0.9657 0.0189
GB09-3-C148 342.80 16.69 1.4062 0.0170
GB09-3-C150 344.40 16.80 1.7794 0.0172
GB09-3-C152 346.00 16.90 1.5316 0.0403
GB09-3-C154 347.60 17.01 1.1737 0.0181
GB09-3-C156 349.20 17.12 1.5518 0.0167
GB09-3-C158 350.80 17.22 1.1484 0.0172
GB09-3-C160 352.40 17.33 2.0118 0.0215
GB09-3-C162 354.00 17.43 1.0037 0.0192
GB09-3-C164 355.60 17.54 1.1541 0.0187
GB09-3-C166 357.20 17.65 1.3722 0.0166
GB09-3-C168 358.80 17.76 1.2230 0.0157
GB09-3-C170 360.40 17.88 1.0045 0.0132
GB09-3-C172 362.00 18.01 1.3173 0.0150
GB09-3-C174 363.60 18.14 1.3847 0.0164
GB09-3-C176 365.20 18.29 1.6354 0.0150
GB09-3-C178 366.80 18.44 1.5713 0.0137
GB09-3-C180 368.40 18.59 1.2121 0.0155
GB09-3-C182 370.00 18.73 1.2661 0.0162
GB09-3-C184 371.60 18.86 1.2332 0.0173
GB09-3-C186 373.20 19.00 1.9283 0.0193
GB09-3-C188 374.80 19.14 2.3256 0.0195
GB09-3-C190 376.40 19.29 2.6938 0.0187
GB09-3-C192 378.00 19.44 1.9886 0.0197
GB09-3-C194 379.60 19.58 2.1234 0.0181
GB09-3-C196 381.20 19.69 1.3471 0.0165
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Depth Age (kyr Mg/Ca Sr/Ca
Sample ID (mm) BP) (mmol/mol) (mmol/mol*1000)

GB09-3-C198 382.80 19.79 1.1845 0.0182
GB09-3-C200 384.40 19.89 1.2011 0.0180
GB09-3-C202 386.00 19.98 1.5159 0.0171
GB09-3-C204 387.60 20.08 1.6574 0.0177
GB09-3-C206 389.20 20.17 1.4048 0.0147
GB09-3-C208 390.80 20.27 0.7883 0.0144
GB09-3-C210 392.40 20.36 0.8948 0.0143
GB09-3-C212 394.00 20.46 1.2250 0.0162
GB09-3-C214 395.60 20.56 1.7121 0.0162
GB09-3-C216 397.20 20.63 1.6763 0.0160
GB09-3-C218 398.80 20.68 1.2034 0.0194
GB09-3-C220 400.40 20.76 1.1068 0.0180
GB09-3-C222 402.00 20.86 1.0639 0.0160
GB09-3-C224 403.60 20.97 1.1757 0.0181
GB09-3-C226 405.20 21.08 1.4697 0.0186
GB09-3-C228 406.80 21.19 1.5443 0.0182
GB09-3-C230 408.40 21.30 1.0934 0.0173
GB09-3-C232 410.00 21.40 1.0598 0.0206
GB09-3-C234 411.60 21.51 1.6411 0.0196
GB09-3-C236 413.20 21.61 1.3184 0.0185
GB09-3-C238 414.80 21.71 1.5785 0.0218
GB09-3-C240 416.40 21.81 1.9538 0.0200
GB09-3-C242 418.00 21.91 1.8102 0.0190
GB09-3-C244 419.60 22.01 1.7016 0.0161
GB09-3-C246 421.20 22.11 1.8709 0.0148
GB09-3-C248 422.80 22.21 1.8387 0.0162
GB09-3-C250 424.40 22.31 2.2519 0.0196
GB09-3-C252 426.00 22.41 1.8047 0.0175
GB09-3-C254 427.60 22.52 1.6883 0.0137
GB09-3-C256 429.20 22.62 1.9403 0.0153
GB09-3-C258 430.80 22.73 2.2221 0.0193
GB09-3-C260 432.40 22.86 1.2598 0.0146
GB09-3-C262 434.00 22.99 1.6157 0.0159
GB09-3-D2 435.60 23.18 2.0273 0.0201
GB09-3-D4 437.20 23.43 1.9708 0.0176
GB09-3-D6 438.80 23.68 1.8271 0.0183
GB09-3-D8 440.40 23.93 1.5583 0.0152
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Depth Age (kyr Mg/Ca Sr/Ca
Sample ID (mm) BP) (mmol/mol) (mmol/mol*1000)

GB09-3-D10 442.00 24.18 1.4086 0.0180
GB09-3-D12 443.60 24.39 1.3630 0.0208
GB09-3-D14 445.20 24.54 1.4045 0.0210
GB09-3-D16 446.80 24.66 1.6967 0.0182
GB09-3-D18 448.40 24.77 1.7947 0.0189
GB09-3-D20 450.00 24.87 2.3345 0.0216
GB09-3-D22 451.60 24.98 2.3402 0.0182
GB09-3-D24 453.20 25.08 2.3812 0.0187
GB09-3-D26 454.80 25.19 1.9559 0.0170
GB09-3-D28 456.40 25.30 2.7104 0.0182
GB09-3-D30 458.00 2543 2.4404 0.0202
GB09-3-D32 459.60 25.57 2.1264 0.0213
GB09-3-D34 461.20 25.73 1.8119 0.0191
GB09-3-D36 462.80 25.88 1.5819 0.0168
GB09-3-D38 464.40 26.03 1.6040 0.0169
GB09-3-D40 466.00 26.18 2.1709 0.0176
GB09-3-D42 467.60 26.32 1.8881 0.0163
GB09-3-D44 469.20 26.46 2.4907 0.0172
GB09-3-D46 470.80 26.60 1.6281 0.0158
GB09-3-D48 472.40 26.74 2.1685 0.0184
GB09-3-D50 474.00 26.88 1.4635 0.0177
GB09-3-D52 475.60 27.02 2.0613 0.0168
GB09-3-D54 477.20 27.17 1.9122 0.0163
GB09-3-D56 478.80 27.32 2.2719 0.0190
GB09-3-D58 480.40 27.48 1.6348 0.0165
GB09-3-D60 482.00 27.64 1.8661 0.0190
GB09-3-D62 483.60 27.80 1.5217 0.0179
GB09-3-D64 485.20 27.96 2.2696 0.0198
GB09-3-D66 486.80 28.11 2.1932 0.0160
GB09-3-D68 488.40 28.26 2.3871 0.0174
GB09-3-D70 490.00 28.41 2.1170 0.0177
GB09-3-D72 491.60 28.55 1.7530 0.0136
GB09-3-D74 493.20 28.69 1.6755 0.0174
GB09-3-D76 494.80 28.83 1.5872 0.0201
GB09-3-D78 496.40 28.97 1.4566 0.0171
GB09-3-D80 498.00 29.11 2.0708 0.0164
GB09-3-D8§2 499.60 29.25 1.4785 0.0182
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Depth Age (kyr Mg/Ca Sr/Ca
Sample ID (mm) BP) (mmol/mol) (mmol/mol*1000)

GB09-3-D84 501.20 29.39 1.2023 0.0174
GB09-3-D86 502.80 29.53 1.0590 0.0180
GB09-3-D88 504.40 29.67 1.0850 0.0226
GB09-3-D90 506.00 29.82 1.5135 0.0235
GB09-3-D92 507.60 29.96 1.5568 0.0218
GB09-3-D%4 509.20 30.12 1.1890 0.0226
GB09-3-D96 510.80 30.27 1.3138 0.0190
GB09-3-D98 512.40 30.41 1.2370 0.0216
GB09-3-D100 514.00 30.50 1.5129 0.0218
GB09-3-D102 515.60 30.58 1.1451 0.0152
GB09-3-D104 517.20 30.65 1.0276 0.0162
GB09-3-D106 518.80 30.72 1.1718 0.0159
GB09-3-D108 520.40 30.79 1.0899 0.0172
GB09-3-D110 522.00 30.86 1.1153 0.0149
GB09-3-D112 523.60 30.94 1.6476 0.0169
GB09-3-D114 525.20 31.02 1.9763 0.0196
GB09-3-D116 526.80 31.12 1.7347 0.0192
GB09-3-D118 528.40 31.22 1.5669 0.0163
GB09-3-D120 530.00 31.31 1.5186 0.0168
GB09-3-D122 531.60 31.39 1.1765 0.0161
GB09-3-D124 533.20 31.47 1.6286 0.0192
GB09-3-D126 534.80 31.54 1.1478 0.0229
GB09-3-D128 536.40 31.62 1.4683 0.0175
GB09-3-D130 538.00 31.70 1.3011 0.0183
GB09-3-D132 539.60 31.78 1.2285 0.0146
GB09-3-D134 541.20 31.86 0.7772 0.0166
GB09-3-D136 542.80 31.94 0.9871 0.0175
GB09-3-D138 544.40 32.02 1.1263 0.0133
GB09-3-D140 546.00 32.12 1.3375 0.0193
GB09-3-D142 547.60 32.21 1.1246 0.0153
GB09-3-D144 549.20 32.31 1.3228 0.0194
GB09-3-D146 550.80 32.40 1.2188 0.0184
GB09-3-D148 552.40 32.48 1.3026 0.0176
GB09-3-D150 554.00 32.56 1.3349 0.0179
GB09-3-D152 555.60 32.64 0.9466 0.0163
GB09-3-D154 557.20 32.71 1.2084 0.0181
GB09-3-D156 558.80 32.78 2.0524 0.0162
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Depth Age (kyr Mg/Ca Sr/Ca
Sample ID (mm) BP) (mmol/mol) (mmol/mol*1000)

GB09-3-D158 560.40 32.86 1.9194 0.0163
GB09-3-D160 562.00 32.93 1.0170 0.0147
GB09-3-D162 563.60 33.00 1.1215 0.0179
GB09-3-D164 565.20 33.08 1.0463 0.0176
GB09-3-D166 566.80 33.15 1.9876 0.0166
GB09-3-D168 568.40 33.22 1.4176 0.0141
GB09-3-D170 570.00 33.30 1.4280 0.0188
GB09-3-D172 571.60 33.37 1.7358 0.0207
GB09-3-D174 573.20 33.44 1.2544 0.0185
GB09-3-D176 574.80 33.51 1.1026 0.0203
GB09-3-D178 576.40 33.58 1.2937 0.0191
GB09-3-D180 578.00 33.66 1.4364 0.0214
GB09-3-D182 579.60 33.73 1.6678 0.0214
GB09-3-D184 581.20 33.80 1.6962 0.0235
GB09-3-D186 582.80 33.88 1.2528 0.0190
GB09-3-D188 584.40 33.96 1.0718 0.0165
GB09-3-D190 586.00 34.04 1.6222 0.0167
GB09-3-D192 587.60 34.13 0.9172 0.0138
GB09-3-D194 589.20 34.22 1.1231 0.0150
GB09-3-D196 590.80 34.32 1.2298 0.0174
GB09-3-D198 592.40 34.43 1.0085 0.0152
GB09-3-D200 594.00 34.55 1.1066 0.0176
GB09-3-D202 595.60 34.67 1.4442 0.0214
GB09-3-D204 597.20 34.77 1.3169 0.0195
GB09-3-E2 598.80 34.88 1.0923 0.0152
GB09-3-E4 600.40 34.98 1.5389 0.0194
GBO09-3-E6 602.00 35.08 2.0687 0.0245
GB09-3-E8 603.60 35.19 2.2235 0.0241
GBO09-3-E10 605.20 35.29 1.9609 0.0247
GB09-3-E12 606.80 35.39 1.9057 0.0208
GB09-3-E14 608.40 35.50 1.3136 0.0158
GBO09-3-E16 610.00 35.62 1.3389 0.0174
GBO09-3-E18 611.60 35.74 1.3687 0.0345
GBO09-3-E20 613.20 35.84 1.0087 0.0195
GB09-3-E22 614.80 35.94 1.3954 0.0186
GB09-3-E24 616.40 36.02 1.1621 0.0181
GBO09-3-E26 618.00 36.11 1.0734 0.0232
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Depth Age (kyr Mg/Ca Sr/Ca
Sample ID (mm) BP) (mmol/mol) (mmol/mol*1000)

GBO09-3-E28 619.60 36.19 1.3679 0.0207
GBO09-3-E30 621.20 36.27 2.0046 0.0185
GB09-3-E32 622.80 36.35 1.7324 0.0183
GB09-3-E34 624.40 36.43 1.7354 0.0194
GB09-3-E36 626.00 36.51 1.4108 0.0169
GB09-3-E38 627.60 36.60 1.5491 0.0215
GBO09-3-E40 629.20 36.69 1.8096 0.0187
GB09-3-E42 630.80 36.78 1.3631 0.0213
GB09-3-E44 632.40 36.85 1.0531 0.0199
GB09-3-E46 634.00 36.93 1.2773 0.0203
GB09-3-E48 635.60 36.99 1.2132 0.0174
GB09-3-E50 637.20 37.06 1.3729 0.0178
GB09-3-E52 638.80 37.12 1.9568 0.0212
GB09-3-E54 640.40 37.18 1.5017 0.0169
GB09-3-E56 642.00 37.24 1.1946 0.0200
GB09-3-E58 643.60 37.30 1.4113 0.0196
GB09-3-E60 645.20 37.36 1.7198 0.0207
GB09-3-E62 646.80 37.42 1.8527 0.0184
GB09-3-E64 648.40 37.48 1.2475 0.0173
GB09-3-E66 650.00 37.54 1.4487 0.0167
GB09-3-E68 651.60 37.61 1.5209 0.0172
GB09-3-E70 653.20 37.67 1.6155 0.0183
GB09-3-E72 654.80 37.74 1.4494 0.0217
GB09-3-E74 656.40 37.81 1.9025 0.0204
GB09-3-E76 658.00 37.90 2.1537 0.0183
GB09-3-E78 659.60 38.00 1.1687 0.0174
GBO09-3-E80 661.20 38.10 1.3964 0.0189
GB09-3-E82 662.80 38.20 1.5015 0.0201
GB09-3-E84 664.40 38.29 1.4754 0.0192
GB09-3-E86 666.00 38.38 1.2278 0.0157
GB09-3-E88 667.60 38.47 1.4572 0.0141
GB09-3-E90 669.20 38.56 1.5293 0.0145
GB09-3-E92 670.80 38.65 1.6947 0.0208
GB09-3-E94 672.40 38.73 1.8042 0.0159
GB09-3-E96 674.00 38.82 1.5214 0.0185
GB09-3-E98 675.60 38.91 1.0327 0.0183
GB09-3-E100 677.20 39.00 1.2947 0.0222
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Depth Age (kyr Mg/Ca Sr/Ca
Sample ID (mm) BP) (mmol/mol) (mmol/mol*1000)

GB09-3-E102 678.80 39.08 1.0430 0.0175
GB09-3-E104 680.40 39.17 1.5773 0.0202
GB09-3-E106 682.00 39.26 1.6083 0.0173
GB09-3-E108 683.60 39.35 1.5874 0.0136
GBO09-3-E110 685.20 39.43 1.7981 0.0115
GB09-3-E112 686.80 39.53 1.5277 0.0141
GB09-3-E114 688.40 39.62 1.7416 0.0126
GB09-3-El116 690.00 39.72 1.1230 0.0113
GB09-3-E118 691.60 39.82 1.3398 0.0145
GB09-3-E119 692.40 39.87 1.8505 0.0196
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